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The geochemical compositions of minerals in paleosols are assumed to be homogenous
and attained through chemical weathering processes during episodes of pedogenesis in the
geologic past. As such, the geochemical composition of minerals from paleosols may be used to
reconstruct ancient climates and environments. One problem with this assumption is that
paleosols were initially clastic sedimentary rocks or substrate prior to pedogenesis, thus it is
likely that some portion of the paleosol is still composed of detrital minerals. Secondly,
conditions may change in a sedimentary basin as the basin is buried and later uplifted, potentially
triggering new mineralization or transformation of preexisting minerals in a paleosol.
This dissertation investigates the genesis of minerals in underclays from Pennsylvanianstrata preserved in the Illinois Basin, which are interpreted to be paleosols. X-ray diffraction
analyses of phyllosilicates from paleosol matrices find that mixed-layer illite-smectite is
abundant, contains R1 stacking orders, and >60% illite in illite-smectite. These data suggest that
phyllosilicates in Illinois Basin have been subject to illitization, which may have occurred during
pedogenesis, acid leaching from overlying coal seams, burial diagenesis, or any combination of
these. Additional analysis of X-ray patterns finds evidence for 1M, 1Md, and 2M1 illite polytypes.
Paleosol clay-sized fractions possess K-Ar age values around 290‒260 Ma, which act as
weighted averages of combined authigenic and detrital illite in the sample. Illite polytype and Kvi

Ar age values demonstrate the presence of detrital and diagenetic components in the paleosols.
Mineral precipitation temperatures derived from the elemental chemistry and stable oxygen and
hydrogen isotopic composition of phyllosilicates and Δ47 values from calcites exceed 35°C.
These temperatures are warmer than hypothesized paleoclimate conditions for this low latitude,
low altitude locality in the Pennsylvanian. The impacts of igneous intrusions, hydrothermal fluid
flow, protracted burial, and groundwater on the mineralogy and geochemistry of paleosol
minerals in the Illinois Basin are considered herein but remain unresolved.
Collectively, the results presented in this dissertation help to determine the possible
contribution of detrital input and pedogenic and diagenetic processes to the geochemical
signatures of mineral assemblages in paleosols, providing insights into the general utility of
minerals from paleosols for paleoenvironmental and basin evolution reconstructions.
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This work is dedicated to my father, the original rock doctor.

CHAPTER 1
INTRODUCTION
Soil formation depends on the interactions between a sediment or rock on stable
landscape and regional atmospheric, hydrologic, and biologic conditions (Jenny, 1941; Huggett,
1998). Sedimentary rocks that have morphological characteristics similar to those of modern
soils are interpreted to represent fossilized soils, or paleosols (Retallack, 1988; Kraus, 1999;
Tabor and Myers, 2015; Tabor et al., 2017; Beverly et al., 2018). Considering the open system
conditions in which soils form with their environment, the geochemical composition of minerals
preserved within paleosols have been used as proxies to reconstruct ancient climates and
environments (see summaries in Sheldon and Tabor, 2009; Tabor and Myers, 2015; Beverly et
al., 2018). However, a pure pedogenic geochemical signature from a paleosol mineral
assemblage may be distorted if a paleosol also contains detrital and/or diagenetically formed
minerals (Figure 1).
Detrital minerals from the parent material, or inherited from other depositional
environments, may be incorporated into a soil (Figure 1). Inherited minerals such as quartz,
muscovite, illite, smectite, kaolinite, etc. may be resistant to chemical weathering during
pedogenesis, such that detrital minerals may remain in the subsequent paleosol (e.g., Singer et
al., 1994; Nordt and Driese, 2010; Figure 1). Detrital minerals have also been recognized in
cumulative paleosols, due to continued deposition during and after pedogenesis (Sheldon et al.,
2002) and immature paleosols, i.e., Protosols (Southard and Miller, 1966). Therefore, certain
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minerals and paleosol types correlated to high abundances of detritus have been avoided if a
study seeks to reconstruct ancient environments and climates.

Figure 1 Model of soil and paleosol formation. Time 1) Unmodified sedimentary substrate.
Time 2) soil formation, or pedogenesis. Time 3) paleosol formation and burial diagenesis.
Possible generations of phyllosilicates are noted by dashes in different colors, detrital=brown,
pedogenic=yellow, and diagenetic =blue. Possible generations of calcites are noted by plus signs
in different colors, pedogenic=black and diagenetic=blue.
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Paleosols are preserved in the geologic record usually by burial in a sedimentary basin,
during which they can be subject to diagenetic alteration (Figure 1). Diagenetic alteration of a
paleosol has been traditionally interpreted following recognition of sparry calcite, textures of
carbonates nodules, and/or dolomite replacement (e.g., Sheldon and Tabor, 2009; Michel et al.,
2016), altered paleosol colors due to cementation or decomposition of organic matter (Retallack,
2019), major element chemistry of matrices, specifically K+ content (e.g., Fedo et al., 1995;
Driese et al., 2007), and the presence of authigenic feldspar, biotite mica, and chlorite (Babechuk
and Kamber, 2013). However, cross referencing macromorphologic and micromorphologic
features with mineralogy is sometimes insufficient to detect detrital abundances and diagenetic
transformation in paleosols.
This dissertation serves to improve recognition and differentiation between generations of
the same minerals within paleosols (Figure 1) to ensure that what is being measured in a mineral
assemblage from a paleosol was attained during pedogenesis in the geologic past. This
dissertation explores two mineral systems common in paleosols including clay minerals and
carbonates, which will be used to assess the conditions in which paleosols formed and potentially
transformed, by identifying detrital, pedogenic, and diagenetic mineral phases.
Clay minerals, as defined by Bailey (1980), are phyllosilicates, or layer type, mineral
group, which are most often chemically composed of hydrous aluminosilicates with varying
degrees of additional alkali, alkaline earth, and other elements (Brindley and Brown, 1982).
Bailey (1980) further classified phyllosilicates into two subgroups, 2:1 and 1:1, per their ratio of
tetrahedral to octahedral sheets, respectively. These are also sorted into mineral groups, with
defined layer charges, which may contain species with dioctahedral and/or trioctahedral structure
(Bailey, 1980; Brindley and Brown, 1982). Much of this dissertation involves the identification
16

and characterization of a phyllosilicate compositional series which includes end member
smectite and illite with illite-smectite (I-S) in an intermediate stage.
I-S is a mixed-layered phase which means that a particular crystal may contain variable
abundances of interlayered smectite and illite layers, or topotactically stacked sheets, to make a
layered structure. This indicates that I-S crystal has a range in possible chemical compositions
(Moore and Reynolds, 1997). I-S may be a detrital component of a sedimentary rock. I-S may
form during burial diagenesis (Burst, 1957, 1969; Perry and Hower, 1970, 1972; Hower et al.,
1976; Boles and Franks, 1979) by way of recrystallization (Inoue et al., 1987) or solid-state
transformation (Altaner and Ylagan, 1997). I-S may also form in near surface weathering
environments, including pedogenic environments, with distinct wet (reducing) and dry
(oxidizing) cycles (Eberl et al., 1986; Deconinck et al., 1988; Huggett and Cuadros, 2005;
Rosenau et al., 2013a). Since I-S in a paleosol is not necessarily homogeneous in origin,
identification of I-S is not diagnostic of formation conditions.
Pedogenic carbonates, typically manifested as calcite, are a type of soil inorganic carbon
that form first from the dissolution of carbonate rocks, biogenic carbonate, or previously formed
pedogenic carbonates, followed by re-precipitation in various morphologies (Zamanian et al.,
2016). Accumulation of pedogenic calcites occurs in environments where precipitation is less
than <500 mm (Retallack, 2005) and therefore are biased towards formation in arid modern and
paleoenvironments. Calcites in paleosols subject to diagenesis may undergo recrystallization
(e.g., Mora et al., 1998) or solid-state transformation, e.g., bond reordering (Quade et al., 2013a).
The Illinois Basin was chosen as a study area for this dissertation because of its shallow,
Pennsylvanian-aged, cyclothemic strata that contain abundant underclays (Weller, 1930, 1931;
Wanless, 1931; Wanless and Weller, 1932). Underclays are hackly and argillaceous, lack
17

bedding, contain rooting structures, and morphologic structure and horizonation akin to modern
soils (Worthen, 1866; Grim and Allen, 1938), and are interpreted to represent paleosols (Grim
and Allen, 1938; Schultz, 1958; Huddle and Patterson, 1961; Parham, 1963; Rimmer and Eberl,
1982; Rosenau et al., 2013a, 2013b; McIntosh, 2018). Since the goal of this work is recognizing
detrital, pedogenic, and diagenetic mineral phases in paleosols, the Illinois Basin is an ideal
locality because there is evidence for morphological and geochemical preservation of
Pennsylvanian paleoclimate information in paleosols (Rosenau et al., 2013a, 2013b; Montañez et
al., 2016) and evidence for advanced thermal processes triggered after the Pennsylvanian (e.g.,
Plumlee et al., 1995; Rowan et al., 2002).
This work is organized into three papers, each a separate chapter, which seek to build on
the mineralogical and geochemical analyses of minerals from Illinois Basin Pennsylvanianpaleosols. These are followed by appendices of supplementary material from the Illinois Basin
(Appendix A) and as unpublished work on paleosol characterization and clay mineralogical
analyses from varying Permian-Triassic localities around the earth (Appendices B‒D). Each
chapter will be summarized in the following paragraphs.
1.1 Paper I (Chapter 2): Mixed-layer illite-smectite in Pennsylvanian-aged paleosols:
assessing sources of illitization in the Illinois Basin
Paper I presents the clay mineralogy of paleosol matrices (n = 64) taken from four cores in
the Illinois Basin. This paper discusses the evidence for illitization in Illinois Basin paleosols,
including a discussion of the basin’s burial and thermal history to explain the possible
mechanisms for which illitization may have been triggered. This paper was published in
Minerals (v. 11, n. 2) with co-authors Neil J. Tabor and Nicholas A. Rosenau in 2021.
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1.2 Paper II (Chapter 3): Investigating detrital and diagenetic origins of illitic minerals in
Illinois Basin paleosols using K-Ar
Paper II presents the clay mineralogy, illite polytypes, and K-Ar age values of six illitic
mineral samples taken from three cores in the Illinois Basin. This paper provides insights on the
relative abundances of detrital and diagenetic illite, and the likely sources of those portions, in
Illinois Basin paleosols. This paper will be submitted to Clays and Clay Minerals with coauthors W. Crawford Elliott, J. Marion Wampler, and Neil J. Tabor.
1.3 Paper III (Chapter 4): Examining pedogenic and diagenetic formation of minerals in
shallowly buried paleosols of the Illinois Basin using stable isotope geochemistry
Paper III presents the clay mineralogy, chemistry, hydrogen and oxygen isotope
compositions of 18 phyllosilicate samples, and Δ47 values from 41 calcite nodules from
Pennsylvanian-age paleosol profiles taken from seven cores in the Illinois Basin. This paper
provides information on the influence of pedogenic and diagenetic process on the geochemistry
of minerals in Illinois Basin paleosols. This paper will be submitted to Geochimica et
Cosmochimica Acta with co-authors Neil J. Tabor, Isabel P. Montañez, Aradhna E. Tripati, Jesse
Bateman, Rob Eagle, and Andrew V. Mott.
1.4 Other work
In Appendix AVIX, silicon isotope values from 4 phyllosilicate samples collected from
Illinois Basin paleosols are presented. These are not discussed in the main text of this dissertation
but were collected at the University of California at Santa Barbara from the collaboration with
Drs. Janice Jones and Mark Brzezinski.
The remaining three appendices of this dissertation contain stratigraphic, sedimentologic,
paleosol macromorphologic, and mineralogic data sets from Permian through Triassic aged soil
forming systems. Locations include the Central Transantarctic Mountains of Antarctica
19

(Appendix B), the Denver-Julesburg (Front Range) and Eagle Basins of Colorado (Appendix C),
and the Luangwa Basin of Zambia (Appendix D).
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CHAPTER 2
Paper I: MIXED-LAYER ILLITE-SMECTITE IN PENNSYLVANIAN-AGED PALEOSOLS:
ASSESSING SOURCES OF ILLITIZATION IN THE ILLINOIS BASIN
2.1 Abstract
Mixed-layer illite-smectite (I-S) from a new set of Pennsylvanian-aged Illinois Basin
underclays, identified as paleosols, are investigated to assess the impact of (1) regional
diagenesis across the basin and (2) the extent to which ancient environments promoted
illitization during episodes of soil formation. Interpretations from stacking order and Δ° 2θ
metrics applied to X-ray diffraction patterns suggest that most I-S in Illinois Basin paleosols are
likely the product of burial diagenetic processes and not ancient soil formation processes. Acid
leaching from abundant coal units and hydrothermal brines are likely diagenetic mechanisms that
may have impacted I-S in Pennsylvanian paleosols. These findings also suggest that shallowly
buried basins (<3 km) such as the Illinois Basin may still promote clay mineral alteration through
illitization pathways if maximum burial occurred in the deep past and remained within the
diagenetic window for extended periods of time. More importantly, since many pedogenic I-S
may have been geochemically reset during illitization, sources of diagenetic alteration in the
Illinois Basin should be better understood if Pennsylvanian paleosol minerals are to be utilized
for paleoclimate reconstructions.
2.2 Introduction
Mixed-layered, interstratified, or interlayed clay minerals possess two or more layer types
or mineral components that are vertically stacked along the direction perpendicular to (001)
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(Reynolds, 1980; Moore and Reynolds, 1997). Mixed-layer clay minerals likely represent
intermediate products of reactions involving discrete, end-member clay minerals and may be 2:1
or 1:1 and di- or trioctahedral (Środoń, 1999; Velde and Meunier, 2008). Although there are
many clay mineral transformations (MacEwan and Ruiz-Amíl, 1975), smectite to illite (e.g.,
Weaver, 1956; Hower et al., 1976), smectite to chlorite (e.g., Sudo, 1954; Bettison-Varga and
Mackinnon, 1997), serpentine/chlorite to chlorite (e.g., Reynolds et al., 1992; Hillier, 1994), and
smectite to glauconite (e.g., Thompson and Hower, 1975; Buatier et al., 1993) are attributed to
occur during low-temperature (≥50 °C) early diagenesis. The most ubiquitous evidence of these
reactions in sedimentary basins is mixed-layered illite-smectite (I-S; Weaver, 1956; Reynolds,
1980; Środoń, 1999; Merriman, 2005) and may be used to assess maximum burial and a basin’s
thermal evolution.
This was demonstrated in studies of pelitic sediments from the U.S. Gulf of Mexico
region, which recognized patterns of diagenesis in offshore wells by observing decreasing
abundances of potassium-feldspar and smectite and increasing abundances of I-S and discrete
illite with increasing burial depth (Weaver, 1956; Burst, 1957, 1969; Powers, 1967; Perry and
Hower, 1970, 1972; Hower et al., 1976; Boles and Franks, 1979). This pattern was attributed to
high temperatures, ≥100 °C (Foscolos et al., 1976; Powell et al., 1978; Hoffman and Hower,
1979), and pressures experienced during deep burial (>3 km) diagenesis, i.e., mesogenesis
(Morad et al., 2000), with available K+ sourced from the dissolution of K-feldspars and/or micas
(Środoń and Eberl, 1984), a process defined as illitization. Smectite illitization is characterized
by the collapse of the smectite 2:1 expansible interlayer into a 12-fold coordination of basal
tetrahedral oxygen anions around a K+ interlayer cation as other, exchangeable, hydrated cations
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(e.g., Mg2+, Ca2+, Na+) are expelled from the interlayer to form illite (Figure 2; Inoue et al.,
1987).
Although illitization was initially recognized as occurring during deep-burial diagenesis,
hereafter referred to as “diagenesis/diagenetic illitization,” similar sorts of mineralogical
transformations also were subsequently found to occur during low-temperature, shallow-burial,
or soil formation, i.e., eogenesis, hereafter referred to as “pedogenesis/pedogenic illitization”
(Hower et al., 1976; Eberl et al., 1986; Środoń, 1999; Morad et al., 2000). During pedogenesis,
illitization is due to fluctuating climatic conditions, characterized by distinct wetting and drying
cycles (Eberl et al., 1986). This alteration primarily occurs in seasonal climates where redox
conditions fluctuate between Fe(II) and Fe(III) valence states, wherein reduction of Fe(II)
dominates during wet phases and oxidation of Fe(III) dominates during dry phases (Figure 2b–d)
(Robinson and Wright, 1987; Deconinck et al., 1988; Berkgaut et al., 1994; Righi et al., 1995;
Gilg et al., 2003; Huggett and Cuadros, 2005).
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Figure 2 Model of the stages of smectite illitization. (a) A cross-sectional view of an expandable
2:1 phyllosilicate at the onset of illitization. Hydrous phyllosilicates, i.e., smectite, readily
exchange aqueous cations such as Ca2+, Mg2+, Na+, and K+, all in six-fold coordination with
water molecules, in the interlayer space at this stage. Due to dehydration and replacement of Si4+
by Al3+ in the tetrahedral sheet, K+ becomes the preferred interlayer cation to balance the change
in layer charge. Note that smectite has a layer spacing of 15–18 Å. (b) Illitization progresses
during continued K+ fixation to the surface of tetrahedral sheet in the interlayer space while
exchangeable hydrous cations, Ca2+, Mg2+, and Na+ are expelled from the interlayer. This
intermediate stage between discrete smectite and discrete illite is called interstratified or mixedlayer illite-smectite (I-S). Note that the interlayer space begins to decrease, leading to a layer
spacing for I-S of 10–15 Å. (c) As illitization is completed, there is a full conversion from
24

smectite to the non-hydrous, 2:1 species illite. Illite is characterized by a total collapse of the
interlayer space and removal of cations except for K+. Note that illite has a layer spacing of 10 Å.
(d) A map view of the illite tetrahedral sheet, equivalent to the final stage of illitization as
expressed in part C. K+ is the interlayer cation now in 12-fold coordination with oxygen anions
that are part of the silicate tetrads. Note that the apical oxygens of the tetrads are pointing into
the page, through the field of view, and the basal surface of the tetrad is represented by the 2-D
viewing surface.

X-ray diffraction (XRD) has been used to study illitization, by studying I-S. These
studies have found that the proportion of smectite in I-S superstructures is greater if the XRD
peak at the I-S (001/002) position is closer to the discrete smectite peak, around 15 Å (5.2° 2θ
Cu-Kα radiation). Furthermore, as illitization progresses, the illite (001)/smectite (002) peak
migrates toward higher ° 2θ values (Hoffman and Hower, 1979). There are two primary XRD
pattern analyses that have been proposed as a means of distinguishing between diagenetic and
pedogenic I-S: stacking order and % illite in I-S, derived from Δ° 2θ measurements. If a sample
contains a stacking order of R0 and 0–60% illite in I-S, the clay is likely the product of
pedogenic illitization, promoted through wetting and drying in seasonal climates (see Figure 2
for illitization and I-S schematic; Eberl et al., 1986). If a sample contains a stacking order of R1
or R3 and >60% illite in I-S, the clay is considered to likely result only from non-pedogenic
illitization or diagenetic overprinting of pedogenic illitization during deep burial diagenesis
(mesogenesis; Morad et al., 2000) or hydrothermal alteration (Hower et al., 1976; Eberl et al.,
1986; Altaner and Bethke, 1988; Moore and Reynolds, 1997). In sum, both the stacking order
and % illite in I-S XRD-based proxies may provide genetic origin information for I-S identified
in argillaceous rocks.
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The Illinois Basin (IB) is known for its characteristic Pennsylvanian cyclothemic
stratigraphy (Weller, 1930), which notably contains underclays, identified as fossil soils,
hereafter referred to as paleosols, that formed at a tropical paleolatitude (0° ± 5°; Figure 3;
Domeier et al., 2012). Attention has been given to IB paleosols following other Pennsylvanianaged studies, which suggest a shift toward a drier, seasonal climate from the middle to upper
Pennsylvanian, defined as the Desmoinesian–Missourian (Moscovian–Kasimovian; Figure 3) in
the tropics. Evidence to support aridification in the IB at this time includes floral (Phillips et al.,
1974; Pfefferkorn et al., 2008; Cecil et al., 2014) and faunal shifts (e.g., Sahney et al., 2010),
increased vertic and calcic paleosol features (Rosenau et al., 2013a,b), and increased
paleotemperatures derived from pedogenic mineral proxies (Rosenau and Tabor, 2013).
However, Rosenau and Tabor (2013) note that some IB paleosol phyllosilicate samples show
signs of diagenetic overprinting along the western margin and deep interior of the basin, because
geochemical compositions of those minerals correspond to crystallization temperatures ranging
from 44 − 55 ± 3 °C, which is abnormally high to represent typical soil temperatures (e.g.,
Berrisford et al., 2011). However, there are little data to provide sufficient insights into the
effects of possible diagenesis on non-coal bearing Pennsylvanian-aged strata, specifically
paleosols, across the entire basin. Therefore, before continuing with further geochemical, proxybased research on Pennsylvanian paleoclimate, a rigorous assessment of the impact of diagenesis
on IB paleosols should be addressed on a basin-wide scale.
This study attempts to identify mixed-layer illite-smectite within the clay-size fractions of
the IB paleosol profiles to differentiate between pedogenic, or authigenic products of soil
weathering, and diagenetic, or authigenic products of post-pedogenic alteration. This is achieved
by XRD determination of stacking order and Δ° 2θ illitization values and consideration of the
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impact of possible diagenetic mechanisms in the IB, which may inform the significance and
meaning of the paleosol mineral fraction for the purposes of paleoclimatic and diagenetic
reconstruction of the Pennsylvanian strata of the IB.

Figure 3 (a) Stratigraphic position of cores and paleosols identified in the Illinois Basin (IB) for
this study. The cores include the Illinois State Geological Survey (ISGS) #1 City of Charleston
(CHA), ISGS-Archer-Daniels-Midland, Borehole MMV-04B (ADM), the Materials Service
Corps #F-72-8 (VERM), and the American Coal Company Borehole 7510-20 (HAM). P(#)
notation indicates the paleosol identification number collected from the corresponding core, as
well as its relative stratigraphic position (see Table 1). P(#)s denoted in black are depicted in
Figure 3c. TD = total depth of the core from the surface, in meters. The Chapel Coal (dashed
horizontal line) is delineated for reference. IUGS = nomenclature for geologic time terms
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reported by the International Union of Geological Sciences. North Am. = nomenclature for
geologic time terms utilized in North America. (b) Map of the IB showing geographic locations
of cores sampled for this study. Core locations represented by colored circles are the focus of
methods, results, and discussion for this work. Core locations represented by colored triangles
are sites studied in Rosenau et al. (2013a) that have complementary Δ° 2θ data incorporated into
the discussion of this work (data on stacking order from the Lone Star Cement Company #TH-1
(LSC) and Monterey Coal Company Mac 1 #CBM4 (MAC) cores and are not included in this
paper). Map modified after Rosenau et al. (2013a). Paleolatitudinal information from Domeier et
al. (2012). Mineral districts and Reelfoot-Rift-Rough Creek Graben depiction modelled after
Rowan et al. (2002). (c) Core photos with horizon identifiers based on modern soil classification
of soil horizons applied to paleosols (Soil Survey Staff, 1999; Mack et al., 1993). All core boxes
are 2 feet or ~0.6 m long. Paleosols are named after the IB pedotype scheme developed by
Rosenau et al. (2013a). (i) Paleosol 4 from the VERM core classified as a gleyed calcic Vertisol
due to the presence of wedge shaped peds, slickensides, calcite nodules, mottling, and Fe- and/or
Mn- oxide minerals (in order of descending importance). (ii) Paleosol 5 from the CHA core,
classified as a gleyed vertic Calcisol due to the presence of pedogenic calcites, wedge shaped
peds, slickensides, and drab matrix colors. Paleosol characteristics are not discussed further in
this paper, see McIntosh (2018) for corresponding classifications for this sample set.

2.3 Materials and Methods
2.3.1 Sampling
Bulk paleosol matrix samples (n =140) were collected from four cores in the IB (Figure
3). Cores include Illinois State Geological Survey (ISGS) #1 City of Charleston (CHA), ISGSArcher-Daniels-Midland, Borehole MMV-04B (ADM), the Materials Service Corps #F-72-8
(VERM), and the American Coal Company Borehole 7510-20 (HAM). All cores were previously
logged using sedimentological and stratigraphic frameworks employed by ISGS geologists that
provides basin-wide correlations with other cores. Once paleosol profiles were identified and
divided into horizons (sensu Soil Survey Staff, 1999), matrix samples were taken in 10–20 cm
intervals. Paleosols were classified based on the Mack et al. (1993) paleosol classification
scheme. Note paleosol identifications are listed for reference in Table 1 but will not be discussed
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in detail here (Figure 2c; see McIntosh, 2018, for more information on paleosol classification
associated with this samples set). Coals, also classified as Histosols (sensu Mack et al., 1993),
were not sampled for this study, but their stratigraphic position was noted. Furthermore, the
Shelburn Formation (Fm.) in the VERM core was removed from the ISGS Core Repository and
therefore could not be sampled for this study. Once samples were identified, cores were
correlated using laterally extensive overlying coal and limestone units, or members, to evaluate
lateral differences in penecontemporaneous rock units near the Desmoinesian–Missourian
Boundary (Figure 3).

Paleosol
(P)#

Sample
ID

1
2
3
3
3
4
4
4
5
5
1
FC

d

2
2
2
3
4
4
4
5

6
18
25
22
21
32
29
27
35
33

Table 1 Paper I: Paleosol sample information
North
Formation
Paleosol Type (Pedotype)
a
American
Series
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian

2 Missourian
6 Missourian
15
12
7
22
31
26
23
41

Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian

ADM
Bond
Bond
Bond
Bond
Bond
Patoka
Patoka
Patoka
Patoka
Patoka
VERM
Bond
Bond
Bond
Bond
Bond
Patoka
Patoka
Patoka
Patoka
Patoka
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Depth
in Core
(m)

calcic Vertisol (G)
calcic Vertisol (G)
gleyed vertic Calcisol (E)
gleyed vertic Calcisol (E)
gleyed vertic Calcisol (E)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed Vertisol (C)
gleyed Vertisol (C)

71.6
79.7
95.2
96.4
96.7
112.7
113.3
113.9
129.8
130.2

gleyed calcic Vertisol (D)
N/A

30.1
34.9

gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
calcic Vertisol (G)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)

35.2
35.9
37.1
42
48.4
50.2
52.9
57.2

5
5
6
6
6

35
33
51
49
46

Missourian
Missourian
Desmoinesian
Desmoinesian
Desmoinesian

1
1
3
4
4
6
7
10
12
13
13
14
14

4
2
7
11
9
16
19
27
33
38
36
43
40

Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian

1
2
3
4
5
6
7
8
8
9
10
11
11
12
13
13
13
14
15
16
16

3
7
10
17
21
26
30
40
37
45
49
55
51
57
64
62
60
73
82
86
83

Virgilian
Virgilian
Virgilian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Missourian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian
Desmoinesian

Patoka
Patoka
Carbondale
Carbondale
Carbondale
HAM
Bond
Bond
Bond
Patoka
Patoka
Patoka
Shelburn
Shelburn
Shelburn
Carbondale
Carbondale
Carbondale
Carbondale
CHA
Mattoon
Mattoon
Mattoon
Mattoon
Mattoon
Bond
Bond
Bond
Bond
Bond
Bond
Patoka
Patoka
Patoka
Patoka
Patoka
Patoka
Shelburn
Shelburn
Shelburn
Shelburn
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gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)

60.8
61.4
96.7
97.2
97.8

gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed Protosol (B)
gleyed Vertisol (C)
gleyed Vertisol (C)
gleyed Protosol (B)
gleyed Protosol (B)
gleyed Protosol (B)
gleyed Vertisol (C)
gleyed Protosol (B)
gleyed Protosol (B)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)

20.2
20.5
41.6
73
73.6
138.1
171.9
196
202.2
220.1
220.4
244.7
245.7

gleyed calcic Vertisol (D)
calcic Vertisol (G)
gleyed Vertisol (C)
gleyed Protosol (B)
gleyed vertic Calcisol (E)
gleyed calcic Vertisol (D)
gleyed Protosol (B)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed Protosol (B)
gleyed vertic Calcisol (E)
gleyed Vertisol (C)
gleyed Vertisol (C)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed calcic Vertisol (D)
gleyed Vertisol (C)
gleyed Protosol (B)
gleyed Vertisol (C)
gleyed Vertisol (C)

60
70.2
80.6
147.8
158.7
160.6
171.8
203.1
204.1
214.5
215.3
224.9
225.6
237.5
258.6
259.2
259.8
264.4
271.5
295.2
295.9

17a
98 Desmoinesian Carbondale gleyed calcic Vertisol (D)
326.1
17b
93 Desmoinesian Carbondale gleyed Vertisol (C)
327.5
17b
90 Desmoinesian Carbondale gleyed Vertisol (C)
328.4
18
100 Desmoinesian Carbondale gleyed Vertisol (C)
334.5
19
102 Desmoinesian Carbondale gleyed calcic Vertisol (D)
336.7
a
For more details on Pennsylvanian-aged Illinois Basin pedotype scheme see Rosenau et
al. (2013a).

2.3.2 X-ray diffraction analyses
Sixty-four bulk matrix samples were individually suspended in deionized water and
disaggregated by aqueous ultrasonic agitation. Samples were isolated to the <2.0 μm equivalent
spherical diameter size fraction by centrifugation (Jackson, 2005). Sixteen of these 64 samples
were subject to further centrifugation to isolate the <0.2 μm equivalent spherical diameter clay
fraction, which may contain primarily authigenic clay minerals. The <2.0 and <0.2 μm fractions
were suspended in DI water and prepared as oriented aggregates on filter membrane peels and
transferred to cleaned glass slides (Kinter and Diamond, 1956). Samples were subject to ethylene
glycol (EG) solvation at 60 °C for 8 hours, enhancing peak intensity of mixed-layer clay
minerals that otherwise could be indistinguishable from background or interference with
neighboring peaks (Brindley, 1966; Moore and Reynolds, 1997; Mosser-Ruck et al., 2005). Stepscan analyses of the samples were performed using a Rigaku Ultima III X-ray Diffractometer at
Southern Methodist University with Cu-Kα radiation over a range of 2 to 30° 2θ, and a step scan
size of 0.04° 2θ per 1 second.
2.3.3 Stacking order
Stacking order was developed to identify ordered versus randomly ordered clay minerals
(Jadgozinski, 1949). Ordering in this particular mineralogical sense is dependent on the number
of interactions between neighboring layers in a clay mineral and whether they show a pattern that
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permits X-ray data to predict a repetitive relationship(s), or interaction, of crystallographic form
across the d00l axis (Reynolds, 1980). Randomly ordered interstratifications (R0) show no
interaction between layers. Based upon observation, ordered interstratifications are ordered by
nearest-neighbor (R1) interlayers and thrice nearest neighbors (R3). The identifiable difference
between R1 and R3 ordering is the amount of illite in the sample, which tends to increase with
increasing ordering value (i.e., R3 ordered I-S has more % illite in mixed-layer illite-smectite
than R1 ordered I-S or R0 randomly ordered I-S (Środoń and Eberl, 1984; Altaner and Bethke,
1988; Moore and Reynolds, 1997). Ordering can be identified by examining X-ray diffraction
patterns, generated by Cu-Kα radiation, between 5 and 9° 2θ. If there is an X-ray diffraction
pattern from 2:1 phyllosilicate mineral with a peak closer to 5° 2θ, the mineral in the sample
likely is randomly interstratified I-S. If a similar sample exhibits an XRD pattern with a peak
closer to 9° 2θ, the sample is considered to be ordered and there is a predictable, repeating, longrange pattern of layering of illite-type and smectite-type layers in the sample. The intensity of a
peak is higher for R3 ordered minerals due to overall greater crystallinity and long-range order,
than R1 ordered minerals. It should be noted that when identifying peaks from an XRD pattern,
an error of ± 0.02–0.08° 2θ should be expected (Środoń, 1980).
2.3.4 Δ° 2θ
X-ray diffraction Δ° 2θ measurement of phyllosilicate minerals is used to identify
interstratified clay mineral thicknesses of samples solvated by EG (Środoń, 1980). The following
equation is used to estimate the Δ° 2θ value of EG pretreated, mixed-layer illite-smectite
samples:
Eq. 1

Δ° 2θ = [illite (002)/smectite (003)] − [illite (001)/smectite (002)]
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where illite (002)/smectite (003) represents the XRD pattern peak position of the composite
interstratified I-S (002) phase of illite and (003) phase of smectite, respectively; both of which
occur near 16° 2θ (using Cu-Kα radiation). Illite (001)-smectite (002) represents the XRD
pattern peak position of the composite interstratified I-S (001) phase of illite and the (002) phase
of smectite, respectively; both of which occur near 9° 2θ (using Cu-Kα radiation). As mentioned,
peak positions in an XRD pattern have an error of ± 0.02–0.08° 2θ, which contributes to a
variable uncertainty of the reported Δ° 2θ value (Środoń, 1980). This Δ° 2θ EG solvation method
allows for the requisite sensitivity of XRD peak positions that is necessary in order to assess
compositional changes between illite-smectite superstructure minerals. This reflects the fact that
the Δ° 2θ EG solvation methods cause all X-ray diffraction peaks to be displaced in the same
direction, thus not impacting the measured Δ° 2θ value (Moore and Reynolds, 1997). Ultimately,
the calculated Δ° 2θ data can be used to estimate the percent illite in I-S (Moore and Reynolds,
1997).
2.4 Results
Sixty-four samples were chosen for isolation of the <2.0 μm fraction prior to XRD
analysis from among the 140 samples collected from VERM, ADM, CHA, and HAM (Figure 3)
paleosol profiles in order to better understand trends in I-S interlayering across the IB. Of those
64 samples selected, eight samples were removed from further analysis because they lacked a
sufficient clay-sized fraction of materials for analysis, leaving 56 total samples (Table 2). Of
those 56, 3 samples exhibited no XRD detectable I-S, leaving a total of 53 samples for an
assessment of I-S of the <2.0 μm fraction from amongst the four cores from the IB (Table 2).
Sixteen samples were chosen for isolation of the <0.2 μm fraction prior to XRD analysis. Of
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those 16, three samples exhibited no XRD detectable I-S, leaving a total of 13 samples for
assessment of the <0.2 μm fraction from amongst the four cores in the IB (Table 3).
Table 2 Analyses of XRD patterns of <2.0μm of clay-sized fractions
Paleosol Sample I-S
I-S
Δ° 2θ b % illite Stacking
(P)#
ID
(002/003) (001/002)
in I-S
order (R=)
a
a
(° 2θ)
(° 2θ)
(± 3%)

1
2
3
3
3
4
4
4
5
5

6
18
25
22
21
32
29
27
35
33

16.72
16.32
16.04
16.6
16.84
16.9
16.68
16.84
16.64
16.92

1
FC c

2
6

16.76
N/A

2
2
2
3
4
4
4
5
5
5
6
6
6

15
12
7
22
31
26
23
41
35
33
51
49
46

16.6
16.8
17.04
16.72
N/A
17.04
16.92
17.04
17.08
17
16.8
16.72
17.12

1
1
3

4
2
7

16.88
16.8
N/A

ADM
9.56
9.64
9.84
9.48
9.52
9.3
9.36
9.56
10.04
9.8
VERM
9.32
N/A
9.4
9.53
9.44
9.56
N/A
9.56
9.52
9.48
9.12
9.44
9.4
9.56
9.56
HAM
9.48
9.32
N/A
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7.16
6.68
6.2
7.12
7.32
7.6
7.32
7.28
6.6
7.12

63%
53%
42%
63%
68%
74%
68%
67%
52%
63%

1
0
0
1
1
1
1
1
1
1

7.44
N/A

71%
N/A

1
N/A d

7.2
7.27
7.6
7.16
N/A
7.48
7.4
7.56
7.96
7.56
7.4
7.16
7.56

65%
67%
74%
64%
N/A
72%
70%
74%
80%
74%
70%
64%
74%

1
1
1
1
N/A
1
1
1
1
1
1
1
1

7.4
7.48
N/A

70%
72%
N/A

1
1
N/A

4
4
6
7
10
12
13
13
14
14

11
9
16
19
27
33
38
36
43
40

N/A
16.76
17.04
N/A
N/A
17.12
N/A
17.08
17
17.16

N/A
9.36
9.24
N/A
N/A
9.28
N/A
9.45
9.2
9.16
CHA
1
3
16.8
9.62
2
7
16.96
9.64
3
10
16.64
9.62
4
17
16.98
9.64
5
21
16.56
9.64
6
26
16.68
9.4
7
30
16.58
9.64
8
40
17.16
9.52
8
37
16.96
9.44
9
45
16.72
9.28
10
49
17
9.4
11
55
16.72
9.52
11
51
N/A
N/A
12
57
17.12
9.48
13
64
16.88
9.44
13
62
16.68
9.6
13
60
16.92
9.52
14
73
17
9.6
15
82
N/A
N/A
16
86
16.84
9.56
16
83
17
9.24
17a
98
16.84
9.52
17b
93
16.92
9.44
17b
90
N/A
N/A
18
100
N/A
N/A
19
102
16.92
9.28
a
° 2θ values reported using Cu-Kα radiation.

N/A
7.4
7.8
N/A
N/A
7.84
N/A
7.63
7.8
8

N/A
70%
78%
N/A
N/A
79%
N/A
75%
78%
82%

N/A
1
1
N/A
N/A
1
N/A
1
1
1

7.18
7.32
7.02
7.34
6.92
7.28
6.94
7.64
7.52
7.44
7.6
7.2
N/A
7.64
7.44
7.08
7.4
7.4
N/A
7.28
7.76
7.32
7.48
N/A
N/A
7.64

65%
68%
60%
69%
58%
67%
59%
75%
73%
71%
74%
65%
N/A
75%
71%
62%
70%
70%
N/A
67%
78%
68%
72%
N/A
N/A
75%

1
1
1
1
0
0
0
1
1
1
1
0
N/A
1
1
1
1
0
N/A
1
1
1
1
N/A
N/A
1

b

Calculated Δ° 2θ parameter using (Eq. 1).

c

FC = flint clay or a kaolinite rich claystone of detrital or volcanic origin.
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d

Samples classified as N/A did not have a sufficient quantity of the <2.0 µm
fraction of the paleosol matrix or any identifiable XRD peaks associated with
interstratified illite-smectite. Therefore, these samples could not provide any
illitization information.
Table 3 Analyses of XRD patterns of <0.2μm of clay-sized fractions
Paleosol
Sample I-S
I-S
Δ° 2θ b % illite in Stacking
(P)#
ID
(002/003) (001/002)
I-S (±
order (R=)
a
a
(° 2θ)
(° 2θ)
3%)
ADM
9.32
N/A
VERM
2
12
16.86
9.62
4
23
17.06
9.22
6
49
17.00
9.44
6
46
17.06
9.4
HAM
4
9
17.04
9.24
6
16
17.16
9.28
13
36
17.04
9.56
14
43
17.00
9.24
CHA
9
45
16.76
9.44
10
49
N/A
N/A
12
57
N/A
N/A
13
62
16.80
9.64
16
83
17.04
9.48
93
16.69
9.34
17b
a
° 2θ values reported using Cu-Kα radiation.
3
4

b

22
27

16.68
N/Ac

7.36
N/A

69%
N/A

1
N/A

7.24
7.84
7.56
7.66

66%
79%
74%
75%

1
1
1
1

7.8
7.88
7.48
7.76

78%
80%
72%
78%

1
1
1
1

7.32
N/A
N/A
7.16
7.56
7.62

68%
N/A
N/A
64%
74%
74%

1
N/A
N/A
1
1
1

Calculated Δ° 2θ parameter using Equation (1)

c

Samples classified as N/A did not have any identifiable XRD peaks associated with
interstratified illite-smectite. Therefore, these samples could not provide any illitization
information.

2.4.1 Clay mineralogy
XRD peaks of interest for this work are located near 17 Å (5° 2θ Cu-Kα) for discrete
smectite (001), 10 Å (8.8° 2θ) for discrete illite (001) or mica, 9.8 Å (9° 2θ) for I-S (001/002),
5.5 Å (16° 2θ) for I-S (002/003), and 5 Å (17.8° 2θ) for discrete illite or mica (002; Figures 4–8).
I-S may replace traditional discrete smectite peaks in low-angle reflections, i.e., ~5–8° 2θ
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(Figures 4–8). Peaks associated with chlorite (14.2, 7.1, 4.74, and 3.53 Å), kaolinite (7.16 and
3.18 Å), and quartz (4.26 and 3.35 Å) are also distinguishable in XRD patterns of the <2.0 μm
fractions (Figures 4–7) and the <0.2 μm fractions though to a lesser extent (Figure 8).

Figure 4 XRD patterns of ethylene glycol saturated oriented aggregates of the <2.0 μm
equivalent spherical diameter clay-sized fraction from paleosols in the ADM core (n = 10).
Diffraction patterns are organized with respect to their relative stratigraphic position, i.e., ADM33 and ADM-6 are stratigraphically the lowest and highest samples, respectively. D-spacing
information for minerals discussed herein are noted vertically and in angstroms (Å). Diffraction
patterns are colored to correspond with paleosol type, i.e., dark green = gleyed Vertisol
(Pedotype C; Rosenau et al., 2013a,b), light green = gleyed calcic Vertisol (Pedotype D), ochre
= gleyed vertic Calcisol (Pedotype E), and red = calcic Vertisol (Pedotype G). D-M =
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Desmoinesian–Missourian boundary. Core location noted in Figure 3. See Tables 1 and 2 for
more details.

Figure 5 XRD patterns of ethylene glycol saturated oriented aggregates of the <2.0 μm
equivalent spherical diameter clay- sized fraction from paleosols in the VERM core (n = 13).
Diffraction patterns are organized with respect to their relative stratigraphic position, i.e.,
VERM-46 and VERM-2 are stratigraphically the lowest and highest samples, respectively. D38

spacing information for minerals discussed herein are noted vertically and in angstroms (Å).
Diffraction patterns are colored to correspond with paleosol type, i.e., light green = gleyed calcic
Vertisol (Pedotype D; Rosenau et al., 2013a,b) and red = calcic Vertisol (Pedotype G). D-M =
Desmoinesian–Missourian boundary. Core location noted in Figure 2. See Tables 1 and 2 for
more details.

Figure 6 XRD patterns of ethylene glycol saturated oriented aggregates of the <2.0 μm
equivalent spherical diameter clay- sized fraction from paleosols in the CHA core (n = 23).
Diffraction patterns are organized with respect to their relative stratigraphic position, i.e., CHA102 and CHA-3 are stratigraphically the lowest and highest samples, respectively. D-spacing
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information for minerals discussed herein are noted vertically and in angstroms (Å). Diffraction
patterns are colored to correspond with paleosol type, i.e., grey = gleyed Protosol (Pedotype B;
Rosenau et al., 2013a,b), dark green = gleyed Vertisol (Pedotype C), light green = gleyed calcic
Vertisol (Pedotype D), ochre = gleyed vertic Calcisol (Pedotype E), and red = calcic Vertisol
(Pedotype G). D-M = Desmoinesian–Missourian boundary. Core location noted in Figure 2. See
Tables 1 and 2 for more details.
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Figure 7 XRD patterns of ethylene glycol saturated oriented aggregates of the <2.0 μm
equivalent spherical diameter clay-sized fraction from paleosols in the HAM core (n = 10).
Diffraction patterns are organized with respect to their relative stratigraphic position, i.e., HAM40 and HAM-4 are stratigraphically the lowest and highest samples, respectively. D-spacing
information for minerals discussed herein are noted vertically and in angstroms (Å). Diffraction
patterns are colored to correspond with paleosol type, i.e., grey = gleyed Protosol (Pedotype B;
Rosenau et al., 2013a,b), dark green = gleyed Vertisol (Pedotype C), and light green = gleyed
calcic Vertisol (Pedotype D). Desmoinesian–Missourian boundary. Core location noted in Figure
3. See Tables 1 and 2 for more details.
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Figure 8 XRD patterns of ethylene glycol saturated oriented aggregates of the <0.2 μm
equivalent spherical diameter clay-sized fraction from select paleosols in the ADM, VERM,
CHA, and HAM cores. Diffraction patterns are organized with respect to their relative
stratigraphic position, i.e., HAM-40 and HAM-4 are stratigraphically the lowest and highest
samples, respectively, from the HAM core. D-spacing information for minerals discussed herein
are noted vertically and in angstroms (Å). Diffraction patterns are colored to correspond to core,
i.e., red = ADM, green = VERM, orange = CHA, yellow = HAM. Core location noted in Figure
3. See Tables 1 and 3 for more details.
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In general, XRD patterns display similar mineral compositions for all <2.0 and <0.2 μm
fractions of paleosol samples in each of the four cores, though peak intensity is variable
throughout the dataset (Figures 4–8). The general mineralogy of paleosol matrix samples does
not have any strong dependence on paleosol type or sampling location (Figures 3–7).
Furthermore, there are not significant changes in mineralogy across the Desmoinesian–
Missourian boundary in the <2.0 μm fraction (Figures 4–7). XRD peakedness is strong at 7.15
and 3.58 Å, associated with kaolinite (001) and (002), respectively (Figure 4–7). Peakedness is
poor around most other peaks, possibly indicating a prevalence of small crystal size, i.e., clay
minerals, and/or poor crystallinity. For example, the peak around 3.35 Å can be associated with
quartz (001), illite (003), mica (003), and, to a lesser extent, smectite (005), but due to the high
intensity, broadness of the peak at half height, and the presence of multiple equidistant peaks in
the pattern, it possibly represents both clay and nonclay minerals.
The Bond Fm. contains the most prominent peaks of I-S in the (001/002) and (002/003)
positions in the ADM, VERM, and CHA cores compared to other formations (Figures 4–7). The
ADM core contains some of the broadest I-S peaks at low angles, i.e., 5–8° 2θ, indicating
greatest expansibility or amount of smectite in I-S (e.g., ADM-25; Figure 4). The HAM core
contains the weakest intensity peaks of I-S at all reflection angles (Figure 7); though peaks for
chlorite have a higher intensity in the HAM core compared to the other three cores (Figures 4–7).
2.4.2 Stacking order
Stacking order results from XRD patterns of the <2.0 μm fraction of IB paleosol matrices
indicate that I-S possess random and ordered interstratification (Table 2; Figure 9), though
ordered I-S exists only as R1 and not long-range order (R3). Samples without observable I-S,
and thus no stacking order, are noted relative to depth for reference (Figure 9). The VERM and
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HAM cores contain I-S with only R1 ordering, whereas the ADM and CHA cores contain both
R0 and R1 ordering. The Bond Fm. contains the greatest number of I-S samples with random
interstratification (n = 4) in the CHA and ADM cores compared to the Carbondale (n = 0),
Shelburn (n = 1), Patoka (n = 1), and Mattoon Fms. (n = 1; Tables 1 and 2). There is only one
sample from the Desmoinesian Shelburn Fm. that contains R0 ordering (CHA-73), and the
remaining samples with R0 ordering are from Missourian strata (Tables 1 and 2; Figures 7 and
9).

Figure 9 Stacking order relative to stratigraphic position for each <2.0 μm (circles) and <0.2 μm
(diamonds) equivalent spherical diameter clay-sized fraction of paleosol samples from the
VERM (green; <2.0 μm, n = 13; <0.2 μm. n = 4), ADM (red; <2.0 μm, n = 10; <0.2 μm, n = 2),
CHA (orange; <2.0 μm, n = 20; <0.2 μm, n = 6), and the HAM (yellow; <2.0 μm, n = 10; <0.2
μm, n = 4) cores associated with colored circles in of the IB map (Figure 3). The northernmost
core is on the far left and the southernmost core is on the far right. The Chapel Coal (black
dashed lines) is delineated for reference in each core, serving as a stratigraphic datum. Samples
classified as N/A did not have any noticeable interstratification of illite-smectite visible in XRD
patterns and therefore could not provide any ordering or illitization information (see Tables 2 and
3 for tabulated stacking order results).
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Stacking order results from the XRD patterns of the <0.2 μm fraction of IB paleosol
matrices (Figure 8) indicate that I-S possesses only R1 ordered interstratification (Table 3;
Figure 8). Generally, the stacking order is the same for a given sample regardless of the size
fraction (Tables 2 and 3; Figures 4–9). The exceptions are two samples from the CHA core and
one sample from the ADM core, where I-S is not detectable. In sum, R1 ordering is the most
common stacking order amongst all cores and size fractions sampled for this work (Tables 2 and
3; Figure 9). Since R1 is usually the product of diagenetic illitization (Hower et al., 1976; Bethke
and Altaner, 1986; Bethke et al., 1986), the stacking order results presented herein suggest that
most of the I-S in the sample set has been impacted by deep burial diagenesis.
2.4.3 Δ° 2θ analyses
Δ° 2θ data derived from the <2.0 and <0.2 μm fractions of IB paleosol matrices from the
ADM, VERM, CHA, and HAM cores have a range of 6.2 to 8° 2θ. When converted to % illite
layers in I-S, the range is from 42% to 82% (Tables 2 and 3; Figure 10). The ADM core possess
most of the samples that contain <60% illite in I-S, and these were collected from <140 m core
depth (Tables 1–3; Figure 10a). The HAM and CHA cores contain the deepest samples, many
recovered from depths exceeding 150 m core depth (Table 1; Figure 10a). Twenty-nine samples
from >150m core depth in the HAM and CHA cores contain >60% illite in I-S, as opposed to
two samples that are <60% illite in I-S (Tables 1–3; Figure 10a). Stratigraphically, the % illite in
I-S from these samples have varying percentages (Tables 1 and 2; Figure 10b). For example,
samples collected within ±10 m from the Chapel Coal from the VERM (n = 3), HAM (n = 1),
CHA (n = 4), and ADM (n = 2) cores have a range from 52% to 80% illite in I-S in the <2.0 μm
(Tables 1 and 2; Figure 10b) whereas the <0.2 μm fraction has a range of 64–80% illite in I-S
from the CHA (n = 1), HAM (n = 1), and VERM (n = 1) cores (Tables 1 and 3; Figure 10b).
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Moreover, the lowest % illite in I-S values are from the Bond (42%) and Patoka Fms. (52%),
while the highest % illite in I-S value is from the Carbondale Fm. (82%; Tables 1 and 2; Figure
10b). In sum, since % illite in I-S superstructures that is >60% is usually the product of
diagenetic illitization (Hower et al., 1976; Eberl et al., 1986; Altaner and Bethke, 1988; Moore
and Reynolds, 1997), the Δ° 2θ data % illite in I-S data presented suggest that most of the I-S in
the sample set herein are products of deep burial diagenesis.
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Figure 10 Δ°2θ values were calculated from Equation (1) and converted to % illite in illitesmectite superstructures for each <2.0 μm (circles, this study; triangles from Rosenau et al.,
2013a) and <0.2 μm (diamonds, this study) clay-sized fraction of paleosol samples taken from
VERM (green; <2.0 μm, n = 13; <0.2 μm, n = 4), ADM (red; <2.0 μm n = 10; <0.2 μm, n = 1),
CHA (orange; <2.0 μm, n = 22; <0.2 μm, n = 4), HAM (yellow; <2.0 μm, n = 8; <0.2 μm, n =
4), the Lone Star Cement Company #TH-1 (LSC; blue; <2.0 μm, n = 32; Rosenau et al., 2013a),
and the Monterey Coal Company, Mac 1 #CBM4 (MAC; grey; <2.0 μm, n = 31; Rosenau et al.,
2013a) cores. Samples that have <60% illite in I-S are interpreted to result from pedogenic
illitization (Eberl et al., 1986), whereas samples >60% are interpreted to result from diagenetic
illitization. See Tables 2 and 3 for tabulated data. (a) % illite in I-S relative to depth form the
surface, where 0 m represents the top of each core. Each core is color coded to the map in Figure
2b. (b) % illite in I-S is plotted relative to stratigraphic position in the basin, where the 0 m
datum is equivalent to the location of the Chapel Coal in each core. The Chapel Coal, of the
lowermost Patoka Fm (Figure 3a) is shown as stratigraphic data to the depth measurements. Each
data point color follows the legend in part a. (c) This is the same plot as part b, except each
sample point is color coded towards the formation from which it was sampled, including: the
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Mattoon (red; <2.0 μm, n = 5), Bond (lilac; <2.0 μm, n = 26; <0.2 μm, n = 3), Patoka (navy;
<2.0 μm, n = 35; <0.2 μm, n = 4), Shelburn (turquoise; <2.0 μm, n = 25; <0.2 μm, n = 1),
Carbondale (ochre; <2.0 μm, n = 17; <0.2 μm, n = 5), and Tradewater Formations (green; <2.0
μm, n = 8).

2.5 Discussion
2.5.1 Provenance and detrital components or Illinois Basin paleosols
Provenance studies of the IB indicate that Pennsylvanian strata are composed of
intrabasinal derived, reworked Mississippian strata and extrabasinal sediments (Kissock et al.,
2018). Extrabasinal sediments contain detrital zircon signatures associated with the
Neoproterozoic, Grenville, Granite-Rhyolite, and Yavapai-Mazatzal basement terranes (Eriksson
et al., 2004; Becker et al., 2005, 2006; Kissock et al., 2018). Pennsylvanian-aged back-fill of
fluvially incised paleo-valleys indicate intrabasinal sediment sources while paleoflow indicators
in crossbedding, indicate a south-southwest trend during fluvial deposition (Potter and Siever,
1956; Archer and Greb, 1995). In sum, it is likely that extrabasinal IB sediments were likely
derived from eastern Laurentia, possibly as the Appalachian Mountains began to uplift.
Moreover, using these data, parent material is characterized as felsic in order to evaluate findings
on Pennsylvanian detrital rocks and weathering products within the IB.
Sedimentary petrology of Pennsylvanian units (Willman et al., 1975; Gharrabi and Velde,
1995) and underclays or paleosols (Grim and Allen, 1938; Schultz, 1958; Parham, 1963, 1966;
Rimmer and Eberl, 1982; Rosenau and Tabor, 2013; Rosenau et al., 2013a, 2013b) indicate the
presence of quartz, kaolinite, illite and/or mica, chlorite, and I-S. Feldspar, pyrite, and muscovite
are common accessory minerals. Many of the major minerals identified in previous studies are
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corroborated in XRD patterns presented herein of both the <2.0 and <0.2 μm clay-sized fractions
(Figures 4–8).
The <0.2 μm fraction likely contains only kaolinite, I-S, and illite (Figure 8). From
sedimentary petrology (e.g., Wilson and Pittman, 1977)), stable isotope (δ2H and δ18O, e.g., Yeh,
1980), and radio isotope studies (K-Ar; e.g., Clauer et al., 1997)) of clay minerals, it is likely that
finer size fractions (<0.1 or <0.2 μm) of sedimentary rocks, including paleosols, are composed
dominantly of authigenic clay minerals or crystallites. The lack of chlorite in the <0.2 μm claysized fraction diffraction patterns suggests that its presence in coarser-sized fractions may be a
detrital component of IB paleosols. Due to the broadness of the peak and the decrease and
intensity around 3.35 Å when comparing samples from the <2 μm and <0.2 μm (Figures 4–8), it
is likely that quartz is also a detrital mineral-grain component. Due to the scope of this study on
I-S, only mica and illite type phyllosilicates will be discussed further.
Differentiating between mica, specifically muscovite, and illite using XRD is challenging
because they have nearly identical sharp, peak patterns at 10, 5, and 3.35 Å associated with
crystallographic d(hkl) planes (001), (002), and (003), respectively (Figures 4–7). Genetically,
micas are frequently detrital components of soils and paleosols whereas illite can be detrital,
pedogenic, and/or diagenetic components (Southard and Miller, 1966; Wilson and Pittman, 1977;
Huang et al., 1986; Sheldon and Tabor, 2009; Tabor and Myers, 2015). However, pedogenic
mica has been documented in some soil environments where there is K+ or NH4+ to promote
transformation from vermiculite to mica (Nettleton et al., 1973; Ross et al., 2011), though micas
frequently weather to other clay minerals such as smectite or vermiculite as soil formation
continues (Fanning et al., 1989). It is also possible that micas may be products of late-stage
diagenesis in the epizone (e.g., Hunziker et al., 1986), at higher temperatures than what is
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expected during diagenesis (around 300 °C; Kübler, 1967) in the metamorphic window).
Therefore, although pedogenic and diagenetic micas may be part of these paleosol clay-sized
fractions, illite is a more likely candidate to be associated with the XRD peaks around 10 and 5Å
observed in IB paleosols (Figures 4–8).
Regardless of its exact origin, since the <0.2 μm clay-sized fraction is suspected to be
dominated by authigenic clay minerals, any mica/illite peaks from XRD patterns of the <0.2 μm
fraction of paleosol matrices reported herein (Figure 8) are likely authigenic illite (and/or mica).
Moreover, when considering the XRD results of <2.0 (Figures 4–7) and <0.2 μm (Figure 8) claysized fractions, including results from stacking order and % illite in I-S for <2.0 and <0.2 μm
clay-sized fractions (Tables 2 and 3; Figures 9 and 10), the XRD pattern analyses produce
similar results. Therefore, since the <0.2 μm fraction is generally considered to be authigenic, it
is possible that much of the I-S and illite (and/or mica) in the analogous <2.0 μm fraction is also
authigenic.
Thus, for the remainder of the discussion, I-S analyzed herein is considered to be only
authigenic, so that the probability of I-S genesis in the ancient soil formation versus the deep
burial diagenetic environments in the IB may be assessed. The abundances of detrital and
diagenetic illite and I-S in IB paleosol fractions will be explored in future research.
2.5.2 Origins of authigenic I-S in the Illinois Basin
By comparing stacking order and % illite in I-S results, we can verify whether both
methods conclusively identify deep-burial diagenesis as the primary process responsible for
illitization and I-S in IB paleosols. Although 17% of samples studied herein display no evidence
for I-S, both stacking order and % illite in I-S proxies agree that a majority of samples have I-S,
though the percentages for genetic origins are unequal (Figures 9, 10). When considering the
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results from each method for each sample, 81% of samples agree that I-S in that sample is the
results of deep-burial diagenesis while only 6% of samples agree that I-S in that sample is the
results of pedogenesis . However, 13% of samples produce conflicting results such that stacking
order or % illite in I-S yield a pedogenic origin while the other method yields a diagenetic origin.
Since there is an expected error of ± 0.02–0.08° 2θ while identifying peaks (Środoń, 1980), any
% illite in I-S value within 60% ± 5% should also be suspect (Table 2). This result suggests that
although these proxies are generally corroborative (87%), they should not be used independently
to determine genetic origins of I-S or there may be some conflicting results.
Considering the results of stacking order and % illite in I-S superstructure measurements
presented herein, samples from the ADM, CHA, VERM, and HAM cores have been impacted by
deep burial diagenetic processes. This implication can be tested by comparing this dataset to
comparable data collected from penecontemporaneous IB paleosols, originally reported by
Rosenau et al. (2013a), from the Lone Star Cement Company #TH-1 (LSC) and Monterey Coal
Company Mac 1 #CBM4 (MAC) cores (Figure 3b). Note, there are no comparable stacking order
data from the samples collected from the LSC or MAC cores therefore only % illite in I-S data
will be discussed, the aforementioned provision that using only data to assess illitization
processes notwithstanding for this particular comparison.
The % illite in I-S data collected from the LSC and MAC cores range from 3% to 89%
(Figure 10a,b; Rosenau et al., 2013a), which covers a larger range than the dataset presented
herein (42–82%; Table 2). Moreover, the samples were recovered from shallower core depths,
3.05-142.64 m, compared to 20.2–336.7 m for samples collected from the ADM, CHA, VERM,
and HAM cores (Figure 10a; Table 2; Rosenau et al., 2013a). This follows because the depth of
the Pennsylvanian strata in the IB is greater in the south and the interior where the CHA and
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HAM cores were drilled, relative to their occurrence at shallower depths in the northern (LSC) or
western basin margin (MAC; Figure 3; Kolata and Nelson, 1990a, 1990b). Regardless of these
differences, the data from all six cores indicate that % illite in I-S increases with depth, but the %
illite in I-S is more variable between 0 and 150 m (3–89%) compared to the data >150 m which
are between 58–82% (Figure 10a). Stratigraphically, since all the formations contain variable %
of illite in I-S in each core, there is no clear, basin-wide pattern to suggest homogenous
preservation of exclusively low-temperature, pedogenetic illitization in these data (Figure 10b,c).
Rather, the “rule” across the IB for I-S crystal properties is indicative of deep-burial diagenesis.
As stated in the introduction, illitization in the pedogenic environment may be promoted
by fluctuating redox conditions and concomitant wet-dry cycles (Eberl et al., 1986; Robinson
and Wright, 1987; Deconinck et al., 1988; Berkgaut et al., 1994; Righi et al., 1995; Gilg et al.,
2003; Huggett and Cuadros, 2005). Since seasonality and thus changing redox states were likely
promoted during the transition from the middle to upper Pennsylvanian in this region (Rosenau
et al., 2013a,b, Rosenau and Tabor, 2013; Montañez et al., 2016), we would expect to see
increasing % illite in I-S from the lower formations, i.e., Tradewater, Carbondale, and Shelburn,
to the upper formations, i.e., Patoka, Bonda, and Mattoon (Figure 3a), and % illite in I-S should
be <60% (Eberl et al., 1986) if illitization was primarily promoted during pedogenesis. However,
the composite % illite in the I-S dataset of the ADM, VERM, CHA, HAM, MAC, and LSC cores
rejects this hypothesis (Figure 10a–c).
The variability in % illite in I-S could be attributed to heterogenous temperatures during
diagenetic illitization in the IB. This is a common conclusion from diagenetic clay mineral
studies because sedimentary basins have spatially and temporally variable subsidence, uplift,
erosion, and heat flow (e.g., Pollastro, 1993). Since illitization is likely dependent on kinetic
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conditions, its occurrence is in part temperature dependent, and thus should increase with
increasing burial depth (Hoffman and Hower, 1979; McCubbin and Patton, 1981; Pytte and
Reynolds, 1989; Velde and Vasseur, 1992; Środoń, 1999). Still, according to vitrinite reflectance
data collected from Pennsylvanian coals, the IB likely experienced a shallow burial, with a
maximum depth of ~1–3 km (Altschaeffl and Harrison, 1959; Damberger, 1971; Cobb, 1981;
Cluff and Byrnes, 1990), where the northern IB was buried to a lesser extent than the southern
IB. Still, these trends of high % illite in I/S and R1 ordering are seen across all cores in the basin.
To compare the potential impact of diagenesis on older rock units in the IB we can
consider also previous studies of I-S in other clastic rocks from different lithologies (i.e., not
paleosol profiles) from the IB. In siliciclastics however, there is not the issue of differentiating
between I-S developed in the pedogenic or diagenetic environments. For instance, Gharrabi and
Velde (1995) studied I-S in the Devonian-Mississippian-aged New Albany shale of the IB,
finding that that % illite in I-S is between 80–95% and increased with depth to 1 km. However,
% illite in I-S was unchanged between 1 and 2.5 km, and total concentration of stochiometric
illite became more abundant within this same region of deeper burial (Gharrabi and Velde,
1995). This is significant because the New Albany Shale % illite in I-S values are similar to
values found herein, even though the New Albany shale is older (and deeper) than Pennsylvanian
paleosols investigated in this study.
Similarly, studies of the Pennsylvanian-aged Browning Sandstone and Purington Shale
(Tradewater−Carbondale Fms.) also possess I-S with <10% smectite (Moore, 2000, 2003),
consistent with findings presented herein, Gharrabi and Velde (1995), and Rosenau et al.
(2013a). In both Pennsylvanian clastic studies, the lack of substantial burial of the IB coupled
with advanced stages of diagenetic maturity may indicate low-temperature, time-dependent, or
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protracted, diagenesis, which drives illitization processes (Moore, 2000, 2003). Although, the
importance of temperature and time to the illitization reaction is debatable (Pytte and Reynolds,
1989; Velde and Vasseur, 1992). Considering the consistent signatures of deep-burial diagenesis
recorded in I-S clay minerals from various stratigraphic intervals in the IB, I-S may record
influence(s) of variable heat flow sources associated with tectonic and burial changes in the IB
after Pennsylvanian deposition, pedogenesis, and burial.
2.5.3 Potential sources of alteration in Pennsylvanian phyllosilicates
The results from this work suggest that I-S in IB paleosols has primarily formed
following pedogenesis, during shallow to deep burial (Figures 9 and 10). We can now consider
how non-pedogenic signatures in Pennsylvanian-aged paleosols were acquired in the IB,
acknowledging that the stability of most pedogenic phyllosilicates wanes around ~50–200 °C
(Hower et al., 1976; Boles and Franks, 1979; Bjorkum and Gjelsvik, 1988) and undergoes
mineralogical, diagenetic changes. Both temperature change and water/rock interactions will be
discussed here to assess the probability of diagenetic alteration of original paleosol
phyllosilicates.
Some of the Pennsylvanian paleosols studied herein are underclays, or argillaceous rocks
that formed before, and stratigraphically beneath, a coal bed (Weller, 1930; Grim and Allen,
1938; Schultz, 1958). Although not the focus of this work, kaolinite was identified in the XRD
patterns (Figures 4–8) of these paleosol underclays. If kaolinite formed during pedogenic
weathering in the Pennsylvanian period, we would expect it to form under humid conditions in
well-drained soils (Tabor and Myers, 2015). However, it is also possible that acidic fluids
leaching from overlying peats could have spurred hydrolytic reactions to form kaolinite in
underlying paleosols during shallow burial, a suggestion by previous underclay mineralogy
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studies (Huddle and Patterson, 1961; Parham, 1963; Rimmer and Eberl, 1982; Rosenau et al.,
2013a).
Similarly, it has been suggested that organic acids may impact illitization by increasing
the rate of smectite, K-feldspar, and muscovite dissolution, promoting the availability of K and
Al cations into the illite layers (Eberl et al., 1986; Small, 1993; Hover et al., 1996). Rimmer and
Eberl (1982) studied the underclay paleosols of the Herrin Coal from the Carbondale Fm. from
IB cores in the southwestern part of the basin and found that I-S expandability decreased and
ordered I-S increased relative to randomly interstratified I-S as depth below coal increased,
demonstrating the relation between in situ acid leaching and illitization. Similarly, there are 26
samples from the <2.0 μm and 9 samples from the <0.2 μm clay-sized fractions analyzed herein
that are from paleosols directly underlying coal seams (Figure 11 and Table 4). When comparing
the depth of these samples below the coal seam, % illite in I-S increases with increasing depth,
though there is some scatter (Figure 11). These data may support the conclusions of Rimmer and
Eberl (1982) such that proximity to coal seams and thus acid leaching may instigate some
illitization possibly through fixation of not only K+, but also NH4+. This may have occurred
shortly after soil formation, concurrent with coal forming swamps, or after burial of the soil, now
paleosol. However, the other 27 samples of the <2.0 μm fraction of paleosols in this study
display >60% illite in I-S (Figure 10 and Table 2) even though they are not sampled from
paleosols beneath coals. Therefore, there may be multiple mechanisms influencing postpedogenic illitization processes within the IB paleosol profiles.
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Figure 11 % illite in I-S of the <2.0 and <0.2 μm clay-sized fraction of paleosol matrices relative
to depth below coal seam for paleosols directly underlying coals (ntot = 35). See Table 4 for
tabulated data and information about specific IB coals.
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Table 4 Paleosols sampled underneath coal seams
Paleosol
(P)#

Sample
ID

Overlying Coal

2
3
3
3
5
5

18
25
22
21
35
33

Flat Creek
Fairbanks
Fairbanks
Fairbanks
Chapel
Chapel

Coal Depth in
Core (m)

Paleosol
Sampling
Depth below
Coal (cm)

79
94.94
94.94
94.94
129.63
129.63

70
26
146
176
17
57

48.31
48.31

9
189

ADM

VERM
4
4

31
26

Womac
Womac
HAM

3
4
4
6
7
10
12
13
13
14
14

7
11
9
16
19
27
33
38
36
43
40

Fairbanks
New Haven
New Haven
Chapel
Athensville
Danville
Baker
Herrin
Herrin
Springfield
Springfield

41.39
72.67
72.67
137.67
171.75
195.85
201.158
219.03
219.03
244.224
244.224

21
33
93
43
15
15
104.2
107
137
47.6
147.6

5
8
9
10
12
13
13
13
14
16
16
17a
17b
18

21
40
45
49
57
64
62
60
73
86
83
98
93
100

CHA
McCleary's Bluff
Flat Creek
Fairbanks
Fairbanks
Womac
Chapel
Chapel
Chapel
Rock Branch
Danville
Danville
Herrin
Herrin
Springfield

157.76
201.98
213.72
214.87
236.79
258.34
258.34
258.34
262.72
294.24
294.24
325.85
325.85
334.04

94
112
78
43
71
26
86
146
168
96
166
25
165
46
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Another common trigger of phyllosilicate alteration in any sedimentary basin is during
shallow to deep burial, as mentioned in the previous section. In sedimentary basins, the average
geothermal gradient is about 30 °C/km (Frey, 1987). Since IB vitrinite reflectance data from
Pennsylvanian coals supports a maximum burial depth of around 1–3 km, there was likely a
regional geothermal gradient between 20 and 23.5 °C/km in the IB (Altschaeffl and Harrison,
1959; Damberger, 1971; Cobb, 1981; Cluff and Byrnes, 1990). A more recent study modelled
vitrinite reflectance and basin analysis to suggest that the geothermal gradient may have been
30–50 °C/km in the Pennsylvanian strata during maximum burial, though this might not be
solely due to burial but also hydrothermal fluid flow (Mariño et al., 2015). Therefore, it is
possible that temperatures during maximum burial were 70–150 °C, which may have facilitated
diagenetic alteration of Pennsylvanian phyllosilicates (Gharrabi and Velde, 1995).
Depth of burial is perhaps the most typical explanation for I-S in sedimentary basins,
which was proposed in the initial studies of Eocene-Pleistocene-aged sediment cores from the
U.S. Gulf Coast, where illitization was found to have occurred as depth of burial increased
(Weaver, 1956; Burst, 1957, 1969; Powers, 1967; Perry and Hower, 1970, 1972; Hower et al.,
1976; Boles and Franks, 1979). However, the work in the Gulf Coast, suggested that illitization
promoted during burial occurs at depths >3 km and temperatures >100 °C, yet the data presented
herein suggest that signals of illitization and burial diagenesis can be detected at maximum burial
depths <3 km and potentially temperatures well below <100 °C. This is an important comparison
between the IB and the U.S. Gulf Coast, which are relatively old and young basins, respectively,
highlighting the significance of time as a process during burial diagenesis. Therefore, this work
may indicate that signatures of illitization may not be dependent merely on depth of burial but
the timing and duration of geologic history in which these processes have occurred.
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It should also be noted that there must be sufficient abundances of K+ in the system,
likely at the expense of K-bearing minerals such as K-feldspar and mica, to promote potassium
fixation during diagenetic illitization (Hower et al., 1976). Typical silicate weathering reactions
include hydrogen ions and water as reactants to form clay minerals, such as kaolinite, silica
while releasing K+ (Bjørlykke, 1998). The problem with applying this weathering scheme to the
IB is the minimal K-feldspar in IB siliciclastic rocks compared to quartz, though some
sandstones are micaceous (Potter and Glass, 1958; Willman et al., 1975). Perhaps more
importantly, a closed system model of burial without a fluid interaction may not trigger this
weathering reaction. Therefore, due to variable quantities of K-bearing minerals and no fluid
flow, the impact of the depth of burial mechanism to prompt illitization in Pennsylvanian
paleosols is unclear.
It is possible that igneous intrusions may have altered the sedimentary strata in the IB.
During the Ouachita orogeny, reactivation of faults in the Reelfoot Rift-Rough Creek Graben
area led to emplacement of magma in the southern portion of the basin in the Permian (272–270
Ma; Brannon et al., 1992; Chesley et al., 1994). It is likely that heat was conductively transferred
from these magmatic intrusions into IB sedimentary strata. Other studies on the effects of
igneous intrusions on clay minerals in sedimentary basins find similar % illite in I-S values to
those reported herein. For example, the North Sea has values between 65–95% illite in I-S as
stratigraphic position relative to the granitic basement increases (Smart and Clayton, 1985). In
fact, in the IB, thermal maturity calculations of kerogen from coals, and bounding units, in the
southern portion of the basin indicate regional diagenesis and contact metamorphism of IB strata
that was concomitant with Permian-age intrusive magmatism, supporting this hypothesis (Hower
et al., 1983; Mastalerz and Schimmelmann, 2002; Schimmelmann et al., 2009; Cao et al., 2013;
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Quaderer et al., 2016). It should be noted that this intrusive activity may have led to liberation of
volatiles into permeable coals (Schimmelmann et al., 2009). However, intrusive magmatism and
subsequent conductive, and to some extent advective, heat flow is expected to have a regional,
rather than basin wide, impact (Schimmelmann et al., 2009). Also, similarly to the argument for
the depth of burial, the lack of a definite K+ source and limited fluid availability may weaken the
viability of this diagenetic illitization mechanism in Pennsylvanian paleosols across the IB.
There is also evidence for topographically derived long-range brine migration in the IB
strata, originating south of the IB near the Ouachita orogeny, and propagating north (Bethke,
1986; Bethke and Marshak, 1990; Garven et al., 1993; Plumlee et al., 1995). This brine
migration is also suspected to have triggered the mineralization of the Upper Mississippi Valley
and Fluorspar mineral districts during the Permian (Odom et al., 1979; Bethke and Marshak,
1990; Garven et al., 1993; Plumlee et al., 1995; Fishman, 1997; Pitman et al., 1997). Fluid
inclusion measurements from these mineral district yield temperatures between 50–170 °C
(McLimans, 1977; Richardson and Pinckney, 1984; Richardson et al., 1988). Moreover, these
briny fluids are hypothesized to be potassic due to evidence of authigenic K-feldspar
overgrowths, K-leaching, and authigenic illite and I-S in sandstone aquifers (Duffin et al., 1989;
Stueber and Walter, 1991; Pitman and Spötl, 1996; Sutton et al., 1996; Fishman, 1997; Chen et
al., 2001). Therefore, due to elevated temperatures and potassium availability, it is possible that
illitization could be promoted in the IB due to these long-range, hydrothermal brines. However,
most evidence for advective heat flow by brine migration through the IB is focused on the
Cambrian and Ordovician siliciclastic strata (Hay et al., 1988; Pitman and Spötl, 1996; Grathoff
and Moore, 1996; Pitman et al., 1997; Grathoff et al., 2001; Hyodo et al., 2014; Denny et al.,
2017) and Precambrian basement (Duffin et al., 1989; Sutton et al., 1996). For instance, Grathoff
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et al. (2001) found that ore-bearing fluids may have formed some or all of illite or I-S in
Ordovician Maquoketa group of the IB. Therefore, it is necessary to constrain possible pathways
to Pennsylvanian strata to assess viability of this illitization mechanism for paleosols.
Studies of hydrothermal advective activity in the Pennsylvanian strata is limited to the
effects on coals. This includes fluid inclusions in coal minerals, including sphalerite and pyrite
(Whelan et al., 1988) and the relation between vitrinite reflectance and hydrothermal fluid flow
modelling (Rowan et al., 2002; Hower and Gayer, 2002; Mariño et al., 2015). In fact, the model
from Mariño et al. (2015) notes that the strata at or just below the Absaroka unconformity, near
the Mississippian–Pennsylvanian boundary, may have acted as an aquifer for fluid flow during
the hypothesized Permian long range brine migration. It is also possible that faults and fractures
associated with the Reelfoot Rift-Rough Creek Graben area, the La Salle Anticline, the Wabash
Valley Fault Zone, the Sandwich Fault Zones, or Plum River Fault Zone (Treworgy, 1981) may
provide conduits to the Pennsylvanian stratigraphy. Since the possible impact of advective heat
flow on the Pennsylvanian strata is limited to regional studies, the effects of hydrothermally
motivated diagenesis across the basin remains unclear.
2.5.4 Implications for Pennsylvanian paleoclimate reconstructions from the Illinois Basin
Although the I-S XRD data and subsequent analyses presented herein may not precisely
ascertain which diagenetic mechanism(s) discussed here were specifically responsible for
mineralogical alteration of Pennsylvanian paleosols, these varying and well-documented
mechanisms highlight the many ways by which diagenetic alteration may have occurred in the
IB. More importantly, since the Pennsylvanian strata has likely been impacted by post-pedogenic
diagenesis, any geochemical-based paleoclimate study derived from the Pennsylvanian rock
units may need to be re-evaluated. This is because paleoclimate studies frequently rely on the
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elemental and stable isotopic composition of non-altered paleosol clay minerals (e.g., Rosenau
and Tabor, 2013) or pedogenic calcites (e.g., Cerling, 1984). However, temperature stability of
many subaerially or pedogenically formed phyllosilicates and calcites wanes at temperatures
~50–200 °C (Hower et al., 1976; Boles and Franks, 1979; Bjorkum and Gjelsvik, 1988). This
work has highlighted that this temperature range was likely sustained during burial,
hydrothermal fluid flow, and/or conductive heat flow from intrusive magmatism in the IB. If
pedogenic minerals geochemically exchange under either solid-state or dissolution/crystallization
conditions, some or all of the original Pennsylvanian geochemical signature of soil formation
preserved in the paleosol may be compromised. More specifically, this means that results of
geochemical studies of altered clay minerals would provide insights on conditions involved
during mineral transformation during diagenesis rather than Pennsylvanian soil formation.
Therefore, recognition of I-S in paleosols is not inherently indicative of ancient soil formation
processes, especially in ancient and shallow sedimentary basins, and should be evaluated more
carefully before geochemical paleoclimate reconstruction studies are initiated.
2.6 Conclusions
By assessing the stacking order and % illite in I-S superstructures of illite- smectite
mineralogical intergrades from IB paleosols, this study attempts to understand the postPennsylvanian history and diagenetic impact on clay minerals originally formed during
pedogenesis. This study finds that deep-burial diagenesis is a more probable source of illitization
in IB paleosols than a pedogenic origin for these mineralogical phases. The conclusions arrived
at herein are further supported by previous studies of diagenetic I-S in non-paleosol rocks in the
IB and a comprehensive discussion of the many possible mechanisms that may have promoted
circumstances conducive to illitization during post-pedogenic diagenesis. In fact, it is likely that
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acid leaching from coal seams and hydrothermal fluid flow models provide enough evidence to
support diagenetic illitization in observed in IB Pennsylvanian paleosols. Though the geothermal
gradient determined by the depth of maximum basin burial and intrusive igneous activity may
also have an impact on illitization if there is enough potassium available to promote fixation. It is
possible that potassium is sourced from the weathering of mica group minerals since there are
low abundances of K-feldspar compared to quartz in the basin. This study also highlights the
importance of understanding time in diagenetic processes, specifically when in the geologic past
the basin formed and was subject to diagenesis and the duration of diagenesis. These results are
significant for future studies seeking to reconstruct paleoenvironments using geochemical
proxies from shallowly buried sedimentary basins due to the many possible diagenetic
mechanisms that may impact the preservation of a paleo-proxy in an ancient basin’s history.
Future work will attempt to identify illite polytypes and trace the K-Ar composition to
differentiate between detrital and diagenetic I-S in IB paleosols. Future work also seeks to
measure crystallization temperatures of phyllosilicates using δ2H and δ18O stable isotope proxies
on a basin-wide scale to further assess possible illitization mechanisms and the impacts of
diagenesis on Pennsylvanian-aged paleosols in the IB.
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CHAPTER 3
Paper II: INVESTIGATING DETRITAL AND DIAGENETIC ORIGINS OF ILLITIC
MINERALS IN ILLINOIS BASIN PALEOSOLS USING K-Ar
3.1 Abstract
Phyllosilicates in fossil soils, or paleosols, that are shallowly buried are often assumed to
be of pedogenic origin, but inadequate attention has been given to eliminating the possible
presence of detrital and diagenetic phyllosilicates. Middle and Upper Pennsylvanian-paleosol
matrices were sampled from three drill cores along a N-S transect in the Illinois Basin to
investigate phyllosilicate origins in paleosols. X-ray diffraction analyses of clay fractions from
these paleosols indicate presence of illite and mixed-layer illite-smectite that possess 1Md, 1M,
and 2M1 illite polytypes. The abundance of detrital illite polytypes (relative to all other illite) is
greater in a morphologically immature Protosol of the southernmost core. Authigenic illite
polytypes are more abundance (relative to all other illite) in Vertisols of the central and northern
cores. Illitic clay size fractions exhibit K-Ar age values around 260 Ma in the northern core, 270
Ma in the central core, and 290 Ma in the southern core. Since K-Ar age values are weighted
averages of detrital, pedogenic, and diagenetic illite in a paleosol, the skewing the K-Ar age
values of the finest paleosol clay size fractions into the Permian. Higher abundances of
authigenic 1Md, 1M in those samples, suggests that some illite-smectite in those paleosols
experienced illitization after pedogenesis ended in the Pennsylvanian. Hydrothermal fluid
migration arising from igneous activity in the Permian at the south end of the Illinois Basin and
sustained burial over time may be possible mechanisms for illitization in Pennsylvanian
paleosols. These results call into question the general utility of phyllosilicates as reliable
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paleoenvironmental indicators across space and time. Older paleosols may in fact provide more
information regarding diagenesis, epigenesis, and basin evolution than paleoenvironments of soil
formation.
3.2 Introduction
Illite is a type of dioctahedral, 2:1 clay mineral, or hydrous aluminum phyllosilicate with
a tetrahedral-octahedral-tetrahedral layer structure. These layers are compositionally similar to
muscovite, except that they contain more Si, Mg, and H2O but less Al and K (Grim et al., 1937;
Moore and Reynolds, 1997). Illite may be a discrete phase, or it may exist in the form of a
mixed-layered phase, called illite-smectite (I-S), which may contain variable abundances of
interlayer smectite and illite. The smectite to I-S to illite transformation is called illitization, in
which smectite is dehydrated, Al3+ substitutes for some of the Si4+ in the tetrahedral sheet while
Fe2+ and Mg2+ replace some of the Al3+ originally in the octahedral sheet, and anhydrous K+ is
preferentially fixed in the interlayer space over other exchangeable cations (Hower et al., 1976;
Boles and Franks, 1979). Beginning with studies in the U.S.A. Gulf Coast, illitization is thought
to predominantly occur during burial diagenesis (Perry and Hower, 1970; Hower et al., 1976;
Boles and Franks, 1979), though it may also be advanced under low temperature, surface
conditions with cyclical wetting and drying (Eberl et al., 1986), or may be a detrital component
of a clastic sedimentary rock (Eberl, 1984). Since there is not a singular process producing I-S,
methods beyond mineralogical characterization must be considered to explain the origins of I-S
and illite in sedimentary rocks.
Phyllosilicates formed during surficial chemical weathering processes are abundant in
soils and fossil soils, hereinafter referred to as paleosols (Wilson, 1999). Since phyllosilicate
formation in soils occurs on the earth’s surface under water-dominated weathering systems, their

65

geochemical compositions may be used to reconstruct ancient environments and climates (Savin
and Hsieh, 1998; Sheldon and Tabor, 2009; Tabor and Myers, 2015). In order to be utilized as
paleoclimate geothermometers, phyllosilicates must be confirmed as forming during ancient
pedogenic processes. As mentioned, there are two alternative origins of phyllosilicates in
paleosols from that of a pure pedogenic (i.e., soil-formed) material, including inheritance as
detritus and formation or during shallow and deep burial diagenesis or hydrothermal processes
(Eberl, 1984; Curtis, 1985; Nesbitt, 1992). Thus, if the geochemical signatures from
phyllosilicates in paleosols are not studied extensively, signatures of sedimentary basin
subsidence or uplift and/or thermal maturation may erroneously be interpreted as signatures of
ancient climate conditions that impacted episodes of soil formation.
Measurement of K and radiogenic 40Ar is a useful means to date crystallization of illite
and I-S (Bailey et al., 1962; Elliott and Aronson, 1987, 1993; Burley and Flisch, 1989; Clauer
and Chaudhuri, 1995; Clauer et al., 1997; Środoń, 1999; Bechtel et al., 1999; Elliott et al., 2006,
2020; Środoń et al., 2009, 2009; Clauer, 2013). The K-Ar technique combined with illite
polytype analysis can be used to estimate the contribution of detrital illite relative to authigenic
illite in clastic sedimentary rocks (Elliott et al., 1991; Pevear, 1992; Clauer and Chaudhuri, 1995;
Środoń et al., 2002; Clauer and Lerman, 2012). The K-Ar technique has been used in studies of
illite in paleosol (Mora et al., 1998), though paleosols are frequently used like any other mudrock
for tracing diagenetic patterns (e.g., Lander et al., 1991).
The Illinois Basin (IB) is known for a thick stratigraphic sequence of Carboniferous
cyclothems formed by recurring transgressive and regressive events. Eustatic changes are
inferred from the presence in cyclothemic strata of marine units, including shale and limestone,
followed by nonmarine units, including sandstone, shale, limestone, and coal (Weller, 1930,
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1931; Wanless, 1931). IB coals have been used for understanding ancient flora and thus
reconstructing Pennsylvanian paleoenvironments (e.g., Phillips et al., 1974; DiMichele and
Phillips, 1996; DiMichele et al., 2006). More important to the present work, these coal beds are
frequently underlain by an underclay, identified as a paleosol (Grim and Allen, 1938; Schultz,
1958; Parham, 1963; Rimmer and Eberl, 1982; Rosenau et al., 2013a,b). Since the
Pennsylvanian strata were likely buried only to depths of 1–3 km (Altschaeffl and Harrison,
1959; Damberger, 1971; Gharrabi and Velde, 1995), paleosols were assumed to have been little
affected by burial diagenesis, thus preserving geochemical signatures in paleosol minerals
derived during episodes of soil formation in the past (Rosenau and Tabor, 2013; Montañez et al.,
2016). The degree of alteration of Pennsylvanian coal organic matter (Schimmelmann et al.,
2009; Teng et al., 2020), hydrothermal mineralization in Pennsylvanian coals (Whelan et al.,
1988), high Pennsylvanian paleotemperatures calculated from paleosol phyllosilicates (Rosenau
and Tabor, 2013), and high percentages of illite in I-S and R1 ordering of illite in Pennsylvanian
paleosols (Chapter 2 herein) and clastic rocks (Moore, 2000, 2003), however, call into question
the pristine pedogenic origins of minerals in Pennsylvanian-paleosols, the phyllosilicates in
particular, in the IB.
Diagenetic alteration in Pennsylvanian rocks of the IB may be attributed to basin-wide
changes following the Pennsylvanian. During the formation and breakup of Pangea from late in
the Permian until the Jurassic, tectonic activity in Laurentia likely led to (1) reactivated faulting
and rifting (Kolata and Nelson, 1990b), (2) ultramafic intrusive magmatism (Clegg and
Bradbury, 1956; Bradbury and Baxter, 1992), and (3) hydrothermal fluid flow (Bethke and
Marshak, 1990; Plumlee et al., 1995; Rowan et al., 2002; Hower and Gayer, 2002).These
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tectonically motivated processes following the Pennsylvanian, may have provided mechanisms
for post-pedogenic illitization of I-S in Pennsylvanian-paleosols of the IB.
The present investigation was intended to discern the genetic origins of illitic minerals in
IB paleosols, sampled from three cores of a N-S transect, of Middle and Upper Pennsylvanian
strata. As the first study in the IB to characterize the clay mineralogy, illite polytypes, and K-Ar
age values of illite and I-S of paleosols, this study provides information on the relative
abundance of detrital and diagenetic fractions of paleosol phyllosilicates to assess the possible
extent of pedogenic mineral preservation. Moreover, since the IB is a relatively shallowly buried
basin, this work highlights complication that can arise in studying the geochemical compositions
of minerals from deep-time paleosols for the purposes of reconstructing ancient climates and
environments.
3.3 Background
The IB is a tectonically stable, cratonic basin, originated by the failure of the early
Paleozoic Reelfoot Rift system (Figure 12; Buschbach and Kolata, 1990; Kolata and Nelson,
1990a; b). The IB is bordered by structural features including the Kankakee Arch to the
northeast, the Wisconsin Arch to the north, the Mississippi River Arch to the northwest, the
Ozark Dome to the southwest, the Cincinnati Arch to the east, and the Nashville Dome to the
southeast (Figure 12; Willman et al., 1975). Through protracted subsidence and sedimentation,
Paleozoic strata were preserved, having a particularly well-known succession of Carboniferous
strata. The Pennsylvanian cyclothemic stratigraphy contains marine and nonmarine units
separated by interbedded coal seams and underclays (Weller, 1930, 1931; Wanless, 1931). The
underclays have been identified as paleosols (Parham, 1963; Rosenau et al., 2013 a,b).
Cretaceous and Tertiary strata are found sparsely covering the Pennsylvanian rocks in the
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southern portion of the basin, and Quaternary sediments overlie most of the strata of the IB
(Willman et al., 1975).

Figure 12 Map of the Illinois Basin. (a) Inset map of the Illinois Basin located in the
midcontinent region of North America. The Alleghenian-Ouachita orogeny, of which the
orogenic belt is noted in blue and green, respectively. (b) The extent of Pennsylvanian strata
(both exposed in outcrop and buried) in the Illinois Basin is depicted here. The basin is
surrounded by arches and domes and contains a series of faults and minor folds, importantly
including the Reelfoot Rift-Rough Creek Graben. Mineral districts are common in and around
the basin, including the Illinois-Kentucky fluorspar and Upper Mississippi Valley (light red).
Samples from three cores are considered for this work, including the Lone Star Cement
Company #TH-1 (LSC; blue), Illinois State Geological Survey #1 City of Charleston (CHA;
orange), and the American Coal Company Borehole 7510-20 (HAM; yellow). Paleolatitude
69

information (Domeier et al., 2012); mineral district locations (Rowan and de Marsily, 2001;
Denny et al., 2008); Reelfoot Rift-Rough Creek Graben (Kolata and Nelson, 1990a); Illinois
Basin Pennsylvanian extent (Rosenau et al., 2013a); faults and folds (Nelson, 1995).

The provenance of detrital minerals in Pennsylvanian units of the IB has been determined
using detrital zircon geochronology. U-Pb dating of detrital zircons from Middle Pennsylvanian
Desmoinesian strata indicate sedimentary provenance, in order from most to least abundant, from
the Grenville (980 – 1300 Ma), Appalachian (Taconic and Acadian orogenies 490 – 350 Ma),
Neoproterozoic (530 – 750 Ma), and Midcontinent or Central Plains (1300 – 1750 Ma) basement
terranes (Kissock et al., 2018). Though no zircons from Upper Pennsylvanian Missourian strata
have been dated, the next and final North American Series of the Upper Pennsylvanian is the
Virgilian, which contains detrital zircons, in order from most to least abundant, from the
Grenville, Appalachian (Taconic and Acadian), and Granite-Rhyolite (>1500 Ma) terranes
(Thomas et al., 2020). Initially proposed by recognition of patterns in cross bedding oriented
from east to west in sandstones of cyclothems (Potter and Glass, 1958), recent studies have
confirmed that abundant detrital sediments were fluvially transported from east to west from
these basement terranes (Kissock et al., 2018; Thomas et al., 2020; Lawton et al., 2021). To a
lesser extent, some of the Pennsylvanian sediments may have been reworked from earlier phases
of Paleozoic sedimentation in the IB (Potter and Pryor, 1961; Potter, 1963).
The depositional age of the Pennsylvanian units in the IB have been dated by correlating
cyclothem packages and conodont stratigraphy in U.S.A. basins, including the Midland,
Midcontinent, Illinois, and Appalachian Basins (Heckel, 2008; Boardman, II et al., 2009;
Kulagina et al., 2009). North American strata have also been correlated to intercontinental
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Pennsylvanian successions such as the Donets Basin (Ukraine) and Ural Mountains (Russia),
which contains zircons from tuffs that have been accurately U-Pb dated (Davydov et al., 2010;
Schmitz and Davydov, 2012). Based upon this biostratigraphic and geochronometric framework,
the upper Middle Pennsylvanian Shelburn Formation (Fm.) and the lower Upper Pennsylvanian
Bond Fm. (Figure 13) were deposited between around 309 Ma and 304 Ma (Cohen et al., 2013).
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Figure 13 Pennsylvanian stratigraphy of the Illinois Basin and sampling intervals. The cores
considered for this study are listed in order from northern to southern, including the LSC, CHA,
and HAM. Each contains samples (numbers denoted in ovals, oval color represents sampling
depth in meters from the surface) collected from two formations, including the Middle
Pennsylvanian Sherburn Fm. and the Upper Pennsylvanian Bond Fm. Important reference units
including coals (dark grey boxes) and limestones (light grey boxes) are noted. TD = total depth.
See Table 5 for core and sample details.

Sample ID Core
Latitud
e (°N)

Table 5 Paper II: Sample details
Core
Global
North
Formatio
Longitud Stage
American
n
e (°W)
Series

LSC-16

-89.0

41.3

LSC-24
CHA40/41

39.5

-88.2

CHA-83
HAM-2

37.9

-88.6

HAM-18
a

Kasimovian Missourian

Bond

Moscovian

Shelburn

Desmoinesian

Kasimovian Missourian

Bond

Moscovian

Shelburn

Desmoinesian

Kasimovian Missourian

Bond

Moscovian

Shelburn

Desmoinesian

Paleosol
Type

Depth
(m)a

calcic
Vertisol
calcic
Vertisol
gleyed
calcic
Vertisol

4.5

gleyed
Vertisol
gleyed
calcic
Vertisol

295.9

gleyed
Protosol

172.2

35.4
203.1

20.5

Depth from the surface

Continued subsidence and deposition from the Pennsylvanian Period into the Mesozoic
Era have been inferred from vitrinite reflectance data of Pennsylvanian coals. In particular, these
vitrinite reflectance values shows increased thermal maturity with increasing depth and correlate
with a south to north decrease in coal rank (Damberger, 1971; Barrows, 1985; Cluff and Byrnes,
1990; Mariño et al., 2015). It is likely that a hydrothermal fluid source is responsible for
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thermally mature organic material in Pennsylvanian strata (Rowan et al., 2002; Hower and
Gayer, 2002; Mariño et al., 2015; Teng et al., 2020).
During the assembly and break-up of Pangea, compressional and subsequent extensional
stress led to structural changes in the IB from the Permian into the Jurassic (Kolata and Nelson,
1990b). Uplift of the LaSalle anticline began in the Pennsylvanian and continued into the
Permian (Figure 12). Other deformation in the Permian included reactivated faulting in the
Reelfoot rift, Rough Creek graben, and Cottage Grove fault system as well as new faulting
forming the Wabash Valley fault system (Figure 12; Kolata and Nelson, 1990a). Igneous
intrusions, including ultramafic lamprophyric dikes and sills (Clegg and Bradbury, 1956;
Bradbury and Baxter, 1992), were emplaced in the Permian (Zartman et al., 1967; Snee and
Hays, 1992; Reynolds et al., 1997; Fifarek et al., 2001). Subsequently hydrothermal
mineralization of fluorite, barite, sphalerite, galena, and other minerals in what is now called the
Illinois-Kentucky fluorspar district is thought to have been a result of mixing of magmatic
volatile fluids and groundwater (Richardson and Pinckney, 1984; Plumlee et al., 1995; Kendrick
et al., 2002).
3.4 Methods
3.4.1 Sampling core
Paleosol samples from strata near the Desmoinesian – Missourian boundary were
retrieved from cores stored at the Illinois State Geological Survey Core Repository in
Champaign, IL, USA. Cores sampled for this study are the Lone Star Cement Company #TH-1
(LSC), Illinois State Geological Survey #1 City of Charleston (CHA), and the American Coal
Company Borehole 7510-20 (HAM; Figures 12, 13; Table 5). One paleosol from each core was
sampled from the Middle Pennsylvanian, or Desmoinesian North American Series, Shelburn
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Formation, near the Danville Coal and Exline and West Franklin Limestone members (Figure
13). Also, one paleosol was collected from each core from the Upper Pennsylvanian, or
Missourian North American Series, of the Lower Bond Formation, near the Fairbanks Coal and
the Flat Creek Coal and the Reel and Hall Limestone members (Figure 13). Paleosols were
separated into horizons, described using established criteria (Retallack, 1988, 2019; Marriott and
Wright, 1993; Kraus, 1999; Tabor and Myers, 2015; Tabor et al., 2017; Beverly et al., 2018),
classified using the Mack et al. (1993) classification, and sampled. See McIntosh (2018) and
Chapter 2 herein for more information on paleosol classifications of these samples.
3.4.2 Laboratory preparation
Each of the six paleosol matrix samples was partially disaggregated by crushing,
suspended in deionized water, and further disaggregated using an ultrasonic agitation bath. Using
centrifugation, <2.0 μm, <0.2 μm, and <0.1 μm equivalent spherical diameter clay-sized
fractions were isolated from each sample (Jackson, 2005) for a total of eighteen subsamples.
Each of the size fractions of the six samples was treated to remove non-clay cementing
minerals from the mixture. This was achieved by treatment with (1) 10% acetic acid to remove
calcite, (2) sodium citrate-bicarbonate-dithionite solution to remove secondary Fe oxyhydroxides, (3) and 30% H2O2 solution to remove organic matter (Jackson, 2005; Sheppard and
Gilg, 1996). Each fraction was then divided into two portions for mineralogical and K-Ar
geochronologic analyses.
3.4.3 Mineralogical characterization using X-ray diffraction
For each of the three size fractions prepared from each sample, the first portion was
allocated to X-ray diffraction (XRD) analysis by (1) preparing oriented smear slides (Kinter and
Diamond, 1956) and (2) drying suspended clays for randomly oriented powder mounts. All XRD
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analyses were performed using a Rigaku Ultima III X-ray diffractometer at Southern Methodist
University using Cu-Kα radiation.
Three sets of oriented aggregates were prepared by (1) air drying, (2) KCl saturation, and
(3) ethylene glycol solvation in a bell jar overnight at 60°C. Oriented-aggregate slides were
scanned over a range of 2 to 30° 2θ with a step size of 0.01° 2θ and a 0.02 second count time per
step. The randomly oriented powder mounts were first heated to 550°C to prevent kaolinite from
interfering in the I-S diffraction pattern, specifically the hkl peak at 2.558 Å, and then scanned}
over a range of 16 to 38° 2θ with a step size of 0.025° 2θ and a 30 second count time per step.
Illite polytype calculations were determined using the results from XRD analyses of the
preheated (to 550°C) randomly oriented powder mounts. The percentage of the illite 2M1
polytype was determined by the area and height of 2M1 specific reflections at 3.74, 3.00, and
2.80 Å divided by the area of the 2.58 Å band, ~2.55 to 2.59 Å (Grathoff and Moore, 1996). The
percentage of the 1M polytype was determined by the area and height of the 1M specific
reflections at 3.66 and 3.07 Å divided by the area of the 2.58 Å band (Grathoff and Moore,
1996). The remaining illite abundance is understood to be 1Md polytype, the disordered form of
the 1M polytype.
3.4.4 Isotope measurements for K-Ar age values
The K-Ar age values of three size fractions were determined for each of six paleosol
samples. Five size fractions, LSC-16 <0.2 μm, LSC-24 <0.2 μm, CHA-83 <0.1 μm and HAM-2
<2.0 μm were analyzed twice while CHA-40/41 <2.0 μm was analyzed thrice to assess
reproducibility and error. This resulted in a total of 24 analyses for K and Ar isotopic
characterization.
A second portion of each separated size fraction was used for the K-Ar work. The
potassium and radiogenic argon-40 contents of each clay fraction were measured from the same
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test portion of air-dried clay by procedures closely similar to those used and described in detail
by De Man et al. (2010) for K-Ar measurements of glauconite concentrates. Briefly, ~30 mg of
each pretreated and dried clay fraction was encapsulated in copper foil. The entire set of capsules
was placed in the argon-extraction line and held under vacuum overnight. Then each capsule was
heated, in order, by an external wire-wound resistance heater for 10 minutes at approximately
1000°C. The extracted argon was isotopically diluted with a known amount of virtually pure 38Ar
added when the heating began. The mixture of Ar isotopes was purified by cold-trapping and
reaction with hot titanium to remove condensable and reactive gases, and its isotopic
composition was measured on an Associated Electrical Industries MS-10 mass spectrometer at
Georgia State University (GSU). Pellets of the interlaboratory reference glauconite GL-O were
also analyzed via the procedures used for the clay fractions. The amount of added 38Ar was
determined by calibration with the interlaboratory reference biotite LP-6 Bio.
After retrieval from the Ar extraction line, each copper capsule, with the enclosed solid,
was digested in a closed fluorocarbon container by a 10:3 mixture (by mass) of concentrated HF
and HNO3 heated at ≤100°C. After digestion, the liquid was evaporated and the remaining solid
was then dissolved in a CsCl and HNO3 solution. K concentrations in test solutions of dissolved
digestate were measured by flame atomic absorption spectrometry (Perkin-Elmer 3110 at GSU)
against reference solutions prepared from standard KCl (NIST SRM-999) and confirmed as
accurate by measurement of K in a solution prepared from LP-6 Bio. K-Ar apparent ages were
calculated using the 40K decay constants and the isotopic abundances for K-Ar geochronology
recommended by Steiger and Jäger (1977).
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3.5 Results
3.5.1 Paleosol clay mineralogy and illite polytypes
From X-ray diffraction patterns collected from oriented-aggregate (Figure 14) and
complementary slowly scanned, powder-diffraction mounts (Figure 15), clay-sized fractions of
IB paleosol matrices include illite, I-S, kaolinite, chlorite, quartz, and calcite.
There is evidence that some non-phyllosilicate minerals remain in the size fractions
prepared from the paleosol samples despite acetic acid, sodium citrate-bicarbonate-dithionite,
and hydrogen peroxide chemical pretreatments. These non-phyllosilicate minerals are noted for
their narrow diffraction peaks in X-ray patterns, which are more common and/or higher in the
patterns of the <2.0 μm fractions than in those of the finer fractions (Figure 14). Furthermore, the
presence of quartz and calcite do not impact the K-Ar results of the phyllosilicates and so does
not impact the conclusions drawn from this work and therefore will not be discussed further
herein.
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Figure 14 XRD patterns of oriented aggregates for characterization of clay mineralogy. Paleosol
matrices and their size fractions, including the <2.0, <0.2, and <0.1 μm clay-sized fractions, were
analyzed following air drying (navy), KCl treatment (salmon), and ethylene glycol (green)
solvation. Samples from the Bond Formation include (a) LSC-16, (b) CHA-40/41, and (c) HAM2. Samples from the Shelburn Formation include (d) LSC-24, (b) CHA-83, and (c) HAM-18. See
results in Table 2.
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Figure 15 Stacked XRD patterns of randomly oriented powder mounts for illite polytype
characterization. Paleosol matrices and their clay-sized fractions, including the <2.0 (yellow,
uppermost), <0.2 (blue, middle), and <0.1 (purple, lowermost) μm, were analyzed following
heating to 550°C to diminish Kaolinite peak interference. Samples from the Bond Formation
include (a) LSC-16, (b) CHA-40/41, and (c) HAM-2. Samples from the Shelburn Formation
include (d) LSC-24, (b) CHA-83, and (c) HAM-18. Peaks in the 2.58 Å band, ~2.55 to 2.59 Å
(34.6–35.2° 2θ), are common to all illites and is used as a base line for all illite polytype
calculations. See results in Table 6 and see text for discussion.
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The phyllosilicate minerals of clay-sized fractions from the IB paleosols include illite,
mixed-layered I-S, kaolinite, and chlorite (Figure 14, Table 6). Chlorite maintains a small
FWHM and therefore is not considered a primary component of the clay mineralogy of IB
paleosols. Kaolinite is a prominent peak in many IB paleosol samples and their size fractions,
though since it does not possess K, it will not be discussed further herein.
Table 6 Clay mineralogy and illite polytype results
Sample ID
Size
Clay
2M1 illite
1M illite
a
Fraction Mineralogy
polytype
polytype
(μm)
abundance abundance
(%) b
(%)
LSC-16

K, I-S
I-S, K
5%
I-S, K
3%
LSC-24
K, I-S
I-S, K
19%
11%
I-S, K
CHA-40/41
K, I-S, tr.
24%
39%
Chl
<0.2
K, I-S
<0.1
K, I-S
28%
CHA-83
<2.0
I-S, K, tr.
42%
Chl
<0.2
I-S
18%
<0.1
I-S
HAM-2
<2.0
I-S, K
10%
<0.2
I-S, K
<0.1
I-S, K
HAM-18
<2.0
K, I-S
72%
<0.2
I-S, K
37%
<0.1
K, I-S
a
Clay mineralogy from XRD oriented aggregate analyses.
Phyllosilicates listed in order from most to least abundant. I-S=
mixed-layer illite-smectite, K=kaolinite, tr. Chl=trace chlorite
b

<2.0
<0.2
<0.1
<2.0
<0.2
<0.1
<2.0

abundances based on peak area
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The illite and I-S peaks were identified by comparing the X-ray patterns of air-dried,
ethylene glycol–solvated, and KCl-treated samples. Specifically, comparing the XRD patterns of
ethylene glycol–solvated and air-dried clays for the peak around 10 Å (~8.8° 2θ) helps to
evaluate the distribution of illite and I-S minerals. In the XRD pattern of the glycol-solvated
clay, there are measurable effects of expansion (“swelling”) of the smectite layers in I-S for most
of the respective size fractions, as the 10 Å peak is widened or split into two (Figure 14) peaks,
one peak at ~10Å for the non-expansible illite layers, and one peak at >10Å for the expansible
smectite layers. These results indicate that most of the illitic materials in these samples are not
discrete illite, but rather include some population of I-S superstructure components.
Illite polytype information is deduced by comparing peaks common to all illites, ~2.58 Å,
and peaks associated with specific illite polytypes (Figure 15). Illite polytype information was
not collected from every size fraction of each sample, due to lack of significant peaks at the
expected angular positions for 1Md, 1M, and 2M1 (Table 6). Out of eighteen XRD patterns, eight
contain peaks associated with the 2M1 polytype, showing the 2M1 polytype to vary in abundance
between 3% and 72% relative to the total amount of illite (Table 6). Two size fractions of
samples LSC-16, CHA-83, and HAM-18 exhibit the 2M1 polytype; in each of these cases the
finer size fraction contains less of the 2M1 polytype than its corresponding coarser size fraction
(Table 6). Only four XRD patterns contain peaks associated with the 1M polytype, and the
corresponding relative abundances are between 10% and 39% (Table 6). The remaining illite
(not tabulated) belongs to the 1Md polytype.
3.5.2 K-Ar isotope data
Potassium abundance amongst the twenty clay-sized fractions varies from 2.73 to 4.79
weight % K with an average of 3.77 wt % K. The K-Ar age values vary from 311 to 218 Ma, for
an average of 273 Ma (Table 7, Figure 16). For all six paleosol samples, there is a positive
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correlation between grain size and age value, in that finer fractions tend to have smaller age
values than the coarser fractions of the same samples (Figure 16). In most cases, the age value
for the <0.1 µm fraction is far less (by roughly 50 million years) than that for the <2.0 µm
fraction. There is no clear correlation between the age values for a paleosol and its sampling
depth (Table 5). Within the same core, however, paleosol samples from the older Shelburn Fm.
tend to have larger age values than samples from the younger Bond Fm. (Figure 16). Moreover,
age values for specific size fractions from the southernmost core, HAM, are generally larger than
those for corresponding fractions from the CHA and LSC cores (Figure 16).
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Sample ID

LSC-16

Table 7 K-Ar results for illitic minerals
40
Size
K
Ar* 40Ar*
K-Ar
Fraction
(wt. %) (%) a (nmol/k Age
(μm)
g)
Value
(Ma)
<2.0
<0.2

K-Ar
Age
Value
Error (±
Ma) b
5
10
35
10
5
10
5
10
10
5
5
10
10
10
10
45
10
35
5
15

2.74
89
1378
269
3.08
87
1466
256
3.08
91
1464
255
<0.1
2.73
81
1096
218
LSC-24
<2.0
3.77
91
1985
281
<0.2
3.94
94
2066
280
3.73
92
1806
260
<0.1
3.98
92
1988
268
CHA-40/41
<2.0
3.48
90
1813
278
3.44
84
1800
279
3.46
87
1816
280
<0.2
3.80
92
1894
267
<0.1
3.80
90
1627
231
CHA-83
<2.0
3.83
92
2135
296
<0.2
4.79
93
2376
266
<0.1
4.62
95
2596
298
4.62
93
2162
251
HAM-2
<2.0
3.59
94
2116
311
3.52
96
1998
301
<0.2
4.25
92
2327
291
<0.1
4.13
75
23655
240
HAM-18
<2.0
3.80
94
2237
311
10
<0.2
4.16
94
2401
305
35
<0.1
4.21
91
2090
266
10
a 40
Ar* = radiogenic argon. Remaining percentage is
atmospheric 40Ar.
b
Uncertainties in apparent ages are calculated from the effect of analytical
errors at the 95% confidence level (2σ).
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Figure 16 K-Ar age values (Ma) from clay-sized fractions of Illinois Basin paleosols. Paleosol
matrices and their size fractions, including the <2.0 (top left to bottom right stippled diagonal),
<0.2 (cross hatched), and <0.1 (top right to bottom left diagonal) μm are from the LSC (blue),
CHA (orange), and HAM (yellow) cores. Vertical black bars within the boxes indicate the
calculated K-Ar age value, while the length of the boxes includes the 2σ error associated with the
analyses of that sample. HAM-2 <0.1 μm is noted as a star due to issues with analytical
measurement and thus unknown error. Each set of samples from the same core is listed in
stratigraphic order, such that HAM-18, CHA-83, and LSC-24 are from the Middle
Pennsylvanian Shelburn Fm. and HAM-2, CHA-40/41, and LSC-16 are from the Upper
Pennsylvanian Bond Fm. Age values from highly imprecise isotopic analyses, except that for the
HAM-18 <0.2 µm fraction, have been supplanted by age values from more-precise isotopic
analyses and are not shown. See Table 7 for results and text for discussion.
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The uncertainties of the K-Ar apparent ages were calculated from the 95% confidence
level, or 2σ, and vary from ± 5 Ma to ± 45 Ma (Table 7). The larger error values, specifically
those above ±10 Ma, are due to failure of the mass spectrometer ion source’s electron-current
controller after argon from the first three of the 20 test portions originally prepared for this study
had been analyzed. During some of the isotopic analyses after that controller failed, abrupt,
relatively large changes in the electron current caused the ion currents to be inconsistent, leading
to irremediable, large variability in calculated isotope ratios. Age values from highly imprecise
isotopic analyses, except that for the HAM-18 <0.2 µm fraction, have been supplanted by age
values from more-precise isotopic analyses and are not shown on Figure 16.
A special case is the age value for the <0.1 μm size fraction of sample HAM-2. The mass
of that fraction was the smallest of those used for the present K-Ar work, so an attempt was
made to dilute its argon with a reduced amount of 38Ar. The result was an age value (about 450
Ma) inconsistent with the clear pattern of K-Ar age values exhibited by all the other clay size
fractions of the present study. The inconsistency is attributed to loss, owing to a faulty valve, of
some of the 38Ar thought to have been added. Because the amount of 38Ar lost is unknown, the
40

Ar content and age value for the HAM-2 <0.1 um fraction was obtained by treating its isotopic

analysis as an “unspiked run,” disregarding the 38Ar signal and assuming that the operational
sensitivity for the two other Ar isotopes was the same as in the immediately preceding isotopic
analysis. In recognition of that assumption, on Figure 16 the uncertainty of the age value is
accompanied by question marks. Detailed support for the chosen treatment of this special case is
available as supplementary information.
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3.6 Discussion
3.6.1 Characterization of illitic minerals
Illitic minerals in paleosols may be inherited as a detrital component of sedimentary strata,
form during episodes of pedogenesis in the geologic past, or formed during burial diagenesis
(Tabor and Myers, 2015). Detrital I-S and illite may be found in soils and paleosols, typically
indicating immature soil development, possibly in arid climates that are not favorable for
chemical weathering during soil formation (Southard and Miller, 1966). Presence of authigenic,
soil formed I-S in paleosols is thought to represent wet followed by dry cycles in a seasonal
climate. Seasonality will cause hydrous clay minerals like smectite or I-S to take in water into
the interlayer space during the wet seasons and lose the water during the dray seasons. Smectite
and I-S subjected to repeating wetting and drying cycles, at surface temperatures, can encourage
K fixation and thus illitization (Eberl et al., 1986; Deconinck et al., 1988; Righi et al., 1995).
Illite and I-S in paleosols may also have formed during diagenesis, as the temperature, pressure,
availability of K and other elements, inorganic fluid chemistry, etc. change, advancing illitization
(Hower et al., 1976; Hoffman and Hower, 1979; Pytte and Reynolds, 1989; Velde and Vasseur,
1992).
Paleosols in Pennsylvanian strata of the IB possess gley, calcic, and vertic properties
(Rosenau et al., 2013a; McIntosh, 2018). Rosenau et al. (2013a) suggested that IB paleosols are
polygenetic, such that a singular soil likely experienced multiple episodes of pedogenesis, the
first with arid conditions producing calcic features or seasonal conditions producing vertic
features, and the second with waterlogged conditions producing gleyed features. It should be
noted that some IB paleosols are Protosols (Rosenau et al., 2013a), which are immature
paleosols, with some evidence of pedogenic features (Mack et al., 1993). Studies of the clay
mineralogy of IB Pennsylvanian-paleosols corroborate the findings herein (Figure 14), such that
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I-S is common across the basin (Grim and Allen, 1938; Schultz, 1958; Huddle and Patterson,
1961; Parham, 1963; Rimmer and Eberl, 1982; Elsass et al., 1997; Rosenau et al., 2013a;
Chapter 2). Although the mineralogy is accepted, the origins of IB paleosols is debated.
Sediments in paleosols may be detritus, sustaining no alteration after deposition (Grim and
Allen, 1938; Parham, 1963). Since both vertic features found in paleosol morphologies and I-S
may be formed under seasonal climate conditions, I-S may have formed during pedogenesis, or
at least weathering during long-term exposure to the atmosphere, in the Pennsylvanian (Worthen,
1866; Weller, 1930; Rosenau et al., 2013a, 2013b). Diagenetic influences such as acid leaching
from coal seams, large illite crystals, and hydrothermal fluid flow (Rimmer and Eberl, 1982;
Elsass et al., 1997; Chapter 2 herein) should also be considered.
There are three primary polytypes of micas, and mica like minerals such as illite, are 1Md,
1M, and 2M1 (Baronnet, 1992). The growth sequence for micas, including illite, is 1Md → 1M →
2M1, which may extend to 3T (Yoder and Eugster, 1955). This sequence is in the sense of
Ostwald’s rule, such that 1Md and 1M are metastable and 2M1 is stable (Velde, 1965). The
polytypes in the latter part of the sequence are more resistant to alteration, and therefore may be
preserved, despite weathering and erosion, as a detrital component of sedimentary rocks. While
1Md or 1M illite polytypes are thought to represent the authigenic component of a sedimentary
rock, possibly produced during diagenesis. As such, clastic sedimentary rocks often have coarser
size fractions that are richer in the larger 2M1 illite polytype while finer size fractions are richer
in crystallites with 1Md or 1M illite polytypes (Bailey et al., 1962; Pevear, 1999).
If paleosols are subject to burial diagenesis, the resulting assemblage of illite polytypes
should mirror the trends observed in clastic sedimentary rocks that have experienced burial
diagenesis. The only difference between paleosols and sedimentary rocks is that the recognition
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1Md or 1M illite polytypes in a paleosol could indicate authigenesis during ancient soil formation
or diagenesis. When considering polytypes of illite in the model of paleosol formation, we would
expect 2M1 illite to first be a component of the terrigenous clastic parent material. During soil
formation, minerals from the parent material such as 2M1 illite, are incorporated into the soil,
where the polytype may or may not change. Any detrital 1Md or 1M illite may be subject to
chemical changes during pedogenesis. Pedogenesis also involves non-clay minerals, such that
soil formed I-S has a polytype of 1Md or 1M. When a soil is buried and lithified, illitization may
commence and/or continue, such that diagenetic I-S and illite may possess 1Md and 1M
polytypes.
For the present study, illite polytypes were not determined for all the size fractions of
each sample (Figure 15). To understand polytype similarities and differences amongst multiple
size fractions herein, there are three of the six samples where illite polytypes were recognized in
two size fractions, including LSC-16, CHA-83, and HAM-18 (Table 6). For each of these three
samples, the coarser size fraction contained more of the 2M1 polytype (relative to all illite) than
the finer size fraction (Table 6). Therefore, illite of coarser size fractions of paleosols are richer
in detrital illite, confirming the illite polytype trend observed in clastic sedimentary rocks can
apply to paleosols. There are two samples of which the finest size fraction (<0.1 μm) yielded
illite polytype information, including LSC-16 and CHA-40/41 (Table 6). Both samples have
almost entirely 1Md and 1M polytypes, indicating that these samples are composed of mostly
authigenic illitic minerals.
The HAM-18 sample possesses a greater relative abundance of the 2M1 illite polytype
(relative to all illite) out of all the samples. Abundances of the 2M1 illite polytype decreases as
latitude increases, such that samples from the northernmost LSC core has the lowest relative
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abundance of 2M1 illite polytype (relative to all illite, Table 6). These results indicate that the
paleosol from which HAM-18 was sampled may be richer in detrital illite than paleosols from
more northern cores.
HAM-18 is sourced from a paleosol that was classified as a gleyed Protosol (Table 5),
which means that it is an immature paleosol with some gleyed properties such a grey matrix
color (G14-15/N), sulfide mineralization, and other redoximorphic features (McIntosh, 2018).
Gleyed features were likely acquired during waterlogging of the soil following an initial stage of
weak pedogenesis (Rosenau et al., 2013a). Since the Protosol from which HAM-18 is sourced is
weakly developed, this paleosol is likely to have more detrital minerals that were never altered
during pedogenesis. Conversely, all the other paleosols from which phyllosilicates were sampled
for this work are more mature paleosols, with calcic and vertic features (Table 5). Moreover,
samples from more morphologically developed paleosols have a greater relative abundance of
1Md or 1M illite polytypes, indicative of authigenic origins. Therefore, the relative abundance of
detrital to authigenic illite polytypes results herein align with observed paleosol
macromorphologies.
For the samples and their size fractions for which illite polytypes may be understood, this
work finds evidence for the presence of 1M and 2M1 polytypes. This indicates that
Pennsylvanian-paleosols of the IB contain multiple generations of illite that likely include
detrital and authigenic origins, where authigenic means pedogenic or diagenetic.
3.6.2 Interpreting K-Ar age values of clay mixtures from paleosols
K-Ar age values of multiple size fractions of paleosol matrices are a function of the
distribution of detrital (older than the paleosol), pedogenic, and diagenetic (younger that the
paleosol) illite and I-S. Since a singular paleosol is likely a heterogeneous mixture of detrital,
pedogenic, and/or diagenetic illite and I-S, the K-Ar age value is not indicative of a specific
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event at that calculated time. The resulting K-Ar age values reflect the ratio of the total
radiogenic Ar to total K in a mixture, which probably doesn’t correspond to the ratio of
radiogenic Ar to K in any part of the mixture. Much like finding of K-Ar ages in clastic
sedimentary rocks that have been diagenetically influenced (e.g., Grathoff and Moore, 1996;
Bechtel et al., 1999; Elliott et al., 2006), K-Ar age values from paleosols are expected to be
viewed as a weighted average of the ages of diagenetic, pedogenic, and detrital illite and I-S.
Previous determinations of K-Ar age values from K-bearing sedimentary phyllosilicate
minerals have revealed that smaller size fractions generally exhibit smaller age values, and this
trend was once attributed to error associated with a mechanical loss of radiogenic 40Ar (a gas)
from the illite crystal lattice with decreasing grain size (Hurley et al., 1960). Other studies
showed that finer-sized K-bearing phyllosilicate fractions should contain more authigenic
crystallites, indicating a higher authigenic/detrital ratio than coarser size fractions, and thus a
smaller age value (e.g., Clauer, 2013).
At sub-metamorphic, diagenetic temperatures (<150°C), Ar is not expected to be lost
from an illite or I-S mineral (e.g., Elliott et al., 1991). Though K may be added to a pre-existing
smectite or I-S mineral, of any origin, by way of solid-state transformation, such that the
calculated K-Ar age of that singular mineral reflects when illitization ceased. More specifically,
the K-Ar age values of an individual illite or I-S crystal, reflect the final, cumulative
crystallization of that mineral, and when the mineral became a closed system with respect to K.
K-Ar age values reflect neither the beginning nor the amount of time association with illitization,
which can vary (Morton, 1985; Elliott et al., 1991; Clauer, 2013). Since IB Pennsylvanianpaleosols are likely mixtures of I-S and illite of varying origins, the K-Ar age value will reflect a
weighted average of all the K-Ar ages of singular illitic minerals in that paleosol sample.
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If illite and I-S from Pennsylvanian-paleosols in the IB have pedogenic and detrital
origins, we should expect to see K-Ar age values that have weighted average K-Ar age values
that include pedogenic minerals from the Middle – Late Pennsylvanian (315–299 Ma), and
detrital minerals from the Grenville (980–1300 Ma) and Appalachian (490-350 Ma) basement
terranes and possibly from reworked sediments of the Mississippian–Lower Pennsylvanian strata
(359–315 Ma; Schmitz and Davydov, 2012; Cohen et al., 2013). K-Ar age values of illite and I-S
from Middle and Upper Pennsylvanian-paleosols in this study range from 346 Ma to 208 Ma,
inclusive of error (Table 7; Figure 16). This range extends beyond the and the Late
Pennsylvanian– Early Permian boundary. Since K-Ar age values of I-S and illite mixtures
represent a combination of mineral ages, this range in K-Ar age values indicates that illite and IS in Pennsylvanian-paleosols of the IB are a combination of detrital and diagenetic formation
processes. Since the K-Ar age of a pedogenic I-S mineralization is in the middle of this K-Ar age
value range, its signal or impact on the weighted average may not be clear.
K-Ar age values are smaller in all size fractions of paleosols from the Upper
Pennsylvanian Bond Fm., compared to K-Ar age values of the same size fractions of paleosols
from the Middle Pennsylvanian Shelburn Fm. in the same core (Figure 16). Since most
Pennsylvanian sediments, both in the Middle and Upper, are thought to be deposited from a
similar fluvial source whose provenance is dominantly from the Grenville and Appalachian
terranes (Kissock et al., 2018; Thomas et al., 2020; Lawton et al., 2021), it is unlikely that there
was a significant change in the source detritus that is positively skewing K-Ar values calculated
from Shelburn paleosols.
K-Ar age values are larger in size fractions from the HAM core in the southern IB, and
become progressively smaller with increasing latitude, with the smallest K-Ar age values in the
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northern LSC core (Figures 12, 16). As noted in the discussion of illite polytypes, the paleosol
from which HAM-18 was sampled may contain a greater abundance of detrital illite (relative to
all other illite), which may make the K-Ar age value greater. This means that samples from the
CHA and LSC cores may have a greater abundance of authigenic diagenetic illite (relative to all
other illite).
As noted, K-Ar age values extend past the Middle–Late Pennsylvanian boundary,
indicating that some pedogenic illite and I-S continued to exchange K after soil formation in the
Pennsylvanian. This suggests that a diagenetic component has influenced the average ages of
illite and I-S in those paleosols. Since the finer fractions of paleosols likely contain a greater
abundance of authigenic, in this case, diagenetic illite and I-S, those ages may be useful
approximations of diagenetic end members for understanding when diagenesis occurred. The KAr age values of the <0.1μm fraction range from 268‒218±10 Ma, excluding the other CHA-83
<0.1μm result because it has a large error of ±45 Ma (Table 7). These K-Ar age values indicate
that illite and I-S in these paleosols became closed systems to K in the sometime in the
Permian‒Triassic. This means that diagenetic illitization likely occurred sometime after
pedogenesis ended in the Middle‒Late Pennsylvanian, which was probably triggered during the
Permian.
3.6.3 Mechanisms for post-pedogenic illitization
The K-Ar age values of the paleosol clay size fractions show that illitization ended at
some time after the time of soil formation in the Middle and Late Pennsylvanian. Important
questions are how and when conditions in the IB became favorable for post-pedogenic illitization
in these paleosols. For diagenetic illitization of pre-existing smectite and I-S owing to occur,
there must be (1) sustained temperatures ≥ 65°C, (2) high water/rock ratios, (3) ample aqueous K
species in reacting solutions, and (4) time. These factors impact the reaction rate and ultimate
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extent of transformation of smectite to illite (Hower et al., 1976), such that existence of these
conditions will be considered to provide an explanation for the dataset presented herein.
Lamprophyric, or ultrapotassic, igneous intrusions in the area of the Illinois-Kentucky
fluorspar district (Figure 12) are thought to have formed from alkaline ultramafic magma
sourced from the lower crust (Kolata and Nelson, 1990b; Bradbury and Baxter, 1992). These
intrusions may have formed during northeast-southwest extension of the North American plate
with subsequent partial melting of the mantle (Fifarek et al., 2001). Some of these intrusions
have been dated to 258±13 and 281±14 Ma using the K-Ar technique on biotite and hornblende,
respectively (Figure 17; Zartman et al., 1967). Phlogopite, biotite, and amphibole yield 40Ar/39Ar
plateau and isochron ages of from 272.7±0.7 to 267.8±1.3 Ma (Snee and Hays, 1992; Reynolds
et al., 1997; Fifarek et al., 2001; Denny, 2005; Figure 17). These geochronologic data strongly
indicate an intrusive igneous event with crystallization of igneous minerals near the middle of the
Permian in the region around the southern IB (Figure 12, 17).
This igneous intrusive activity is important because heat would have propagated from the
Illinois-Kentucky fluorspar district into pre-Permian sedimentary strata of the IB via conductive
and advective flow. Though conductive heat flow from the intrusive igneous rocks would only
have had a limited regional effect, warmed groundwater may have migrated through surrounding
rocks (Mariño et al., 2015), providing a source for hydrothermal fluids to at least part of the IB.
Heat may also have come from fluids expelled episodically from magmatic bodies as different
minerals crystallize, releasing element-rich fluids into the surrounding host rock. In the IB, this
led to fluorite, barite, sphalerite, galena, and other mineralization in the Illinois-Kentucky
fluorspar district along fault zones and as strata-bound, bedding-replacement deposits
(Richardson and Pinckney, 1984; Spry et al., 1990; Denny et al., 2008) that likely occurred
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during Permian time based on 147Sm/144Nd isochron apparent ages of fluorite crystallization
(Chesley et al., 1994). Conversely, paleomagnetic data (Symons, 1994), strontium isotopes (Ruiz
et al., 1988), U-Pb and Th-Pb of calcite (Brannon et al., 1997) all indicate fluorspar
mineralization in the Jurassic. Therefore, it appears that there were multiple hydrothermal events
in the IB following the Pennsylvanian that may have triggered mineral alteration in the basin,
although the Hicks Dome emplacement was in mid-Permian time.

Figure 17 Burial curves from the “hybrid case” model (Rowan et al., 2002), where burial plus
hydrothermal fluid flow is considered. Burial curves are color coded to locations in the basin
(Figure 12), the Fluorspar district (yellow), north-central basin near the LSC core (blue) and the
Upper Mississippi Valley (UMV, red). The temperature of the Herrin Coal at 270 Ma in the
Fluorspar and UMV is noted by a dashed line and those T values in grey. Ages of igneous
intrusions (black box) near the Illinois-Kentucky fluorspar district (Zartman et al., 1967; Snee
and Hays, 1992; Reynolds et al., 1997; Fifarek et al., 2001; Denny, 2005), fluorspar
mineralization (purple box; Chesley et al., 1994; Brannon et al., 1997), Kiaman authigenic
magnetization (pink box; Lu et al., 1990), and approximate age of Middle and Upper
Pennsylvanian paleosols (green box) are depicted above the plot.
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There is a hypothesis for long-range brine migration, motivated by topographic relief in
the Ouachita Mountains, from south to north across the IB (Bethke, 1986; Bethke and Marshak,
1990; Garven et al., 1993; Plumlee et al., 1995). Although the feasibility of basin-wide fluid
migration event(s) has been disputed (Spirakis, 1995), mineralization patterns similar to those
observed in the fluorspar district also are observed separately in the upper Mississippi Valley
zinc-lead district. These minerals likely were emplaced during the Permian (Brannon et al.,
1992), giving some support to a genetic connection between the upper Mississippi Valley and
fluorspar mineralization. The origin of these fluids is unclear, it is likely a mix of magmatic
water and groundwater (Richardson and Pinckney, 1984; Plumlee et al., 1995; Kendrick et al.,
2002).
Vitrinite reflectance data from Pennsylvanian coals, shales, and underclays indicate a
south to north decrease in coal rank and increased thermal maturity in organic matter with
increasing depth (Altschaeffl and Harrison, 1959; Damberger, 1971; Barrows, 1985; Cluff and
Byrnes, 1990; Gharrabi and Velde, 1995). It is possible that hydrothermal fluid flow caused
elevated thermal maturity in organic matter (Rowan et al., 2002; Hower and Gayer, 2002;
Mariño et al., 2015; Teng et al., 2020), though burial by ~1-3 km of sediment may be a
contributing, albeit less important, factor (Figure 17; Rowan et al., 2002).
In previous studies of illitization and burial diagenesis, it was suggested that K may be
sourced from the degradation of K-feldspars and micas (e.g., Aronson and Hower, 1976). The
underlying Paleozoic strata is composed of many clastic units (Willman et al., 1975) to where it
is possible that chemical weathering process impacted K-bearing detritus. Diagenesis has been
observed in clastic units of the IB, such as the Cambrian Mount Simon Sandstone and Eau Claire
Fm., the Ordovician St. Peter Sandstone (Appendix AI) and Maquoketa Group, and
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Pennsylvanian Browning Sandstone and Purington Shale (Odom et al., 1979; Pitman and Spötl,
1996; Fishman, 1997; Pitman et al., 1997; Moore, 2000, 2003; Chen, 2001; Grathoff et al., 2001;
Pollington et al., 2011; Hyodo et al., 2014; Denny et al., 2017). The lamprophyre dikes emplaced
associated with the Hicks Dome are definitively high in potassium from abundant magmatic
micas (Rock, 1986) and may have provided a sustained source of K, fluids, and heat needed to
promote illitization, albeit only regionally.
There is not enough convincing evidence for burial and hydrothermal fluid flow to
achieve sufficient temperature, water/rock ratios, and aqueous K to account for illitization
patterns across the basin in space and strata. However, with advanced stages of diagenetic
maturity in organic matter and phyllosilicates, this may indicate low-temperature, timedependent, or protracted, diagenesis, which drives illitization processes (Velde and Vasseur,
1992). The extended time component in the IB was suggested to explain illitization in the
Devonian-Mississippian New Albany Shale (Gharrbi and Velde, 1992) and the Pennsylvanian
Browning Sandstone and Purington Shale (Moore, 2000; 2003). These studies suggest that burial
of at least 1.5 km began in the Mesozoic and continued into the Tertiary (now called the
Paleogene-Neogene Period, Cohen et al., 2013) and erosion took place in the Tertiary (Gharrabi
and Velde; Moore, 2000; 2003).
3.7 Conclusions
This study was intended to assess the abundances of detrital and diagenetic components
of illite and I-S in Pennsylvanian-aged underclays, or paleosols, from the Illinois Basin in order
to understand the likelihood of pedogenic phyllosilicate preservation in these paleosols. XRD
analyses of multiple clay-sized fractions of each sample indicate that illite and I-S are abundant
in these paleosols, and they have polytypes of 1M, 1Md and/or 2M1. The detrital 2M1 polytype is
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more common in a morphologically immature paleosol of the southern HAM core, while all
other paleosols sampled herein are more mature Vertisols and contain more of the 1M and 1Md
illite polytypes. 2M1 polytypes are more prominent (relative to all other illite) and K-Ar age
values are greater in coarser size fractions. Larger K-Ar age values occur in the southern most
HAM core, providing support for a greater detrital input to that core. Smaller K-Ar values occur
in the central CHA and northern most LSC cores, whereby the finest fractions of these cores,
thought to contain mostly authigenic illitic minerals, have K-Ar values in the Permian.
Previous studies of IB paleosols were predicated on the assumption that shallow burial
had minimized the extent of mineral alteration during burial diagenesis. If so, pedogenic
minerals would have been preserved and their geochemical composition would be original to the
Pennsylvanian and could be used to reconstruct ancient environments and climates (e.g.,
Rosenau and Tabor, 2013). Conversely, other previous studies suggested that diagenetic
alteration had occurred not only throughout the underlying Paleozoic strata but also in
Pennsylvanian units of the IB (e.g., Chapter 2 herein). The results of the present study provide
robust support for the latter hypothesis by delivering mineralogical and geochronometric
evidence indicating that Pennsylvanian paleosols contain detrital and diagenetic illitic minerals.
Since K-Ar age values are weighted averages of multiple illites in an IB paleosol, end member
detrital and diagenetic illite may obscure the influence of pedogenic illitic minerals on these
calculations. Igneous intrusive activity, faulting, clastic diagenesis, and hydrothermal fluid
migration starting in the Illinois-Kentucky fluorspar district may have provided appropriate K,
fluids, and moderate temperatures over time to encourage illitization after soil formation in the
Pennsylvanian. These conditions were likely triggered in the Late Pennsylvanian‒Permian, as the
assembly of Pangea lead to orogenesis in Laurentia.
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Future work will assess the δ18O and δ2H of the same set of illite and I-S minerals studied
herein to characterize the fluids responsible for and temperatures of initial phyllosilicate mineral
formation and subsequent alteration, including illitization, in IB paleosols. The resulting
combined stable- and radio-isotope data could provide insights into the abundances of pedogenic
and diagenetic phyllosilicate components of paleosols and the illitization reaction mechanisms
that operated during ancient soil formation and/or diagenesis.

98

CHAPTER 4
Paper III: EXAMINING PEDOGENIC AND DIAGENETIC FORMATION OF MINERALS IN
SHALLOWLY BURIED PALEOSOLS OF THE ILLINOIS BASIN USING STABLE
ISOTOPE GEOCHEMISTRY
4.1 Abstract
Paleosols samples were collected from seven cores spanning Middle- to UpperPennsylvanian strata in the Illinois Basin. X-ray diffraction and chemical analyses of clay sized
fractions (n =18) indicate illitic minerals and kaolinite coexist in paleosol matrices.
Phyllosilicate mineral mixture δ2H and δ18O values range from -96‰ to -36‰ and 11.9‰ to
21.1‰ (V-SMOW), respectively. After calcites were screened for diagenesis using petrography
and cathodoluminescence (n =41), measured Δ47 values range from 0.460 – 0.591 ‰ (I-CDES).
Resulting precipitation temperatures estimates for phyllosilicate minerals are 21 to 66 °C,
whereas temperature estimates for calcites 26.2 to 84.3 °C, respectively. Calculated soil δ18Owater
values from which phyllosilicate minerals and calcites precipitated under chemical equilibrium
ranges from -8.6 to -1.2 ‰ and -1.4 to +8.1 ‰, respectively. Hypothetical modern surface
domain arrays and warm earth surface domain arrays were calculated for the phyllosilicates
using calculated fractionation factors from elemental data, such that most samples plot outside
both surface domains. Closed-system, partial isotopic exchange chemical models with
hypothetical pedogenic 2:1 phyllosilicates and hydrothermal water suggests that post-pedogenic
mineral and isotopic alteration explain the resulting geochemical and apparent non-MSD
temperatures calculated herein. These results indicate that many phyllosilicates and calcites have
been geochemically altered since their original formation in the Pennsylvanian, though there may
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be some preservation of pedogenic geochemical signatures. Heterogenous origins of minerals in
paleosols provides added complications for future studies which seek to use the geochemical
composition of paleosol minerals to reconstruct ancient environments.
4.2 Introduction
Paleosol phyllosilicates and calcites may preserve geochemical signatures reflective of
exchange with their environment during episodes of soil formation in the geologic past (Cerling
and Quade, 1993; Savin and Hsieh, 1998; Sheldon and Tabor, 2009) if they have remained a
closed system following their formation. The oxygen and hydrogen isotopic compositions of soil
water, sourced from meteoric water, and the temperature of the soil environment will impact the
resulting oxygen and hydrogen isotopic compositions of phyllosilicates (Savin and Epstein,
1970a) and the oxygen isotopic composition of paleosol calcites (Cerling, 1984; Cerling and
Quade, 1993). Whereas the carbon isotopic composition of paleosol calcites is sourced from
dissolved CO2 in solutions and the temperature of the soil environment (Cerling, 1984). The
problem with studying these pedogenic minerals is determining whether their measured
geochemical compositions are original to processes of ancient soil formation and do not
represent inherited materials as detritus (Eberl, 1984) or diagenetic alteration as the host basin is
buried and subject to high temperatures and/or hydrothermal fluids (Curtis, 1985; Nesbitt, 1992;
Mora et al., 1998; Merriman, 2005; Swart, 2015; Zamanian et al., 2016). Therefore, in order to
use paleosol phyllosilicates and calcites as proxies for paleoclimate reconstructions, there must
be a thorough consideration and subsequent elimination of detrital and diagenetic possibilities.
For phyllosilicate minerals, the two-element (O and H), single mineral geothermometer
may provide the precipitation temperature and value of the source fluid if it formed in
equilibrium with meteoric water (Savin and Epstein, 1970a, 1970b; Lawrence and Taylor Jr.,
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1971; Lawrence and Taylor, 1972; Savin and Lee, 1988; Lawrence and Rashkes-Meaux, 1993;
Sheppard and Gilg, 1996; Delgado and Reyes, 1996; Savin and Hsieh, 1998; Vitali et al., 2002;
Tabor and Montañez, 2005; Myers et al., 2011, 2012; Rosenau and Tabor, 2013; Andrzejewski
and Tabor, 2020). Though δ18O and δ2H values of phyllosilicates may also provide insights on
diagenetic alteration because the isotopic composition of the fluid involved during diagenesis
may be, for example, enriched with 18O if the fluid has exchanged with silicate host rocks
(Sheppard et al., 1969; Yeh and Savin, 1977; Yeh and Eslinger, 1986; Bird and Chivas, 1988;
Longstaffe and Ayalon, 1990; Uysal et al., 2000; Marfil et al., 2005; Rosenau and Tabor, 2013).
For paleosol calcites, the clumped isotope geothermometer (Δ47) provides precipitation
temperatures without knowing the δ18O value of the fluid in equilibrium with the carbonate
during precipitation (Ghosh et al., 2006; Eiler, 2007). With this precipitation temperature, the
δ18O value of the fluid from which the calcite precipitated may be calculated (Passey et al., 2010;
Eiler, 2011; Quade et al., 2013b). However, primary calcites are susceptible to varying degrees
of alteration via C–O bond reordering (Henkes et al., 2014), such that Δ47 geothermometry may
also be useful to understand diagenetic processes (Huntington et al., 2011; Bergman et al., 2013;
Dale et al., 2014; Henkes et al., 2014; Huntington and Lechler, 2015; Lawson et al., 2017).
The Illinois Basin (IB) is known for a thick stratigraphic sequence of Carboniferous-aged
cyclothems, thought to have been deposited in response to alternating transgressive and
regressive cycles (Weller, 1930, 1931; Wanless, 1931; Wanless and Weller, 1932; Wanless and
Shepard, 1936; Heckel, 2008; Cecil et al., 2014). Cyclothemic strata is defined by repeating
marine units, including shales and limestones, followed by nonmarine units, including
sandstones, shales, limestones, coals, and underclays (Weller, 1930, 1931; Wanless, 1931;
Fielding, 2021). IB underclays are hackly and argillaceous, lack bedding, contain rooting
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structures, and morphologic structure and horizonization akin to modern soils (Worthen, 1866;
Grim and Allen, 1938). Therefore, IB underclays have been interpreted to represent paleosols
(Grim and Allen, 1938; Schultz, 1958; Huddle and Patterson, 1961; Parham, 1963; Rimmer and
Eberl, 1982; Rosenau et al., 2013a, 2013b).
From studies of paleoflora (Phillips et al., 1974; Pfefferkorn and Thomson, 1982;
DiMichele and Phillips, 1996; Peppers, 1996; Pfefferkorn et al., 2008; DiMichele et al., 2010),
which may occur in coals and other paleosol types, and paleosol morphology and geochemistry
(Rosenau and Tabor, 2013; Rosenau et al., 2013a, 2013b; Montañez et al., 2016), the
paleoclimate of the IB during the Pennsylvanian is thought to be similar to modern dry subhumid to semi-arid tropical environments (Phillips and Peppers, 1984; Poulsen et al., 2007;
Falcon-Lang and DiMichele, 2010; Rosenau et al., 2013b; Cecil et al., 2014). Crystallization
temperatures derived from stable oxygen and hydrogen isotopes values of phyllosilicate mixtures
from IB Pennsylvanian paleosols indicate formation around 22 ± 3 °C to 55 ± 3 °C. The apparent
phyllosilicate crystallization temperatures increase from the middle into the upper Pennsylvanian
strata (Rosenau and Tabor, 2013).
Although geochemical-based paleoclimate studies have assumed limited diagenetic
alteration of IB paleosol minerals, there is some evidence for high temperature overprinting on
the geochemistry of Pennsylvanian strata. Firstly, Rosenau and Tabor (2013) found that I-S and
kaolinite mixtures from IB paleosols have calculated precipitation temperatures between 44 to 55
°C, concluding these did not likely form during pedogenesis, but rather burial diagenesis.
Furthermore, recent evidence from XRD and K-Ar analyses of illitic minerals from IB paleosols
suggest that illitization may have continued after the Pennsylvanian, such that these
phyllosilicate assemblages are not forming entirely during pedogenesis (Chapter 3 herein). It has
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also been suggested that advanced thermal maturity of organic material (Damberger, 1971;
Cobb, 1981; Cluff and Byrnes, 1990) and fluid inclusions (Whelan et al., 1988) in coals from
Pennsylvanian strata may have been spurred by burial and/or hydrothermal fluid flow, where the
latter was sourced from igneous activity during extension of the Reelfoot Rift in the Permian
(Rowan et al., 2002; Hower and Gayer, 2002; Mariño et al., 2015).
The purpose of this work is to describe a new set of mineralogical, chemical, and stable
isotopic compositions of paleosol phyllosilicates and clumped isotope geochemistry of paleosol
calcites from middle- to upper-Pennsylvanian paleosols collected from seven drill cores across
the IB. This is the first work to include a comprehensive analysis of the geochemistry of two
ubiquitous mineral systems in paleosols combined with an extensive consideration of a basin’s
thermal history. Since paleosol phyllosilicates and calcites should be forming under similar
environmental conditions during pedogenesis, this work discusses and compares the results of
their stable isotope compositions, calculated precipitation temperatures, and isotopic composition
of the fluid(s) from which they precipitated. This information will them be used to interpret
whether phyllosilicates and calcites in IB paleosols maintain geochemical signatures acquired
during pedogenesis in the Pennsylvanian, have been diagenetic altered sometime after
pedogenesis, or a combination of these. The results from this work may inform future IB
paleoenvironmental reconstruction studies or assess whether paleosol mineral assemblages may
be useful for detecting basin-wide diagenetic patterns in deep-time sedimentary basins.
4.3 Background
4.3.1 Illinois Basin history and Paleozoic stratigraphy
The Illinois Basin (IB) is a stable, cratonic, midcontinent basin located in Illinois, western
Indiana, and western Kentucky and is bounded by the Wisconsin Arch, the Cincinnati Arch,
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Kankakee Arch, Mississippi River Arch, Nashville Dome, and Ozark Dome (Figure 18; Willman
et al., 1975; Buschbach and Kolata, 1990). Although there was a short rift basin phase in the
Early – Middle Cambrian, the majority of IB sedimentation occurred following the failure of the
rift system, providing accommodation, at least, through the late Pennsylvanian (Buschbach and
Kolata, 1990; Kolata and Nelson, 1990a, 1990b). Lying unconformably atop the Precambrian
basement, the IB sedimentary strata contains Cambrian sandstones followed by a succession of
Ordovician – Devonian-aged units, dominated by limestone with minor siliciclastic units
(Appendix AI). The Mississippian – Pennsylvanian strata contains more comparable amounts of
carbonate and siliciclastic units, with coal becoming more prominent in the Pennsylvanian
cyclothems (Weller, 1930, 1931; Wanless, 1931). Cretaceous – Pliocene siliciclastic strata
unconformably, and sparsely, lie atop the Pennsylvanian strata in the southern and western
portions of the basin (Appendix AI). Finally, Quaternary sediments, namely glacial till and
alluvium, cover most of the surface of the IB (Willman et al., 1975).
Through protracted subsidence and sedimentation, Paleozoic strata were preserved, with a
particularly well-known succession of Carboniferous strata that are generally laterally extensive
(Wanless et al., 1963), though many rock formations pinch out towards the margins of the IB
(Willman et al., 1975). The Pennsylvanian strata contains cyclothems, which are repeating
successions of marine strata, including limestones and shales, and nonmarine strata, including
limestones, sandstones, siltstones, and mudstones, with coal units at the top of the nonmarine
cycle (Weller, 1930; Wanless and Weller, 1932). The repeated, cyclical stratigraphic succession
of these marine and nonmarine depositional environments has been attributed to glacio-eustatic
fluctuations, causing transgressions and regressions into the midcontinent region throughout the
Pennsylvanian (Wanless and Shepard, 1936; Heckel, 2008; Fielding et al., 2020).
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Figure 18 Map of the Illinois Basin and surrounding geologic features. (a) Inset map of the
Illinois Basin located in the midcontinent region of North America. The Alleghenian-Ouachita
orogeny is noted in blue and green. (b) The extent of Pennsylvanian strata (both exposed in
outcrop and buried) in the Illinois Basin is depicted here. The basin is surrounded by arches and
domes and contains a series of faults and minor folds, importantly including the Reelfoot RiftRough Creek Graben. Mineral districts are common in and around the basin, including the
Illinois-Kentucky Fluorspar and Upper Mississippi Valley mineral districts (light red). Samples
from seven cores are considered for this work, including the Lone Star Cement Company #TH-1
(LSC; blue), Materials Service Corp. F-72-B, Vermillion County (VERM; green), ISGS Archer-Daniels-Midland Borehole MMV-04B, Macon Co. #23396 (ADM; red), ISGS #1 City of
Charleston (CHA; orange), ISGS Monterey Coal Company #CBM4, Macoupin Co. (MAC; dark
grey), ISGS #1 Elysium Energy, Richland Co. #25922 (ELY; light grey), and the American Coal
Company Borehole 7510-20 (HAM; yellow). Paleolatitude information (Domeier et al., 2012);
mineral district locations (Rowan and de Marsily, 2001; Denny et al., 2008); Reelfoot RiftRough Creek Graben (Kolata and Nelson, 1990); Illinois Basin Pennsylvanian extent (Rosenau
et al., 2013a); faults and folds (Nelson, 1995). Modified from Figure 12 herein.
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4.3.2 Permian orogenesis
Plate tectonic interactions in North America have reactivated the Reelfoot Rift following
subsidence and accumulation of sediments throughout the Paleozoic. This reactivation may have
influenced basin subsidence rates, accommodation, structural deformation, migration of fluids,
and earthquake activity (Kolata and Nelson, 1990). One of the primary tectonic events that likely
impacted the midcontinent was the Alleghenian or Appalachian orogeny and subsequent
Ouachita orogeny (late Mississippian-Permian; Beaumont et al., 1987; Hatcher, 2010), which
increased compressional stress and led to increased subsidence and accommodation in the
southern portion of the IB relative to the north (Figure 18; Kolata and Nelson, 1990). This also
led to conductive heat flow by way of intrusive emplacement of dikes and sills, causing thermal
alteration of nearby coals (Figure 18; Mastalerz and Schimmelmann, 2002; Schimmelmann et
al., 2009; Cao et al., 2013; Quaderer et al., 2016; Teng et al., 2020) and clastic strata (Bethke and
Marshak, 1990). Heat transfer was also motivated advectively likely due to the increased
topography in the Ouachita fold-belt area, such that brine-rich formation waters were driven
south to north (Bethke, 1986; Bethke and Marshak, 1990; Garven et al., 1993; Plumlee et al.,
1995; Rowan et al., 2002; Mariño et al., 2015). This led to mineralization in, at least, the
Cambro-Ordovician strata (Odom et al., 1979; Pitman et al., 1997; Grathoff et al., 2001) and the
establishment of the Upper Mississippi Valley (UMV) and Illinois-Kentucky Fluorspar (IKFD)
mineral districts (Figure 18; Richardson and Pinckney, 1984; Bethke and Marshak, 1990;
Plumlee et al., 1995; Leach et al., 2005). Maximum burial depth, igneous activity in the southern
IB, and mineralization events across the midcontinent has been dated to the Permian (Zartman et
al., 1967; Hay et al., 1988; Duffin et al., 1989; Snee and Hays, 1992; Brannon et al., 1992; Elliott
and Aronson, 1993; Chesley et al., 1994; Reynolds et al., 1997; Fifarek et al., 2001). Still, the

106

effects and extent of these tectonically motivated events on the Pennsylvanian sedimentary units
of the IB have yet to be fully addressed.
4.4 Methods
4.4.1 Sampling
Cores that include strata near the Desmoinesian – Missourian boundary were logged and
sampled at the Illinois State Geological Survey (ISGS) Core Repository in Champaign, IL, USA.
Cores sampled for this study include the Lone Star Cement Company #TH-1 (LSC), Materials
Service Corp. F-72-B, Vermillion County (VERM), ISGS - Archer-Daniels-Midland Borehole
MMV-04B, Macon Co. #23396 (ADM), ISGS #1 City of Charleston (CHA), ISGS Monterey
Coal Company #CBM4, Macoupin Co. (MAC), ISGS #1 Elysium Energy, Richland Co. #25922
(ELY), and the American Coal Company Borehole 7510-20 (HAM; Figures 18, 19; Tables 8, 9;
Appendix AII).
Paleosols were separated into horizons, described using established criteria (Retallack,
1988, 2019; Marriott and Wright, 1993; Kraus, 1999; Tabor and Myers, 2015; Tabor et al., 2017;
Beverly et al., 2018), classified using the (Mack et al., 1993) classification, and sampled (Table
9). See McIntosh (2018), Chapter 2 herein, and Appendix AII for more information on paleosol
classifications of these samples.
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Core Name

Table 8 Paper III: Core details
Abbreviated LatLongTotal
Core Name itude
itude
Core
(° N)
(° W)
Depth
from the
surface
(meters)

Lone Star Cement LSC
Company #TH-1,
LaSalle Co.
#25988
Materials Service VERM
Corp. F-72-B,
Vermillion Co.

41.29 -89.04

Depth of
Chapel
Coal
(meters)
b

417.25

27.49

Matrix
(phyllosilicate)
samples
collected
for this
study
(n = )

Calcite
samples
collected
for this
study
(n = )

33

40.01

-87.84

111.55

54.74

3

2

ISGSa - ArcherDaniels-Midland
Borehole MMV04B, Macon Co.
#23396
ISGS - City of
Charleston #1,
Coles Co. #22795

ADM

39.89

-88.89

153.61

129.63

2

CHA

39.50

-88.21

341.66

258.34

8

ISGS Monterey
Coal Company
(Mac 1) #CBM4,
Macoupin Co.

MAC

39.24

-89.80

160.32

45.78

2

ISGS #1 Elysium
Energy, Richland
Co. #25922

ELY

38.75

-88.20

378.39

252.09

2

American Coal
Company Borehole 751020, Hamilton Co.

HAM

37.89

-88.61

256.86

137.67

a

2

5

ISGS = Illinois State
Geological Survey
b
The Chapel Coal is in the lowermost Patoka Formation, in close proximity to the DesmoinesianMissourian (Middle-Upper Pennsylvanian) boundary.
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Sample ID

Table 9 Paleosol matrix and calcite sample details
North American Formation Paleosol or sample
Associated
Series
type a
Sedimentary
Rock Unit in
the Illinois
Basin

Depth
(m) b

Samples for phyllosilicate analyses
ADM-25

Missourian

Bond

ADM-27

Missourian

Patoka

VERM-12

Missourian

Bond

VERM-23

Missourian

VERM-49

Desmoinesian

gleyed vertic Calcisol Fairbanks Coal
(P3)
gleyed calcic Vertisol Macoupin
(P4)
Limestone

95.2
113.9

gleyed calcic Vertisol
(P2)
Patoka
gleyed calcic Vertisol
(P4)
Carbondale gleyed calcic Vertisol
(P6)

Carthage
Limestone
Womac Coal

35.9

Herrin Coal

97.2

CHA-7
Virgilian
CHA-40/41 Missourian

Mattoon
Bond

Ingram Shale
Flat Creek Coal

70.2
203.1

CHA-37

Missourian

Bond

Flat Creek Coal

204.1

CHA-62

Desmoinesian

Patoka

Chapel Coal

259.2

CHA-73

Desmoinesian

Shelburn

CHA-82

Desmoinesian

CHA-83
CHA-93

calcic Vertisol (P2)
gleyed calcic Vertisol
(P8)
gleyed calcic Vertisol
(P8)
gleyed calcic Vertisol
(P13)
gleyed Vertisol (P14)

52.9

264.4

Desmoinesian
Desmoinesian

West Franklin
Limeston
Shelburn
gleyed Protosol (P15) 10 ft below
Piasa
Limestone
Shelburn
gleyed Vertisol (P16) Danville Coal
Carbondale gleyed Vertisol (P17) Herrin Coal

HAM-4

Missourian

Bond

20.2

HAM-2

Missourian

Bond

HAM-16

Missourian

Patoka

gleyed calcic Vertisol Flat Creek
(P1)
Coal; Reel
Limestone
gleyed calcic Vertisol Flat Creek
(P1)
Coal; Reel
Limestone
gleyed Protosol (P6) Chapel Coal
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271.5

295.9
327.5

20.5

138

HAM-18

Desmoinesian

HAM-36

Desmoinesian

Shelburn

gleyed Protosol (P7)

Athensville
Coal; Exline
Limestone
Carbondale gleyed Protosol (P13) Herrin Coal

172.2

220.4

Samples for calcite analyses
LSC 11

Missourian

Mattoon

LSC 13.9

Missourian

Bond

LSC-18.9

Missourian

Bond

LSC-21

Missourian

Bond

LSC 38

Missourian

Bond

LSC 40.4

Missourian

Bond

LSC 44

Missourian

Bond

LSC 45.8

Missourian

Bond

LSC 49.9

Missourian

Bond

LSC 53.2

Missourian

Bond

LSC 56.7

Missourian

Bond

LSC 57.5

Missourian

Bond

Above La Salle
Limestone
calcic vertic Protosol 4.9 ft below La
or Vertisol
Salle
Limestone
calcic Vertisol
Top of Hall
Limestone
calcic Vertisol
Top of Hall
Limestone
gleyed calcic Vertisol Between
Carthage and
Hall
Limestones
Between
Carthage and
Hall
Limestones
Between
Carthage and
Hall
Limestones
Argillisol
Between
Carthage and
Hall
Limestones
Vertisol
Between
Carthage and
Hall
Limestones
gleyed calcic Vertisol Between
Carthage and
Hall
Limestones
Protosol
6.5 ft above
Carthage
Limestone
Protosol
5.7 ft above
Carthage
Limestone
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3.4
4.2

5.8
6.4
11.6

12.3

13.4

14.0

15.2

16.2

17.3

17.5

LSC 24

Missourian

Patoka

LSC 63.2

Missourian

Patoka

LSC 68.8

Missourian

Patoka

LSC 71.8

Missourian

Patoka

LSC 73.9

Missourian

Patoka

LSC 74.4

Missourian

Patoka

LSC 75.9

Missourian

Patoka

LSC 5
LSC 91.6
LSC 107A

Missourian
Missourian
Desmoinesian

Patoka
Patoka
Shelburn

LSC 107B

Desmoinesian

Shelburn

LSC 107C

Desmoinesian

Shelburn

LSC 98.5

Missourian

Patoka

LSC 4

Desmoinesian

Shelburn

LSC 114-4

Desmoinesian

Shelburn

LSC 119

Desmoinesian

Shelburn

LSC 144-4

Desmoinesian

Shelburn

calcic Vertisol

Carthage
Limestone
Carthage
Limestone
vertic Protosol
5.6 ft below
Carthage
Limestone
8.5 ft below
Carthage
Limestone
Vertisol
between Chapel
Coal and
Carthage
Limestone
between Chapel
Coal and
Carthage
Limestone
between Chapel
Coal and
Carthage
Limestone
gleyed calcic Vertisol Chapel Coal
Protosol
Chapel Coal
Brachiopod
Middle West
Franklin
Limestone
Brachiopod
Middle West
Franklin
Limestone
Protosol
Middle West
Franklin
Limestone
gleyed Vertisol
Soil 9 ft below
Chapel Coal
gleyed calcic Vertisol Lower West
Franklin
Limestone
Vertisol
2 ft from top of
Lower West
Franklin
Limestone
In lower West
Franklin soil

18.7
19.3
21.0

21.9

22.5

22.7

23.1

27.4
27.9
29.1

29.3

30.0

30.0
31.3

34.7

36.3
44.0
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LSC 189

Desmoinesian

Shelburn

gleyed vertic
Protosol
vertic Argillisol

10 ft below
Danville Coal
11 ft below
Danville Coal
Cottage Coal
(roof shale)
Coalchester
Coal

57.6

LSC 195

Desmoinesian

Shelburn

LSC 240

Desmoinesian

Carbondale gleyed Vertisol

LSC 451

Desmoinesian

Carbondale gleyed Vertisol

ELY 57

Desmoinesian

Shelburn

gleyed Vertisol

Athensville
Coal; Lake
Creek Coal
Danville Coal

275.8

ELY 83

Desmoinesian

Shelburn

Protosol

MAC 8

Missourian

Patoka

27.4

MAC 46

Desmoinesian

Shelburn

gleyed vertic Calcisol Carlinsville
Limestone
gleyed vertic Calcisol Danville Coal

VERM 8

Missourian

Bond

47.9

VERM 4

Missourian

Bond

gleyed calcic Vertisol Womac Coal
(P4)
gleyed calcic Vertisol Womac Coal
(P4)

CHA 19

Missourian

Patoka

59.4
73.1
137.5

311.5

87.2

47.9

gleyed calcic Vertisol Piasa
262.1
Limestone
CHA 20
Missourian
Patoka
gleyed calcic Vertisol Piasa
262.1
Limestone
a
Paleosol nomenclature sensu Mack et al. (1993). Details for carbonate samples included in
Montañez et al. (2016).
b
Depth from the surface.
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Figure 19 Pennsylvanian stratigraphy of the Illinois Basin and sampling details. The cores
considered for this study are listed in order from northern to southern, including the LSC (blue),
VERM (green), ADM (red), CHA (orange), MAC (dark grey), ELY (light grey), HAM (yellow).
Paleosol sampling from each core is denoted by black ovals with white text for matrices and
white boxes with black text for calcites. Important reference units including coals (dark grey
boxes) and limestones (light grey boxes) are noted. See Tables 8 and 9 for core and sample
details.
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4.4.2 Phyllosilicate preparation
Eighteen paleosol matrix samples were individually crushed, suspended in deionized
water, and disaggregated using an ultrasonic agitation bath in deionized water. Using
centrifugation, samples were isolated first to the <2.0 µm and then to the <0.2 µm equivalent
spherical diameter clay-sized fractions, where the latter is regarded as dominated by an
authigenic clay mineralogy (Tabor et al., 2002; Jackson, 2005).
Each of the eighteen samples of the <0.2 µm clay sized fraction were treated to remove
non-phyllosilicate minerals from the mixture. This was achieved by dissolution of <0.2 µm
fractions with (1) 10% acetic acid to remove calcite and (2) sodium citrate-bicarbonate-dithionite
solution to remove secondary Fe-oxy-hydroxides (Sheppard and Gilg, 1996; Jackson, 2005).
Samples were then separated into four portions for mineralogical analyses.
4.4.3 X-ray diffraction analyses
The first portion for all eighteen samples was allotted towards phyllosilicate
characterization using X-ray Diffraction (XRD). To complete these analyses, the <0.2 µm
fractions were prepared on filter membranes and transferred or smeared on to glass slides as
oriented aggregates (Kinter and Diamond, 1956). A set of chemical and heat treatments were
performed including ethylene glycol solvation at 60 °C for at least 8 hours. Step-scan analyses of
each treatment were performed on a Rigaku Ultima III X-ray Diffractometer in the Huffington
Department of Earth Sciences at Southern Methodist University (SMU) using Cu-Kα radiation
from 2 to 30° 2θ, with a step size of 0.01° 2θ at one degree per minute.
Mineralogical abundance calculations are from full width at half maximum and height
results from XRD patterns with background removed, with an estimated standard uncertainty of
± 5% (Moore and Reynolds, 1997).
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4.4.4 Electron microprobe analysis
The second portion for all eighteen samples were dried and pressed using steel discs. The
pressed powder was then carbon coated. The coated powders were analyzed for major and minor
elemental composition using a Cameca SX50 electron microprobe at Texas A&M University’s
Materials Characterization Facility. Standards were also pressed and analyzed to gauge the
abundance of elements in the unknown IB paleosol <0.2 µm fractions (Appendix AIII).
The chemical compositions of end-member 2:1 phyllosilicates, grouping together illite and
I-S, in each sample were calculated by first considering that the wt.% kaolinite, as calculated
from XRD patterns. Although kaolinite and 2:1 phyllosilicates possess Al2O3 and SiO2 in the
measured chemical compositions, they have different relative proportions in their crystal
structures that can be ascertained by calculating their mole fractions. The mole fraction of Al2O3
and SiO2 were calculated from the wt.% oxide data and the estimated mole fraction of Al and Si
contributed from kaolinite were subtracted from the phyllosilicate mixtures to calculate an endmember 2:1 phyllosilicate chemical formula for each sample (sensu Tabor and Montañez, 2005).
This was calculated relative to a twelve oxygen two hydrogen unit cell for 2:1 phyllosilicates
(Moore and Reynolds, 1997).
4.4.5 Hydrogen and oxygen stable isotopes of phyllosilicates
The third portion for all eighteen samples, plus four repeats, were analyzed for their stable
hydrogen isotopic composition using thermal dehydroxylation (Bigeleisen et al., 1952;
Friedman, 1953). Samples were outgassed (Savin and Epstein, 1970a) at 130-150°C for 1 hour
under open system conditions to remove sorbed and interlayer water (with pressure of 1 bar of
O2 carrier gas). Samples were then subject to thermal dehydroxylation at 840-850°C for 30
minutes under closed system conditions (with pressure of 0.16 bar of O2 carrier gas). The
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extracted gases were then reduced over a uranium metal, which maintains a temperature of
~750°C, resulting in H2 gas of the sample and oxidation of the uranium metal. The volume of H2
gas was measured using a mercury manometer, with an uncertainty of ±1 µmol, followed by the
measurement of the δ2H value of the H2 gas using a Finnigan MAT 253 isotope ratio mass
spectrometer (IRMS) operating on dual inlet mode at SMU.
The fourth portion for all eighteen samples, plus five repeats, were analyzed for their stable
oxygen isotopic composition using a gas extraction line (Taylor and Epstein, 1962; Clayton and
Mayeda, 1963). Samples were heated, or outgassed, in nickel-rod bomb furnaces at 100-150°C to
remove sorbed and interlayer water. Samples were then reacted with BrF5 at ~560°C overnight to
yield O2 gas from fluorination of the phyllosilicate crystal lattice. The O2 sample was then
reacted with a graphite rod at ~450°C to convert the sample to CO2 and then volumetrically
measured using a mercury manometer. The δ18O value of the resulting CO2 gas was measured
using a Finnigan MAT 253 IRMS operating on dual inlet mode at SMU.
Both hydrogen and oxygen isotopic compositions of the samples are reported in the
conventional delta notation (δ) and parts per thousand (‰) relative to Vienna Standard Mean
Ocean Water (V-SMOW; Gonfiantini, 1984).
2𝐻/ 1𝐻
𝑠𝑎𝑚𝑝𝑙𝑒

Eq. 2

𝛿 2 𝐻 (‰) = ( 2𝐻/ 1𝐻

Eq. 3

𝛿 18 𝑂 (‰) = (18𝑂/ 16𝑂

𝑉−𝑆𝑀𝑂𝑊

18𝑂/ 16𝑂

− 1) × 1000

𝑠𝑎𝑚𝑝𝑙𝑒

𝑉−𝑆𝑀𝑂𝑊

− 1) × 1000

4.4.6 Calculating fractionation factors between phyllosilicates-water and temperature
Oxygen and hydrogen isotopes of phyllosilicates may be used to estimate the temperature
of mineral crystallization. In order to operate this geothermometer, fractionation factors for
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oxygen and hydrogen between phyllosilicates and water must be derived. This is substantially
more complicated for systems with multiple phyllosilicate species which may not physically be
separated from one another during pretreatment steps of the analytical methods employed herein.
Therefore, fractionation factors for multiple identifiable mineral species must be considered.
When a system is in equilibrium, fractionation factors and their derivations will be considered
using the following standard notation:

Eq. 4

(18, 2)

𝛼𝑐𝑙𝑎𝑦 𝑚𝑖𝑛𝑒𝑟𝑎𝑙−𝑤𝑎𝑡𝑒𝑟 =

1000 + 𝛿( 18𝑂 , 2𝐻)𝑐𝑙𝑎𝑦 𝑚𝑖𝑛𝑒𝑟𝑎𝑙
1000 + 𝛿( 18𝑂 , 2𝐻)𝑤𝑎𝑡𝑒𝑟

Phyllosilicate groups of interest for this work include 1:1 kaolinite and varieties of 2:1. Kaolinite
has existing and generally accepted fractionation factors, as derived by (Sheppard and Gilg,
1996). This includes:
Eq. 5

1000 ln 18 α kaolinite-water = 2.76 * 106 / T2 – 6.75

Eq. 6

1000 ln 2 α kaolinite-water = -2.2 * 106 / T2 – 7.7

where 18α and 2α are the oxygen and hydrogen isotope fractionation factors between kaolinite
and water, respectively. Note temperature, T, is in degrees Kelvin.
The 2:1 phyllosilicates have less certain fractionation factors, due to variable chemical
compositions and formation conditions. Previous studies that have attempted to quantify
fractionation factors for 2:1 phyllosilicates (Savin and Epstein, 1970a; Lawrence and Taylor Jr.,
1971; Lawrence and Taylor, 1972; Yeh, 1980; Savin and Lee, 1988; Capuano, 1992; Sheppard
and Gilg, 1996; Delgado and Reyes, 1996; Savin and Hsieh, 1998; Hyeong and Capuano, 2004).
In order to derive oxygen isotope fractionation factors for individual 2:1 phyllosilicates, Savin
and Lee (1988) proposed the empirical oxygen bond model which is dependent on the
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distribution and abundance of elements bonded to oxygen in the crystal lattice. All the bonds are
then taken as a weighted sum to calculate the hypothetical oxygen fractionation factor (Savin and
Lee, 1988). This process has been described elsewhere (see Tabor and Montañez, 2005; Rosenau
and Tabor, 2013; Andrzejewski and Tabor, 2020).
Following the approach of Suzuoki and Epstein (1976) for hydrogen fractionation factors
of hydroxyl-bearing minerals, Tabor and Montañez (2005) suggested the following equation for
2:1 phyllosilicate minerals:
Eq. 7

1000 ln 2 α 2:1-water = -2.2 * 106 / T2 – 7.7 + (2XAl – 4XMg – 68XFe)

where X(element) represents the molar fraction of the noted element in the octahedral layer of a 2:1
phyllosilicate.
In order to use the two element, one mineral geothermometer, there are five assumptions
involved in using these values to calculate surface temperatures, for paleoenvironment
reconstructions:
(1) phyllosilicates are authigenic, not detrital,
(2) isotopic equilibrium established between meteoric water and the phyllosilicates (sensu
Craig, 1961),
(3) phyllosilicates remain in a closed system after formation such that they have not been
diagenetically altered mineralogically or isotopically since Pennsylvanian
pedogenesis,
(4) knowledge of the relationship between the oxygen and hydrogen isotope
compositions of soil mineral–water, and
(5) phyllosilicates crystallized in a water-dominated system.
If these assumptions are considered, the following equation can be used to calculate temperature
of formation (Rosenau and Tabor, 2013):
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Eq. 8

1000 ln 2α mix-water – δ2Hmix = 8 (1000 ln 18αmix-water – δ18Omix) - 10

Eq. 8 combines the oxygen and hydrogen fractionation factors for kaolinite-water and 2:1
phyllosilicates-water as (2, 18)αmix-water using a mix of phyllosilicates, whose abundances are
calculated from X-ray diffraction data. Each fractionation factor for 2:1 phyllosilicates is based
on the elemental composition of that sample, then the fractionation factor will be unique to each
sample.
In conjunction with their respective oxygen isotope fractionation equations, the
calculated phyllosilicate crystallization temperatures also provide an independent estimate of the
oxygen isotope composition of the meteoric water from which the phyllosilicate crystallized
through the following relationship:
Eq. 9

δ18Owater = ( 1000 + δ18Omix - 1000 18αmix-water ) / 18αmix-water

4.4.7 Screening carbonates for signs of diagenesis
Petrographic thin sections of calcites (n = 41) were stained with Alizarine Red S and
potassium ferricyanide to identify Fe-rich calcite and dolomite cements for analysis using planepolarized light microscopy to resolve texture, crystal size, and crosscutting relationships of
carbonate cements (Friedman, 1959; Dickson, 1966). Relative Fe2+ content was delineated based
on staining such that pink-staining is associated with ≤ 500 ppm Fe2+, purple-staining is
associated with 500 to 1500 ppm Fe2+), and blue-staining is associated with > 1500 ppm to ~ 1
wt% Fe2+ (Nelson and Read, 1990). Thin sections were further examined by
cathodoluminescence in the Department of Earth and Planetary Sciences, UC Davis, to
determine zonation and paragenetic relationships among cement types.
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Carbonate cements operationally defined herein as pedogenic or non-pedogenic phases
were drilled from thin sections using a drill press or MerchanTek computer automated
microdrilling system in the Department of Earth and Planetary Sciences, UC Davis.
4.4.8 Carbonate clumped isotope thermometry
The heavy isotopes of carbon and oxygen, 13C and 18O, are much less abundant on the
earth than the lighter isotopes, 12C and 16O. When two or more of these rare isotopes coexist in a
molecule, this is referred to as multiply-substituted isotopologues, where the heavy isotopes are
“clumped” together. The benefit of analyzing the clumped isotopic composition of CO2 from
carbonates is that the temperature of formation of the carbonate may be calculated without
knowing the isotopic composition of the fluid from which it precipitated, and which is no longer
around to be measured (Ghosh et al., 2006; Schauble et al., 2006; Eiler, 2011; Quade et al.,
2013b).
The excess abundance of carbonate molecules containing heavy isotopes 13C and 18O,
resulting in CO2 molecules of mass 47, i.e., 13C18O16O, relative to the expected stochastic
distribution (*) of this combination is reported with Δ47 that is defined as:

Eq. 10

R47

R46

R45

R

R

R45*

∆47 (‰)= [(

47* -1) - (

46* -1) - (

-1)] ×1000

where R47, R46, and R46 are the abundance ratios of masses 47, 46, and 45 relative to the most
abundant CO2 isotopologue, 12C16O16O or mass 44, respectively. The expected stochastic ratios
Ri* are calculated using the following equations:
Eq. 11

R45* = R13 +2 × R17

Eq. 12

R46* = 2 × R18 +2 × R13 + (R17 )
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2

Eq. 13

R47* = 2 × R13 × R18 + 2 × R17 × R18 + R13 × (R17 )

2

where R13, R17, and R18 are the abundance ratios of 13C/12C, 17O/16O, and 18O/16O for the sample.
From (Anderson et al., 2021), the equation to calculate the precipitation temperature of inorganic
calcite is:

Eq. 14

∆47 (‰, I-CDES) = 0.0391 ×

106
T2

-0.154

where T is the temperature in Kelvin and Δ47 is denoted in ‰ and converted to the
interlaboratory absolute standardization scheme, called the Intercarb carbon dioxide equilibrium
scale (I-CDES; sensu Anderson et al., 2021; Bernasconi et al., 2021; Upadhyay et al., 2021).
Subsequently the δ18Owater value can be calculated using the oxygen isotope fractionation
equations between calcite and water at temperatures <50 °C using (Kim and O’Neil, 1997), or
for temperatures >50 °C (O’Neil et al., 1969).
Clumped isotope compositions (Δ47) of 41 calcite nodules were analyzed at the
University of California, Los Angeles, following the methods of Passey et al. (2010). One to six
replicates of each sample were reacted at 90 °C with 100% phosphoric acid for 20 min, with the
resultant CO2 being cryogenically purified before analysis on a Thermo Finnigan MAT 253 Gas
Source IRMS. Equilibrium CO2 samples prepared at 1000 °C and 25 °C were analyzed
concurrently with the sample unknowns to normalize sample Δ47 values. Clumped isotope data
are reported relative to the I-CDES. Seven internal carbonate standards were analyzed 12–17
times during sample analysis for calibration. The standard deviations (SD) of these standards are
<0.025‰. The uncertainties of sample Δ47 are reported as standard errors (1 SE; Table 14). SE is
calculated as SD/√N. SD is either the SD of sample replicates or the long-term SD (0.025‰) of
carbonate standards, whichever is greater, and N is the number of sample replicates. The
121

laboratory uses an Oztech brand CO2 reference gas (δ18O = 25.0‰ V-SMOW, δ13C = −3.6‰ VSMOW) and isotopic ratios are calculated using the Brand parameter set.
4.5 Results
4.5.1 Clay mineralogy
Phyllosilicates identified in the <0.2 μm fraction of IB paleosol matrices are smectite (15
Å), chlorite (14.2 Å, 7 Å, 4.7 Å, 3.6 Å), illite or mica (10 Å, 5 Å), I-S (9.8 Å, 5.5 Å), and
kaolinite (7 Å, 3.6 Å; Figure 20). Chlorite peaks may be indistinguishable from kaolinite around
7 and 3.6 Å (Figure 20), but heat treatments to >500°C indicate a removal of the 7 Å peak (~12°
2θ Cu-Kα) which is characteristic of kaolinite (Moore and Reynolds, 1997).
For simplicity, illite, mica, and I-S will be grouped together as 2:1 phyllosilicates when
discussing mineralogical abundance calculations. For the 18 total XRD analyses, percent
kaolinite ranges from 0-70%, with the remaining portion being 2:1 phyllosilicates (Table 10).
There is no clear change in percent kaolinite relative to percent 2:1 phyllosilicates with location
in the basin in any core.
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Figure 20 XRD patterns of oriented aggregates for characterization of clay mineralogy. The <0.2
μm clay-sized fraction of paleosol matrices were analyzed following ethylene glycol solvation.
The resulting XRD pattern is color coded based on the core from which that sample was
collected, i.e., VERM (green), ADM (red), CHA (orange), and HAM (yellow). See results in
Table 10.
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Table 10 Results from elemental and X-ray diffraction analyses of <0.2 µm-size fraction
phyllosilicate mixtures
Sample ID
Element Oxide Data (mean weight %)a
%
kaolinite
(±5%) b
SiO2 Al2O3 TiO2 Fe2O3 MnO MgO CaO Na2O K2O Total
ADM-25
ADM-27

56.92 25.85
55.06 24.57

0.97
0.84

5.38
7.61

0.02
0.01

2.82
2.40

0.05 2.31
0.16 0.95

3.47 97.79 3
5.44 97.04 9

VERM-12 53.32 26.33
VERM-23 52.10 27.26
VERM-49 52.66 28.37

0.57
0.52
0.91

7.52
7.33
5.12

0.00
0.00
0.01

2.01
2.14
2.03

0.16 1.19
0.22 0.97
0.05 1.36

5.72 96.82 48
5.60 96.14 25
5.74 96.25 9

CHA-7
CHA40/41
CHA-37
CHA-62
CHA-73
CHA-82
CHA-83
CHA-93

49.07 26.65
52.86 29.32

0.85
0.63

8.89
4.62

0.01
0.00

3.82
2.39

0.34 0.91
0.31 1.06

5.06 95.60 32
4.66 95.85 53

52.13
51.82
52.05
51.44
54.48
46.30

0.43
0.85
0.62
0.34
0.84
0.60

6.66
3.56
4.36
5.81
4.22
4.09

0.01
0.01
0.01
0.01
0.01
0.01

2.31
2.29
1.34
2.43
2.15
1.87

0.04
0.08
0.15
0.04
0.10
0.59

5.27
5.06
2.71
6.23
5.75
5.74

26.84
25.48
32.12
27.59
27.70
23.73

1.96
1.27
2.27
1.88
1.30
4.85

95.65
90.42
95.63
95.77
96.55
87.78

49
7
70
21
0
23

HAM-4
52.11 29.13 0.81 5.12
0.04 2.21 0.16 1.19 5.08 95.85 25
HAM-2
51.42 29.23 0.74 5.61
0.01 2.62 0.36 0.83 5.23 96.05 31
HAM-16
51.37 32.29 0.58 3.81
0.01 1.85 0.10 0.97 4.58 95.56 34
HAM-18
52.59 29.78 0.73 4.20
0.01 2.25 0.47 1.14 5.23 96.40 44
HAM-36
54.37 28.82 0.97 3.56
0.01 2.22 0.42 0.89 5.81 97.07 0
a
Chemical data is presented as an average of 5-6 individual electron microprobe analyses for
each sample.
b
% kaolinite in the <0.2 μm clay-sized fraction of paleosol matrices. Remaining percentage is
2:1 phyllosilicates, including illite and mixed-layer illite-smectite.
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16 out of 18 total samples have >50% 2:1 phyllosilicates over (1:1) kaolinite (Table 10).
The only two samples that have more kaolinite than 2:1 phyllosilicates are CHA-40/41 and
CHA-73 (Table 10). Though the kaolinite peak for sample CHA-73, has a “shoulder” at both 001
and 002 hkl positions, indicating it may be in a mixed layered phase with smectite (Figure 20).
Regardless of this outlier, it is clear that 2:1 phyllosilicates dominate over kaolinite the <0.2 μm
fraction of IB paleosol matrices.
4.5.2 Elemental composition of phyllosilicates
Electron microprobe data collected from <0.2 μm fraction of IB paleosol matrices exhibit
element oxides generally in the following order of most to least abundant: SiO2, Al2O3, Fe2O3,
K2O, MgO, Na2O, TiO2, CaO, MnO (Table 9). Generally, abundances of silica are inversely
proportional to abundances of alumina in this sample set (Table 10, Figure 21). Element-oxide
abundances do not vary significantly between locations in the basin, or amongst different cores
(Table 10, Figure 21). Element-oxide abundances to not vary significantly with depth, except for
Fe2O3 which decreases with increasing sampling depth (Figure 21).

Figure 21 Element-oxide weight % of the <0.2 μm clay-sized fraction of paleosol matrices
relative to their sampling depth in meters. The resulting data is color coded based on the core
from which that sample was collected, i.e., VERM (green), ADM (red), CHA (orange), and
HAM (yellow). See results in Table 10.
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Sample CHA-93 contains more Na2O than all other samples, at 4.85 wt %. Sample CHA-7
contains more Fe2O3 than all other samples at 8.89 wt %. CHA-73 has the lowest abundance of
K2O, at 2.71 wt %, though K is expected to be lower due to a higher abundance of kaolinite than
2:1 phyllosilicates in this sample (Table 10).
Mole fractions of elements in 2:1 phyllosilicates were calculated for each sample using
elemental data and subtracting the chemistry belonging to kaolinite in that sample derived from
analysis of XRD patterns. Resulting 2:1 phyllosilicate end member chemical formulae indicate
variable results for each of the samples (Table 11).
4.5.3 δ18Ophyllosilicate mix, δ2Hphyllosilicate mix, T(phyllosilicate mix), and δ18Owater
The paleosol phyllosilicate mixtures exhibit δ2H and δ18O values that range from -96‰ to 36‰ ± 4‰ and 11.9‰ to 21.1‰ ± 0.2‰, respectively (Figure 22a-e, Table 12). δ2H and δ18O
values do not correlate with % kaolinite (Table 12). δ18O values do not vary with increasing
depth (Figure 22a), nor with a stratigraphic control to the depth (Figure 22c). Contrastingly, δ2H
values become more negative with increasing depth (Figure 22b), such that analyses from
samples collected stratigraphically below the Chapel Coal, i.e., the middle Pennsylvanian (Figure
19), tend to have more negative δ2H values than analyses from samples collected
stratigraphically above the Chapel Coal (Figure 22d), i.e., the upper Pennsylvanian (Figure 19).
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Sample ID

Table 11 Chemical formulae of 2:1 phyllosilicates
Chemical Formulae a

ADM-25
ADM-27

(K0.285Na0.288Ca0.003)(Al1.451Fe0.261Mg0.271Ti0.047)(Si3.554Al0.446)O10(OH)2
(K0.484Na0.128Ca0.012)(Al1.328Fe0.399Mg0.249Ti0.044)(Si3.506Al0.494)O10(OH)2

VERM-12
VERM-23
VERM-49

(K0.811Na0.256Ca0.019)(Al0.993Fe0.629Mg0.333Ti0.048)(Si3.173Al0.827)O10(OH)2
(K0.592Na0.156Ca0.020)(Al1.306Fe0.457Mg0.264Ti0.032)(Si3.266Al0.734)O10(OH)2
(K0.513Na0.185Ca0.004)(Al1.503Fe0.270Mg0.212Ti0.048)(Si3.357Al0.643)O10(OH)2

CHA-7
CHA-37
CHA-40
CHA-62
CHA-73
CHA-82
CHA-83
CHA-93

(K0.601Na0.164Ca0.034)(Al0.999Fe0.623Mg0.530Ti0.060)(Si3.002Al0.998)O10(OH)2
(K0.765Na0.432Ca0.005)(Al1.018Fe0.570Mg0.392Ti0.037)(Si3.096Al0.904)O10(OH)2
(K0.692Na0.239Ca0.039)(Al1.228Fe0.405Mg0.415Ti0.055)(Si3.044Al0.956)O10(OH)2
(K0.465Na0.178Ca0.006)(Al1.529Fe0.193Mg0.246Ti0.046)(Si3.502Al0.498)O10(OH)2
(K0.537Na0.686Ca0.025)(Al1.228Fe0.511Mg0.311Ti0.073)(Si2.594Al1.406)O10(OH)2
(K0.638Na0.293Ca0.003)(Al1.360Fe0.351Mg0.291Ti0.021)(Si3.263Al0.737)O10(OH)2
(K0.469Na0.161Ca0.007)(Al1.565Fe0.203Mg0.205Ti0.040)(Si3.480Al0.520)O10(OH)2
(K0.664Na0.853Ca0.058)(Al1.207Fe0.279Mg0.253Ti0.041)(Si3.238Al0.762)O10(OH)2

HAM-2
HAM-4
HAM-16
HAM-18
HAM-36

(K0.590Na0.142Ca0.034)(Al1.351Fe0.373Mg0.345Ti0.049)(Si3.138Al0.862)O10(OH)2
(K0.530Na0.189Ca0.014)(Al1.441Fe0.315Mg0.270Ti0.050)(Si3.239Al0.761)O10(OH)2
(K0.523Na0.168Ca0.010)(Al1.595Fe0.257Mg0.247Ti0.039)(Si3.084Al0.916)O10(OH)2
(K0.679Na0.225Ca0.051)(Al1.341Fe0.322Mg0.341Ti0.056)(Si3.101Al0.899)O10(OH)2
(K0.470Na0.109Ca0.028)(Al1.601Fe0.170Mg0.209Ti0.046)(Si3.447Al0.553)O10(OH)2

a

Chemical formulae were calculated from element-oxide data reported in Table 2, based on
a twelve oxygen, two hydrogen unit cell for 2:1 phyllosilicates (Moore and Reynolds,
1997).
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Figure 22 The stable δ18Ophyllosilicates and δ2Hphyllosilicates isotope composition (reported in ‰
relative to V-SMOW) and depth of sampling (meters) of the <0.2 μm clay-sized fraction of
paleosol matrices. Standard errors for δ18Ophyllosilicates and δ2Hphyllosilicates values are ±0.2‰ and
±4‰, respectively. The resulting data is color coded based on the core from which that sample
was collected, i.e., VERM (green), ADM (red), CHA (orange), and HAM (yellow).
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Table 12 Stable oxygen and hydrogen values of
phyllosilicate mixtures
Sample ID
δ18Ophyllosilicate
δ2Hphyllosilicate
mixture V-SMOW
mixture V-SMOW
(±0.2 ‰)
(±4 ‰)

ADM-25

21.1
21.1

-36

ADM-27

15.4

-49

VERM-12

17.7

-38

19.6
VERM-23

18.5

-36

VERM-49

17.1

-42

CHA-7

16.1
16.3

-66

CHA-40/41

17.1

-42
-54

CHA-37

17.2

-42

CHA-62

17.2
17.4

-42

CHA-73

17.8

-62

CHA-82

11.9
11.9

-65

CHA-83

17.5

-56

CHA-93

16.6

-83
-96

HAM-4

16.5

-54

HAM-2

14.8

-41
-38

HAM-16

16.9

-52

HAM-18

15.9

-44

HAM-36

18.0

-70
-72
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For δ18O values, 16 out of 23 total analyses are between 15 and 18‰, following a normal
distribution. Sample CHA-82 has the lowest δ18O value at 11.9‰, validated during a repeat δ18O
analysis (Table 12). For δ2H values, there is a negative skew, such that 14 out of 22 analyses
have values between -55 to -35‰, with the remaining analyses all being more negative than that
(Table 12).
There are five repeated δ18O analyses, where four out five results are within 0.2‰ of the
first analysis (Table 12). The single outlier is sample VERM-12, who’s repeat δ18O value is
1.9‰ more positive than the result from the first analysis (Table 12). There are four repeated δ2H
analyses, where two out of four samples have a second result within 3‰ of the first analysis
(Table 12). For samples CHA-40/41 and CHA-93, the differences between the analyses are 12
and 13‰ more negative, respectively (Table 12).
The precipitation temperature of the <0.2 μm clay-sized fraction of IB paleosol matrices
can be calculated from XRD, elemental, δ18O, and δ2H values (Eq. 4-7). There are eighteen
samples, with nine oxygen and hydrogen repeated isotope analyses, for a total 27 calculated
precipitation temperatures. The calculated precipitation temperature of kaolinite and 2:1
phyllosilicate assemblages herein range from 21 to 66 ± 3 °C, with an average of 46 °C (Table
13). 67% of calculated temperatures are between 35 and 55 °C, while the remaining 4 and 5
samples are less than 35°C and greater than 60 °C, respectively (Table 13). There is no clear
relationship between the calculated temperatures and depth or location in the basin. The samples
with repeated oxygen and hydrogen isotope analyses lead to temperatures generally within 1 to
3°C of the first calculated temperature, except for samples that had a larger deviating ‰ value,
e.g., CHA-93 (Table 13).
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Table 13 Calculated fractionation factors, precipitation temperatures, and δ18Owater from paleosol
phyllosilicate mixtures
Sample 1000ln18α2:1- 1000ln2α2:1- 1000ln18αphyll 1000ln2αphyllo- Temp- δ18Owater
a
ID
erature VH2O
H2O = o-silicate mixturesilicate mixture2.2*106*T- H2O c
=
(±3
SMOW
H2O
2
b
6
-2
e
+
2.2*10 *T
°C)
(‰) f
d
+
ADM25

2.74*106*T-2
- 6.83

ADM27

2.51*106*T-2
- 6.39

VERM- 1.26*106*T-2
12
- 3.55
VERM23
VERM49

2.01*106*T-2
- 5.41
2.57*106*T-2
- 6.65

CHA-7

1.67*106*T-2
- 4.61

CHA40/41

1.15*106*T-2
- 3.27

CHA37
CHA62

1.23*106*T-2
- 3.51
2.66*106*T-2
- 6.66

CHA73
CHA82

0.71*106*T-2
- 2.18
2.14*106*T-2
- 5.71

CHA83
CHA93

2.91*106*T-2
- 7.28
2.07*106*T-2
- 5.54

2.06*106*T-2
HAM-4 - 5.49

-15.72

2.85*106*T-2
- 7.10

-14.94

39
39

-1.2
-1.2

-20.59

2.80*106*T-2
- 7.10

-17.49

60

-2.8

-29.23

2.72*106*T-2
- 7.13

-13.07

48
38

-1.8
-1.7

-14.86

40

-1.3

-13.88

48

-1.4

-15.86

2.79*106*T-2
- 7.30
2.87*106*T-2
- 7.38

-27.44

2.69*106*T-2
- 7.13

-15.35

38
36

-5.4
-5.4

-20.75

2.76*106*T-2
- 7.20

-10.47

48
40

-2.7
-4.0

-12.33

47

-2.5

-12.27

55
54

-2.5
-2.5

2.76*106*T-2
- 7.21
2.81*106*T-2
- 7.35

-9.56

31

-5.0

-13.69

65
65

-5.3
-5.3

-13.52

46

-4.0

-17.81

2.91*106*T-2
- 7.28
2.81*106*T-2
- 7.37

-12.79

28
21

-7.1
-8.6

-17.39

2.82*106*T-2
- 7.37

-12.47

47

-3.9

-22.27

-27.04
-13.32

-24.05
-18.85

-13.52

2.73*106*T-2
- 7.18
2.88*106*T-2
- 7.20
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1.82*106*T-2
HAM-2 - 5.01
HAM16
HAM18
HAM36

1.82*106*T-2
- 4.97
1.45*106*T-2
- 4.01
2.92*106*T-2
- 7.35

-19.32

-14.96
-17.96
-12.34

2.79*106*T-2
- 7.38
2.85*106*T-2
- 7.47
2.79*106*T-2
- 7.29
2.92*106*T-2
- 7.35

-12.45

63
66

-2.5
-2.1

-10.52

46

-3.8

-10.62

54

-3.0

-12.34

35
34

-5.7
-5.9

Calculated oxygen isotope fractionation factor (alpha) equations between <0.2 μm 2:1
phyllosilicates and water. Fractionation equations were calculated using chemical
formulae in Table 11 and the Bond Model of Savin and Lee (1988).
a

Calculated hydrogen isotope fractionation factor (alpha) equations between <0.2 μm 2:1
phyllosilicates and water. Fractionation equations were calculated using molar fractions
of Al, Mg, and Fe in the octahedral layer of the 2:1 phyllosilicates. See Gilg and
Sheppard (1996), Tabor and Montanez (2005), and Rosenau and Tabor (2013).
b

Calculated oxygen isotope fractionation factor (alpha) equations between <0.2 μm
mixtures of 2:1 phyllosilicates and kaolinite and water. Fractionation equations were
calculated using molar fractions of oxygen contributed by 2:1 phyllosilicates and
kaolinite established using XRD patterns. See Sheppard and Gilg (1996).
c

Calculated hydrogen isotope fractionation factor (alpha) equations between <0.2 μm
mixtures of 2:1 phyllosilicates and kaolinite and water. Fractionation equations were
calculated using molar fractions of hydrogen contributed by 2:1 phyllosilicates and
kaolinite established using XRD patterns. See Sheppard and Gilg (1996).
d

e

See Eq. (8)

f

See Eq. (9)

The resulting phyllosilicate crystallization temperature estimates allow for estimation of
the δ18O value of soil water, of δ18Owater values, from which the minerals precipitated. The
δ18Owater values from phyllosilicate minerals analyzed herein ranges from -8.6 to -1.2 ‰, with an
average of -3.7‰ (Table 13). Though most δ18Owater values are more positive than -6‰ (Table
13), phyllosilicate-derived δ18Owater values from the Desmoinesian strata tend to be more
negative than those from the younger Missourian strata (Table 13).
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4.5.4 Δ47, T(Δ47), and δ18Owater of paleosol calcite
The Δ47 values for paleosol calcite in the IB range from 0.460 – 0.591 ‰ (I-CDES), with
an average of 0.542‰ (Figure 23, Table 14, Appendix AIV). The precipitation temperature of
paleosol calcite was calculated using the Δ47 geothermometer. The calculated precipitation
temperature of the 41 paleosol calcite samples herein ranges from 26.2 to 84.3 °C, with an
average of 44.8 °C (Table 14). 36 out of 41 calculated temperatures are between 35 and 55 °C,
while the remaining 2 and 3 samples are less than 25 °C and greater than 55 °C, respectively
(Table 14). There is no clear relationship between the calculated temperatures and depth or
location in the basin. The error associated with the calculated Δ47 temperatures of 31 samples is
between ±0.0 to 11.5 °C, with an average of ±3.9 °C (Table 14). 10 samples have no error
calculation because they were only analyzed once (Table 14).
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Figure 23 The Δ47 clumped isotope composition (reported in ‰ relative to I-CDES) of paleosol
calcites relative to their calculated precipitation temperature (reported in 106/T2, where T is in
Kelvin). The resulting data is color coded based on the core from which that sample was
collected, i.e., LSC (blue), VERM (green), CHA (orange), MAC (dark grey), ELY (light grey).
Grey vertical error bars represent the standard error of the Δ47 value.
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Table 14 Δ47 results, precipitation temperatures, and δ18Owater from paleosol calcite
Sample
Δ47 (‰, Δ47
Temperature Temperature δ18Owater δ18Owater
I-CDES) standard (Δ47, °C)
(Δ47, °C)
Vstandard
error (±)
standard
SMOW
deviation
error
(‰)

LSC 11
LSC 13.9
LSC18.9
LSC-21
LSC 38
LSC 40.4
LSC 44
LSC 45.8
LSC 49.9
LSC 53.2
LSC 56.7
LSC 57.5
LSC 24
LSC 63.2
LSC 68.8
LSC 71.8
LSC 73.9
LSC 74.4
LSC 75.9
LSC 5
LSC 91.6
LSC
107A
LSC
107B
LSC
107C
LSC 98.5
LSC 4
LSC
114-4
LSC 119
LSC
144-4

0.521
0.547

0.017
0.005

54.0
42.3

8.0
2.0

3.6
2.4

1.1
0.4

0.562
0.591
0.556
0.524
0.552
0.549
0.545
0.511
0.547
0.555
0.563
0.558
0.571
0.555
0.553
0.532
0.522
0.557
0.547

0.008
0.012
0.016
0.209
0.005
0.008
0.004
0.011
0.009
0.018
0.014
0.010
0.009
0.009
0.008
0.013
0.017
0.030
0.005

36.7
26.2
38.7
51.9
40.5
41.8
43.1
58.7
42.7
39.6
36.2
38.0
33.4
39.5
40.0
49.7
53.8
39.2
42.5

3.0
3.9

0.7
0.8

2.0
3.1
1.5
5.0
3.7
7.3
5.3
3.9
3.3
3.4
3.4
5.7
7.2
11.5
2.0

1.5
-1.4
1.8
0.1
2.0
1.9
2.5
4.4
1.7
2.2
0.8
0.9
0.3
1.9
1.7
3.3
4.1
2.3
3.0

0.522

0.005

52.7

2.1

4.2

0.3

0.526

0.006

51.3

2.5

3.0

0.5

0.562
0.537
0.553

0.007
0.008
0.000

36.6
46.5
39.9

2.6
3.5
0.0

0.9
2.2
0.9

0.5
0.6
0.1

0.545
0.564

0.006
0.009

43.4
36.0

2.5
3.4

3.6
1.7

0.5
0.7

0.552

0.014

40.6

5.3

3.1

1.0
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0.4
0.6
0.3
0.8
0.6
1.3
1.0
0.7
0.9
0.6
0.6
1.0
1.2
1.9
0.4

LSC 189
LSC 195
LSC 240
LSC 451

0.552
0.553
0.460
0.543

0.006
0.008
0.11
0.005

40.6
40.0
84.3
43.9

ELY 57
ELY 83

0.504
0.564

0.01
0.015

61.1
35.7

6.2
-0.9

MAC 8
MAC 46

0.519
0.521

0.016
0.018

54.1
53.3

4.3
4.9

VERM 8
VERM 4

0.539
0.525

0.010
0.013

45.8
51.8

2.4
3.0

3.9
5.5

2.9
2.4
8.1
4.1

4.2
3.3

CHA 19
0.531
0.009
48.9
4.2
CHA 20
0.551
0.014
40.7
1.3
I-CDES = Intercarb carbon dioxide equilibrium scale (Anderson et al., 2021). VSMOW = Vienna Standard Mean Ocean Water
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0.5
0.6

0.7
0.9

The resulting temperature can then be used to calculate the δ18O value of soil water from
which the paleosol calcite precipitated. The range of δ18Owater values from paleosol calcites
herein is -1.4 to +8.1 ‰ with an average of +2.6‰ (Table 14; Figure 24). 37 out of 41 samples
have δ18Owater values between 0.0 and +5.0‰ (Table 14; Figure 24).

Figure 24 Precipitation temperature calculated from paleosol phyllosilicates and calcites relative
to their respective δ18Owater value (reported in ‰ relative to V-SMOW). Precipitation
temperatures and δ18Owater values are marked from other relevant studies, including of paleosol
phyllosilicates (Rosenau and Tabor, 2013; triangles), flint clay (Rosenau et al., 2013a; moon),
and brachiopod shell (Henkes et al., 2014; yellow star).
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4.6 Discussion
4.6.1 Comparison of hypothesized Pennsylvanian paleoclimate to stable isotopic values,
paleotemperatures, and δ18Owater values
Since paleosol phyllosilicates and calcites are thought to form during Pennsylvanian-age
soil formation in the IB, there is a supposition that their geochemical compositions would
provide insights into the soil formation conditions in those paleoenvironments. Pennsylvanian
cyclothemic stratigraphy contains sedimentary rock units interpreted to be from alternating
marine and nonmarine depositional environments, it has been suggested that the IB was located
at a low elevation location near the paleo-coastline (Heckel, 2008). Paleomagnetic and
paleogeographic reconstructions indicate that the IB was at an equatorial latitude during this time
(Domeier et al., 2012). Moreover, the paleoclimate during the middle to late Pennsylvanian in
the IB was likely arid (Phillips and Peppers, 1984; Poulsen et al., 2007; Falcon-Lang and
DiMichele, 2010; Rosenau et al., 2013b; Cecil et al., 2014). This is supported by shifts in
paleoflora form wetland ecosystems dominated by lycopsids, seed ferns, and tree ferns, to
ecosystems dominated only by tree ferns (Phillips et al., 1974; Pfefferkorn and Thomson, 1982;
DiMichele and Phillips, 1996; Peppers, 1996; Pfefferkorn et al., 2008). Also shifts in paleosol
morphology from gleyed features indicating waterlogged conditions in the middle Pennsylvanian
to seasonal vertic and drier calcic features in the upper Pennsylvanian (Rosenau et al., 2013a,
2013b) are indicative of an overall drying trend. Therefore, from modern dry sub-humid to semiarid soil-forming environments at low elevations (<1000 m) and low-latitudes, we hypothesize
that mean annual soil temperatures in a range from 26 to 32 ± 2 °C (Rozanski et al., 1993), where
soil temperatures tend to be ~2°C warmer than mean annual surface air temperatures (Chang,
1958). δ18Ometeoric/soil water values are expected to be around -6 to -2 ± 2 ‰ (V-SMOW; Rozanski
et al., 1993; Bowen and Wilkinson, 2002).
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Though the isotopic composition of soil water may not be identical to local precipitation
(Hsieh et al., 1998), for the purposes of this work, soil water is assumed to be sourced from
meteoric water for first approximations of soil temperature. Therefore, phyllosilicates that form
in equilibrium with meteoric water in the soil environment should have δ18O and δ2H values that
plot in an array which is generally parallel to the Global Meteoric Water Line (GMWL), or δ2H
= 8 * δ18O +10 (Craig, 1961), whose “distance” from GMWL is directly related to the
temperature dependent fractionation factors of stable oxygen and hydrogen isotopes between the
phyllosilicate mineral(s) and water. Whereas organic-contaminated, magmatic, and hydrothermal
waters tend to have different δ2H and δ18O values than meteoric water (e.g., Sheppard et al.,
1969). These phyllosilicate mineral data herein do not exhibit any linear trend (Figure 22e),
plotting on either side of the supergene-hypogene line; note that supergene connotes ambient
earth-surface conditions, whereas hypogene connotes some component of hydrothermal
weathering (Sheppard et al., 1969). The calculated precipitation temperature of phyllosilicate
minerals from <0.2 μm fraction of IB paleosols are higher than those supposed for a tropical soilforming environment, ranging from 21 to 66 ± 3 °C, with 85% of samples having a temperature
above 35°C (Table 13; Figure 24).
To test whether the isotopic composition of phyllosilicates reported herein represent
formation under equilibrium isotopic exchange with meteoric water during pedogenesis in the
Pennsylvanian, surface domains arrays may be calculated (sensu Yapp, 1993, 2000). To define
surface domains, the global meteoric water line is assumed to represent a constant relationship
between δ18O and δ2H values throughout geologic time, such that a global database of modern
meteoric water δ18O and δ2H values with corresponding surface air temperatures (Rozanski et al.,
1993) and the calculated 18αphyllosilicate mixture-water and 2αphyllosilicate mixture-water herein (Table 13) can be
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used to calculate an array of hypothetical δ18O and δ2H isotopic compositions of a particular
phyllosilicate, or mixture of phyllosilicates (Yapp, 1993, 2000; Savin and Hsieh, 1998; Tabor
and Montañez, 2005; Rosenau and Tabor, 2013; Andrzejewski and Tabor, 2020). The modern
surface domain (MSD) model assumes that mean annual surface temperatures are between 0 – 30
°C, while the warm earth surface domain (WESD) model assumes that mean annual surface
temperatures are between 0 – 35 °C and that the average δ18O value of the ocean may have been
1‰ more negative than modern oceans due to release of 16O during deglaciation (Yapp, 2000).
MSD and WESD were calculated for each of the phyllosilicate samples, resulting in 20 out of 27
phyllosilicate δ18O and δ2H values plotting are outside both their respective MSDs and WESDs,
while 2 plot within their MSD, and 5 plot within their WESD (Figure 25, Appendices AV-AIII).
Phyllosilicate samples plotting outside their respective MSD and WESDs mostly likely suggests
that the δ18O and δ2H values of the phyllosilicate minerals measured herein are not reflective of
formation in equilibrium with meteoric water during Pennsylvanian pedogenesis, or not at
hypothesized mean annual surface temperatures. More importantly, since the two element (δ18O
and δ2H), one-mineral geothermometer employed herein requires that the mineral system of
interest is forming in equilibrium with meteoric water at a given temperature (Savin, 1967), we
cannot accurately estimate Pennsylvanian paleo-surface temperatures using this method for
samples outside their respective surface domains.
For the phyllosilicate mineral samples that plot in their MSD or WESDs (Figure 25,
Appendices AV-AVIII), there is a chance that these preserve a pedogenic geochemical signature.
Samples residing in their MSD and WESD have average temperatures of 30 and 33 ± 3°C,
respectively, which are near the upper limit of what we would expect during the Pennsylvanian
in the IB, which is around 26 to 32 ± 2 °C. This will be discussed further in section 4.6.5.
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Figure 25 The hypothetical δ18Ophyllosilicate and δ2Hphyllosilicate values of samples with the chemical
composition of (a) HAM-18 and (b) CHA-7 that were calculated using their respective
1000ln18αphyllosilicate mixture-H2O and 1000ln2αphyllosilicate mixture-H2O (Table 13) combined with modern
mean annual δ18Ometeoric water, δ2Hmeteoric water, and temperature information from the IAEA
database (Rozanski et al., 1993). The limits of the Modern Surface Domain (MSD) and Warm
Earth Surface Domain (WESD) arrays for each sample are outlined by the solid lined polygons
and dash lined polygons, respectively. The solid black squares in each plot represent the
measured δ18Ophyllosilicate mix and δ2Hphyllosilicate mix values reported herein (Table 13). (a) Plot of the
HAM-18 MSD and WESD along with the measured δ18Ophyllosilicate mix and δ2Hphyllosilicate mix values
showing that the measured isotopic composition is located outside both its MSD and WESD. (b)
Plot of the CHA-7 MSD and WESD along with the measured δ18Ophyllosilicate mix and δ2Hphyllosilicate
mix values showing that the measured isotopic compositions are located on the margin of its
WESD. See Appendices AV-AVIII for MSD and WSD of remaining samples.

141

Clumping of heavy isotopes into bonds with each other increases as temperature
decreases (Ghosh et al., 2006), such that relatively higher Δ47 values should reflect calcite
formation at lower temperatures. It should be noted that paleosol calcite Δ47 temperatures tend to
yield estimates that are biased toward warm, dry seasons when paleosol calcite is most likely to
form, causing overestimations of ancient mean air temperatures by 3–5°C (Hough et al., 2014).
From the literature, Δ47 values from paleosol calcites in modern soils are 0.61–0.74 ‰, with an
average of 0.69 ‰ (Absolute reference frame, ARF; Dennis et al., 2011; Quade et al., 2013),
while paleosol calcites from paleosols can have values of 0.56–0.71 ‰, with an average of 0.65
‰ (ARF; Quade et al., 2013). Though low Δ47 values around 0.56–0.63‰ may represent altered
calcites, albeit with incomplete resetting, as they are the most deeply buried, and thus experience
burial temperatures around 80–125°C (Quade et al., 2013b). While Δ47 values from
carbonatites/diagenetic calcite can have values from 0.275–0.545 ‰ (Caltech reference frame;
Ghosh et al., 2006; Dennis and Schrag, 2010).
Since this work contains paleosol calcites with Δ47 values of 0.460–0.591 ‰ (I-CDES;
Table 14; Figure 23), the values herein may signify clumped isotope reordering during
diagenesis. Similarly, the precipitation temperature of calcites from IB paleosols is 26.2 to 84.3
°C, with 95% of samples having a temperature above 35°C (Table 14, Figure 23). Moreover, the
δ18Owater values calculated herein from paleosol calcites are enriched in 18O relative to 16O, where
all but two samples are ≥0‰ (Figure 24).
In sum, isotopic analyses from paleosol phyllosilicates and calcites of the same paleosols
reveal different results, though results from both offer doubt for the preservation of
Pennsylvanian-age pedogenic geochemical signatures in either paleosol mineral system. These
results may indicate paleosol minerals (1) formed at different temperatures, (2) have differing
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mineralogical and element compositions and thus temperature dependent fractionation factors,
(3) formed under isotopic disequilibrium conditions, (4) precipitated from soil water that is not
pure meteoric water, (5) formed with water that is not soil water nor meteoric water, and/or (6)
paleosol minerals have not remained in a closed system since their original formation in the
Pennsylvanian.
4.6.2 Assessing evidence for mineral alteration in IB paleosols
The <0.2 µm fraction of IB paleosols matrices contains kaolinite, I-S, and illite, and illite
and I-S grouped together as 2:1 phyllosilicates, are the most abundant group over 1:1 kaolinite
(Table 10). These phyllosilicate abundance results are comparable to the suite of phyllosilicates
found in the IB previously (Grim et al., 1935, 1937; Schultz, 1958; Parham, 1963; Rimmer and
Eberl, 1982; Rosenau and Tabor, 2013; Rosenau et al., 2013a; Chapter 2 herein). Presence of
kaolinite in paleosols is thought to represent formation in acidic, warm, humid conditions in
well-drained and highly weathered soils characterized by long periods of leaching (Wilson,
1999). Alternatively it may form during telogenesis, or basin inversion, when minerals formed at
depth are subject to surface temperatures and meteoric fluids (Morad et al., 1999; Lanson et al.,
2002). While illite and I-S are thought to represent illitization, which may be promoted in lowtemperature weathering/pedogenic environments and high temperature burial diagenetic
environments (Hower et al., 1976; Eberl et al., 1986).
Evidence for illitization in IB paleosols has been detected by way of XRD analyses,
where % intergrown illite layers in I-S should be lesser in low-temperature pedogenic formation
environments and relatively greater in higher-temperature diagenetic formation environments.
Analysis of XRD patterns of clay fractions from IB paleosols in the LSC indicates 3 to 68 %
illite in I-S with an average of 27%, and the MAC indicates 4 to 89 % illite in I-S with an
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average of 30% (Rosenau et al., 2013a). In contrast, the ADM, CHA, VERM, and HAM cores
contain relatively more homogenous results, with dominantly R1 ordering and 42 to 82% illite in
I-S with an average of 69% (Chapter 2 herein). These comprehensive results suggest that, except
for some samples from the LSC and MAC cores, most samples herein contain % illite in I-S that
>60%, which is not likely to occur during pedogenesis (Chapter 2 herein).
The results herein are further complicated by previously reported precipitation
temperatures of phyllosilicates from <0.2 μm fraction of paleosols from the LSC, MAC, and
ELY cores where calculated temperatures in the LSC core are 22 to 39 ± 3 °C, with an average
of 30°C and temperatures in the MAC and ELY are 44 to 55 ± 3 °C, with an average of 50°C
(Figure 24; Rosenau and Tabor, 2013). Also, δ18Owater values of -4.1 to 0.9‰ with an average of 2.7‰ (V-SMOW; Figure 24; Rosenau and Tabor, 2013). From XRD and stable isotope data, it is
possible that phyllosilicates in the LSC core on the northern edge of the basin experienced
different burial or temperature histories than the MAC, ELY or cores analyzed in this work,
including the ADM, CHA, VERM, and HAM cores. K-Ar age values and illite polytype analyses
from the LSC, CHA, and HAM cores may provide insights on illitization in paleosols of
Pennsylvanian strata of the IB.
Caution is advised when interpreting K-Ar age values, as they do not indicate a precise
formation age. Instead, K-Ar age values indicate a combination of multiple generations of
detrital and authigenic illitic mineral ages. The average K-Ar age values from <2.0, <0.2, and
<0.1μm clay sized fractions of the same illitic minerals analyzed herein from IB paleosols are
270 Ma in the central CHA core and 290 Ma in the southern HAM core (Chapter 3 herein). The
LSC core with comparable stable isotope data (Rosenau and Tabor, 2013) has an average K-Ar
age value of 260 Ma (Chapter 3 herein). K-Ar age values were collected for three size fractions
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of each sample, resulting in a younger age value in smaller size fractions. Moreover, from illite
polytype analyses of these clay sized fractions, 1M and 1Md polytypes exceed 2M1 polytypes of
illite in smaller clay size fractions. Since K-Ar age values decrease and the abundance of 1M and
1Md illite polytypes increases with decreasing size fraction, this trend may indicate increasing
authigenic relative to detrital illitic minerals (Chapter 3 herein). Since it is unlikely that Ar will
be lost from illitic minerals at sub-metamorphic temperatures (e.g., Elliott et al., 1991),
continued K exchange within the burial environment may disrupt primary pedogenic K-Ar age
values in IB paleosols. Such that the K-Ar age values and illite polytype data, may suggest K
exchange after pedogenesis in the Pennsylvanian (Chapter 3 herein).
Despite screening for diagenesis by way of petrography and cathodoluminescence,
paleosol calcites analyzed herein yield average precipitation Δ47 temperatures >35°C, and 18Oenriched δ18Owater values that exceed hypothesized conditions for the IB during the
Pennsylvanian (Figure 24). This may indicate that mimetic alteration has occurred, rather than
complete dissolution and recrystallization of the calcites (e.g., Frisia, 2015).
This interpretation of mimetic replacement of paleosol calcite minerals is akin to a study
of an Inflatia brachiopod recovered from the Grove Church shale, or the uppermost unit in the
Mississippian strata, of the southern IB (Henkes et al., 2014). Following initial screening using
petrographic and cathodoluminescence inspection, it was deemed well preserved. Results of
clumped isotope analysis for this Inflatia are a Δ47 value of 0.621 ± 0.004‰ (CDES), which
corresponds to a precipitation temperature of 48 ± 2 °C, and δ18Owater of +2.4‰ (V-SMOW;
Figure 24), which are comparable to carbonate clumped isotope thermometry results from
paleosol calcite reported herein (Figure 24, Table 14). Henkes et al. (2014) concludes that the
clumped isotopic composition of brachiopods can be altered during burial diagenesis and textural
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and bulk geochemistry techniques may not always sufficiently identify altered calcites. Henkes
et al. (2014) and other studies have found that some degree of alteration of calcites to Δ47
temperatures in the 35–70 °C range is possible under shallow burial conditions, concluding that
high Δ47 temperatures may be due to C-O bond reordering (Quade et al., 2013b; VanDeVelde et
al., 2013; Winkelstern and Lohmann, 2016).
Solid-state bond reordering in carbonates requires existing C–O bonds to break, C and/or
O migration, and then reforming of new C-O bonds (Dennis and Schrag, 2010; Passey and
Henkes, 2012; Henkes et al., 2014). Evidence for solid-state reordering is observed through
heavy isotope clumping in C-O bonds moving towards equilibrium conditions as temperatures
increase during diagenesis. Such that pedogenic carbonates formed at surface temperatures that
are subsequently subject to higher temperatures during burial, may change their apparent
equilibrium temperature between 10‒25°C from the initial pedogenically obtained Δ47
temperature (Stolper and Eiler, 2015). Since there was no noticeable textural or elemental
evidence during initial calcite screening, combined with evidence for bond reordering in an
Inflatia brachiopod shell of the IB, it is likely that paleosol calcites Δ47 data presented herein
were subject to solid-state bond reordering during burial diagenesis.
4.6.3 Fluids and mechanisms for diagenetic alteration of paleosol minerals
It is possible that positive δ18Owater values calculated from the Δ47 paleosol calcites herein
(Figure 24) indicate the waters experienced evaporation in an arid environment of a closed basin
prior to paleosol calcite precipitation (Craig, 1961; Gat, 1996). Though previous research
indicates that a positive oxygen isotopic shift typically occurs with already more positive
seawater and not meteoric water (Lloyd, 1966; Gat, 1996). Moreover, since aridity was likely
increasing in the IB from the middle to late Pennsylvanian, we would expect δ18Owater to become
146

more positive. The trend of increasing δ18Owater with time is observed in phyllosilicate data herein
and in Rosenau and Tabor (2013) (Figure 24). Since the positive δ18Owater values from paleosol
calcites do not follow the expected trend from regional paleofloral, paleosol morphology, or
global paleoclimate aridification evidence, it is unlikely that intense evaporation caused these
positive δ18Owater values.
It is also possible that the >0‰ δ18Owater values calculated from the Δ47 value of paleosol
calcite, and the more positive than expected δ18Owater values from phyllosilicates are from
meteoric water that has exchanged with crustal rocks that have more 18O relative to 16O than
meteoric water (Craig, 1963; Gat, 1996). This type of water is called connate or formation water
and tends to be briney (Clayton et al., 1966; Sheppard et al., 1969). Since fluid inclusions are
fluids that have been trapped within crystals during primary mineral precipitation or at some later
stage, their geochemical composition may provide the most evidence for hydrothermal fluids that
may have been responsible for formation and/or alteration of IB paleosol minerals in the
geologic past.
Fluid inclusions have been studied in hydrothermal or secondary minerals of limestones
and coals in or near the Upper Mississippi Valley (UMV) and Illinois-Kentucky Fluorspar
Districts (IKFD; Figure 1), both of which are associated with burial and diagenesis of the IB.
Studies find that δ2HH2O and δ18OH2O values of fluid inclusions are between -128 to -3‰, with an
average of -50‰, and -12.3 to 8.2‰ with an average of -1.6‰, respectively (Richardson et al.,
1988; Whelan et al., 1988; Kutz and Spry, 1989). Homogenization temperatures of these fluid
inclusions are generally between 110 – 150 °C and tend to have salinities between 17 – 24 wt %
NaCl (McLimans, 1977; Cunningham and Heyl, 1980; Richardson and Pinckney, 1984; Spry and
Fuhrmann, 1994; Fishman, 1997; Pelch et al., 2015). The consensus of these studies is that these
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salty fluid inclusions represent multiple hydrothermal fluids responsible for forming the regional
mineral districts and ore deposits. These hydrothermal fluids may be of multiple magmatic
origins, meaning varying metal and sulfide content in different fluids, meteoric, and/or mixed
sources. Resulting hydrothermal fluids may have emerged during extension of the Reelfoot Rift
and emplacement of igneous bodies in the Permian (Zartman et al., 1967; Reynolds et al., 1997;
Fifarek et al., 2001).
There is a hypothesis for long-range brine migration motivated by topographic relief in
the Ouachita Mountains, which flowed south to north across the IB (Bethke, 1986; Bethke and
Marshak, 1990; Garven et al., 1993; Plumlee et al., 1995). Although the feasibility of basin-wide
fluid migration event(s) has been disputed (Spirakis, 1995), there is evidence for diagenesis in
clastic reservoirs of the IB, including the Cambrian-aged Mount Simon and Eau Claire and the
Ordovician-aged St. Peter sandstones (Appendix AI) which suggests extensive and expansive
fluid mobility in the basin (Odom et al., 1979; Pitman and Spötl, 1996; Fishman, 1997; Pitman et
al., 1997; Chen, 2001; Grathoff et al., 2001; Pollington et al., 2011; Hyodo et al., 2014; Denny et
al., 2017). Several thermal models have been developed to explain patterns of high thermal
maturity derived from vitrinite reflectance and coal rank in Pennsylvanian coals (Damberger,
1971; Cobb, 1981; Cluff and Byrnes, 1990). Rowan et al., (2002) and Hower and Gayer (2002)
suggested that a pulse of heat during Permian igneous activity near the IKFD, resulting in
hydrothermal fluids in the Mount Simon, plus regional burial depths, may sufficiently explain
these vitrinite reflectance results. Alternatively, Mariño et al. (2015) suggests that faults in
southern regions of the IB that extend downward into the Precambrian basement (Goldhaber et
al., 1992) may provide vertical conduits for fluid flow to the sub-Absaroka unconformity, or the
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contact between the Mississippian and Pennsylvanian strata, may have been sufficiently
permeable to allow for horizontal hydrothermal fluid migration.
The resulting paleogeotherms from the basin thermal models in the Permian are 75°C/km
in the north and 100°C/km in the south during maximum burial (Rowan et al., 2002) or
298°C/km in the north and 120°C/km in the south with no burial (Mariño et al., 2015; Figure 26).
The paleosol calcite Δ47 crystallization temperature estimates do not lie along either set of
paleogeotherms (Figure 26). The Mariño et al. (2015) model indicates that diagenetic
temperatures would not have been sustained at shallow depths of LSC paleosols (Figure 26a,
Table 9). Whereas in the Rowan et al. (2002) model, elevated temperatures were possible across
the basin and the paleosol calcite Δ47 temperatures reflect partial rather than complete resetting
(Figure 26b; Quade et al., 2013).
It is also possible that isotope exchange between paleosol minerals and fluids occurred
much later than the Permian. Formation waters or brines from multiple Paleozoic stratigraphic
horizons in the IB were sampled and measured for their stable and oxygen isotope compositions
(Clayton et al., 1966). This study finds that IB formation waters are meteoric in origin, the
deuterium content is maintained, and the oxygen isotopes have exchanged with host rocks
(Clayton et al., 1966). This is important because minerals in Pennsylvanian-paleosols may have
been part of this isotope exchange with these fluids any time after the Pennsylvanian. High
water/rock ratios for hydrogen may explain the low δ2H values of phyllosilicates measured
herein (Table 12). Moreover, low water/rock ratios for oxygen may explain δ18O values of
phyllosilicates measured herein (Table 12) could be attributed to pedogenic or diagenetic
processes. This is because water/rock ratios for hydrogen alteration are relatively high because
there is more hydrogen in water than in rocks, whereas water/rock ratios for oxygen tend to be
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relatively smaller because there is abundant oxygen in rocks (Taylor, 1977; Criss and Taylor,
1986). At low T (<100°C), it is also possible that increases in δ18O values of phyllosilicates due
to greater fractionation between formation water and phyllosilicates at low T (Criss, 1999).

Figure 26 Δ47 temperatures from paleosol calcites relative to (a) sampling depth and (b)
estimated maximum burial depth, with possible paleogeotherms determined for the Permian
following a pulse of advective heat from the Reelfoot Rift-Rough Creek Graben. (a) Sampling
depth of paleosol calcites Δ47 temperatures relative to paleogeotherms determined by Mariño et
al. (2015) from vitrinite reflectance data. The Mariño et al. (2015) model considers hydrothermal
fluid flow migrating though units near the sub-Absaroka unconformity, or the contact between
the Mississippian and Pennsylvanian strata, to yield high thermal maturity observed in
Pennsylvanian coals. (b) Maximum burial depth of paleosol calcites were determined relative
maximum burial depth of the Herrin coal (Carbondale Fm.; Figure 19) which was estimated by
Rowan et al. (2002) in the “hybrid case”. The Rowan et al. (2002) model considers hydrothermal
fluid flow in Cambrian and Ordovician aquifers plus burial to yield vitrinite reflectance values
observed in the Herrin coal. The resulting data is color coded based on the core from which that
sample was collected, i.e., LSC (blue), VERM (green), CHA (orange), MAC (dark grey), ELY
(light grey).
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4.6.4 Modeling phyllosilicate isotopic exchange with hydrothermal fluids
To test whether isotopic exchange may have occurred between pedogenic phyllosilicates
from paleosols and hydrothermal water after pedogenesis, a closed system partial isotopic
exchange model was developed (sensu Criss et al., 1987). For this model, the ratio of water to
rock is assumed to be much greater, such that the bulk δ18Ohydrothermal water and δ2Hhydrothermal water
isotopic compositions of the water is unchanged before and after isotopic exchange with the
phyllosilicate. The isotopic composition of formation water used in this calculation is 0.6 and 21‰ for δ18Ohydrothermal water and δ2Hhydrothermal water, respectively, which is a result from a fluid
inclusion of a sphalerite collected from the Deardorff Mine in the IKFD (Sample no. 62P178;
Richardson et al., 1988). Two hypothetical initial isotopic compositions of a pedogenic
phyllosilicates (δ18Ophyllosilicate initial and δ2Hphyllosilicate initial) with the chemical composition of
HAM-36 (Table 10) is derived from that sample’s equilibrium fractionation factors 18α2:1-water and
2

α2:1-water (Table 13), using two arbitrary meteoric water compositions (δ18Ometeoric water 1, 2 = 0, -10

‰ and δ2Hmeteoric water 1, 2 = -10, -70 ‰) at 25°C (Figure 27). Isotopic exchange between these two
hypothetical CHA-83 pedogenic phyllosilicates and formation water is considered for two
scenarios: (1) all oxygen, using the Bond Model (Savin and Lee, 1988), and hydrogen in the
phyllosilicate (Figure 27a) and (2) only oxygens in the hydroxyls of the octahedral sheet, using
the Bond Model, and all hydrogens in the phyllosilicate (Figure 27b), resulting in two new 18α2:1hydrothermal water

and two new 2α2:1-hydrothermal water (Figure 27) for each initial δ18Ophyllosilicate initial and

δ2Hphyllosilicate initial composition. δ18Oclay final and δ2Hclay final were calculated at 50, 100, 150, and
200°C and 10, 30, 60, and 100% isotopic exchange with the formation water (Figure 27).
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Figure 27 Model of post-pedogenesis partial isotope exchange between a pedogenic
phyllosilicate and hydrothermal water. Hypothetical pedogenic phyllosilicates (HAM-36MW1 and
HAM-36MW2, white boxes) originally forming at equilibrium with meteoric water (MW1 and
MW2, back boxes) at 25°C, are subject to partial isotopic exchange (grey lines) with
hydrothermal water (blue plus sign; Richardson et al., 1988) at temperatures 50 (green), 100
(teal), 150 (light blue), and 200°C (dark blue), under closed system conditions where the volume
of water is much greater than the rock. The global meteoric water line (Craig, 1961; thick, solid
black line), standard mean ocean water (SMOW; grey X), and isotherms for HAM-36 at 25°C
(thin, solid black line) and 35°C (dashed line) and kaolinite at 35°C (dash dot line) are noted.
Orange circles represent measured δ18Ophyllosilicate mix and δ2Hphyllosilicate mix values reported herein
(Table 12). Pink triangles represent measured δ18Ophyllosilicate mix and δ2Hphyllosilicate mix values
reported in Rosenau and Tabor (2013). (a) Post-pedogenesis partial isotope exchange for all
oxygens and hydrogens in a 2:1 phyllosilicate. (b) post-pedogenesis partial isotope exchange for
only oxygens in the hydroxyls of the octahedral sheet and all hydrogens in a 2:1 phyllosilicate.
See text for discussion.
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This model results in isotherms for each of the specified temperatures, which extend
further from the starting 25°C isotherm as the temperature during partial isotopic exchange
increases. From δ18Oclay initial =25.8‰ and δ2Hclay initial =-27.9‰ (HAM-36MW1), both the δ18Oclay
final

and δ2Hclay final values become more negative as isotopic exchange progresses (Figure 27). For

δ18Oclay initial =15.6‰ and δ2Hclay initial =-104.9‰ (HAM-36MW2), the δ18Oclay final value becomes
more negative while the δ2Hclay final value become more positive as isotopic exchange progresses
(Figure 27). The orange circles and pink triangles represent the data collected herein (Table 12)
and from Rosenau and Tabor (2013), respectively, which for the purposes of this model are
δ18Oclay final and δ2Hclay final values. These phyllosilicate mineral values all plot to the left of the
25°C isotherm, with many also plotting to the left of the 35°C isotherm (Figure 27). This trend of
phyllosilicate isotope data indicates that phyllosilicates formed at temperatures exceeding 35°C,
which exceeds hypothesized maximum soil temperature for this locality. Scenarios 1 (Figure
27a) and 2 (Figure 27b) suggests that partial isotopic exchange occurred between some
pedogenic phyllosilicates and hydrothermal water at temperatures between 50 to 200°C. Though
many other samples plot between the 25°C 2:1 phyllosilicate and 35°C isotherms such that some
may still preserve geochemical signatures acquired during soil formation in the Pennsylvanian.
Since this is a closed system model of partial isotopic exchange and phyllosilicate
mixtures possess specific 18, 2α2:1-water values depending on the relative abundances of kaolinite
and 2:1 phyllosilicates in that sample, there are limitations to this calculation. Still this model
demonstrates that the present isotopic composition of some phyllosilicate mineral samples from
IB paleosols do not reflect formation with meteoric water at hypothesized soil temperatures
<35°C. Since there was an available source of hydrothermal water in the IB, this model suggests
a plausible mechanism in which to explain post-pedogenic alteration in the IB.
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4.6.5 Paleoclimate interpretation
Since there are hypothetical phyllosilicate isotope values that reside within their respective
MSD or WESD (Figure 25; Appendices AIV-AVII.) and have reasonable precipitation
temperature using the two-element, single-mineral geothermometer and calcite samples that have
reasonable Δ47 temperatures (Figure 24), the possible indication of paleoclimate may be
supposed here. Caution is advised towards this interpretation considering the demonstrated
probability of diagenetic alteration of both phyllosilicates and calcites in Pennsylvanian
paleosols of the IB.
Recall that the hypothesized temperature range expected for the low-latitude low-altitude
IB during the Pennsylvanian is 26 to 32 ± 2 °C. Results from phyllosilicate samples that reside
within their MSD and WESD have average temperatures of 30 and 33 ± 3°C, respectively. Since
Δ47 values may be biased towards warm temperatures by 3 to 5°C (Hough et al., 2014), the
uppermost temperature limit acceptable for pedogenic preservation should be 39°C. There are 9
out of 41 total samples with Δ47 temperatures below this threshold (Table 14), with an average of
35.3°C. Therefore, temperature results from phyllosilicates and calcites herein are near the upper
limit of what we would expect during the Pennsylvanian in the IB. Moreover, these data do not
show any apparent stratigraphic trend (Figure 19, Table 9).
There are two samples that yielded low precipitation temperatures, around 21 and 26.2°C
from the phyllosilicate temperature in CHA-93 and the Δ47 temperature of LSC-21, respectively.
This is much lower than expected from the modern tropics, but near the phyllosilicate-based
temperature estimates from kaolinites in penecontemporaneous paleosols from the Eastern
Midland basin (Tabor et al., 2013).
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4.7 Conclusions
The aim of this work has been to assess whether phyllosilicate minerals and calcites in
paleosols of Pennsylvanian strata in the Illinois Basin maintain geochemical signatures acquired
during episodes of soil formation, during the Pennsylvanian. From XRD and chemical data of the
<0.2μm fractions of paleosol matrices, the clay mineralogy is dominantly illitic minerals and
kaolinite. δ18O and δ2H values of phyllosilicate mixtures indicate limited spatial or lateral trends,
but calculated paleotemperatures under the assumption that phyllosilicates formed with meteoric
water, indicate high (>35°C) mean annual soil temperatures. This result is supported by most
phyllosilicates δ18O and δ2H values plotting outside their respective MSD and WESDs. Paleosol
calcites screened for petrographic and chemical signatures of diagenesis also report Δ47
precipitation temperatures exceeding >35°C. Such that δ18Owater values derived from the Δ47
values are mostly >0‰.
The results from most stable isotope analyses of phyllosilicates and calcites sampled from
paleosols in the IB indicate higher precipitation temperatures than what is anticipated in the lowlatitude, low-altitude paleogeographic location of the IB during the Pennsylvanian. Geochemical
alteration of phyllosilicates in paleosols is modeled using a partial-isotopic-exchange, closedsystem exchange model between a hypothetical pedogenic 2:1 phyllosilicate with paleohydrothermal water derived from the geochemistry of fluid inclusions. The results from this
model support that the δ18O and δ2H values of some phyllosilicates reported herein may reflect
partial post-pedogenic isotopic exchange with a non-meteoric water source at temperature(s)
higher than what is expected at the surface. Δ47 values from calcites sampled from IB paleosols
were likely subject to mimetic alteration by way of solid-state reordering as there is no textural
or chemical evidence for alteration. Δ47 temperatures are considered relative to numerical thermal
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models of the IB, such that scenarios where burial combined with an advective hydrothermal
source may have provided conditions for mineral alteration in IB paleosols of Pennsylvanian
strata. Though it is also possible that paleosol minerals isotopically exchanged with formation
water any time after the Pennsylvanian.
Although these data provide extensive evidence for diagenesis at so following the
Pennsylvanian, several phyllosilicates and calcites from IB paleosols have calculated
precipitation temperatures that are potentially reflective of formation in the Pennsylvanian. These
possible soil temperature values average around 35°C, with two outliers possessing temperatures
at 21 and 26.2°C.
This work demonstrates that the geochemical composition of minerals from deep-time
paleosols along with the evolution of the sedimentary basin must be well understood before
using these geochemical data for paleoclimate reconstructions. It is also likely that a given
paleosol may contain phyllosilicates that formed during multiple phases of pedogenesis and
diagenesis, being temporally, and therefore geochemically, heterogenous. Nevertheless, since
minerals in paleosols are susceptible to alteration during burial, they should be considered as
useful proxies for reconstructing the history of a basin.
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CHAPTER 5
CONCLUSIONS
The intention of this work is to distinguish between detrital, pedogenic, and diagenetic
phyllosilicates and pedogenic and diagenetic calcites within paleosol profiles of the Illinois
Basin. X-ray diffraction analyses of clay sized fractions of paleosol matrices show evidence for
mixed-layered illite-smectite. % illite exceeds % smectite in and R1 ordering is more common
over R0 ordering in illite-smectite of clay-sized fractions, suggesting that illitization has
occurred. Illitization may have been induced due to acid leaching from overlying coal seams and
later burial diagenesis. While I-S produced during ancient soil formation may be present, it is
less abundant. X-ray patterns also indicate that I-S possess 1M, 1Md, and 2M1 illite polytypes.
The detrital 2M1 illite polytype is more abundant in a Protosol of the southern core whereas more
morphologically mature paleosol Vertisols possess relatively more authigenic 1M and 1Md illite
polytypes.
Coarser clay-sized fractions exhibit K-Ar age values that are relatively greater, while
finer size fractions exhibit K-Ar age values that are relatively smaller. Additionally, K-Ar age
values are relatively greater in the south and decrease in more northern cores. Since K-Ar age
values of a phyllosilicate assemblages act as weighted averages, detrital and diagenetic ages may
subdue any pedogenic age attained in the Pennsylvanian. Nevertheless, K-Ar age values of some
coarser size fractions extend the Middle Pennsylvanian, and 2M1 illite polytypes are common in
that sample, it is possible that the southern Shelburn Fm. sample has a stronger influence from
detrital illite. More importantly, K-Ar age values of finer size fractions extend into the Triassic,
157

suggesting that Pennsylvanian-paleosols contain some illite and I-S that was formed after the
Pennsylvanian.
In addition to I-S, X-ray patterns show evidence for kaolinite in clay-sized fractions.
Calculated paleotemperatures, under the assumption that phyllosilicates formed with meteoric
water, derived from δ18O and δ2H values of clay-sized fractions of phyllosilicate mixtures
indicate high (>35°C) mean annual soil temperatures. This result is supported by most
phyllosilicate δ18O and δ2H values plotting outside their respective MSD and WESDs. Paleosol
calcites screened for petrographic and chemical signatures of diagenesis report Δ47 precipitation
temperatures exceeding >35°C. Such that δ18Owater values derived from the Δ47 values are mostly
>0‰.
Geochemical alteration of phyllosilicates in paleosols is modeled using a partial-isotopicexchange, closed-system exchange model between a hypothetical pedogenic 2:1 phyllosilicate
with paleo-hydrothermal water derived from the geochemistry of fluid inclusions. The results
from this model support that the δ18O and δ2H values of some phyllosilicates reported herein
reflect partial post-pedogenic isotopic exchange with a non-meteoric water source at
temperature(s) higher than what is expected at the surface. This interpretation is further
supported by Δ47 temperatures relative to Permian paleogeotherms from numerical thermal
models of the IB, such that scenarios where burial combined with an advective hydrothermal
source may have provided conditions for calcite alteration in IB paleosols of Pennsylvanian
strata. Δ47 values from calcites sampled from IB paleosols were likely subject to mimetic
alteration by way of solid-state reordering as there is no textural or chemical evidence for
alteration.
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Considering the IB thermal history, it is possible that the appropriate temperatures and
fluids needed to sustain some amount of diagenetic alteration in minerals of Pennsylvanianpaleosols was available during the Permian. At this time, Pangea began to form, spurring
Alleghenian-Ouachita orogenesis and rifting and igneous activity in the Reelfoot Rift region.
Magmatic fluids expelled from these igneous bodies may have mixed with groundwater, which
has already isotopically exchanged with host rock. Diagenetic alteration observed in clastic
reservoirs throughout the Paleozoic strata, fluid inclusions in coals, and thermal maturity of
coals, provide evidence for migration of hydrothermal fluids in the IB. However, there is a lack
of physical mechanism to sufficiently explain how hydrothermal fluids may have moved
throughout the entirety of the basin. It is also possible that sustained burial from the Mesozoic
into the Tertiary led to time dependent, protracted diagenesis even at low temperatures.
Alternatively, at low temperatures, formation water may have exchanged with paleosol minerals
any time after the Pennsylvanian. Although all these interpretations are considered, this work
cannot confidently determine the mechanism that spurred diagenesis in Pennsylvanian paleosols.
In sum, this dissertation finds evidence for detrital, pedogenic, and diagenetic
phyllosilicates and pedogenic and diagenetic calcite in IB Pennsylvanian-paleosols. Even though
the Pennsylvanian strata of the IB is relatively shallow, reflecting little burial since the
Pennsylvanian, this work demonstrates that understanding the nuances of mineral origins in
paleosols is best determined using geochemical techniques, including stable and radio isotope
geochemistry combined with a thorough understanding of a basin’s history. If diagenetic
temperatures remain relatively low, these geochemical techniques can be coordinated to
reconstruct the entire history of a given paleosol, from clastic inheritance through pedogenesis to
diagenesis.
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APPENDICES

A. Illinois Basin Appendices
AI. Simple cross sections of Illinois Basin
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AII. Fence diagrams for all cores
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AIII. Standards for electron microprobe

Element Abundance (weight %)
Mineral
Standard

O

Si

Al

Albite

48.70

31.85

10.46

Diopside

44.12

25.80

0.23

Orthoclase

45.86

30.29

8.86

Ilmenite

31.92

Chromite

33.96

Spessartine

38.66

16.85

10.92

Hypersthene

43.99

25.29

0.65

Ti

Fe

Mn

Mg

0.01
0.02

0.69

0.04

10.82

Ca

Na

K

0.27

8.50

0.19

18.00

0.28

1.40
27.39

0.68

36.17

3.69

0.19

10.14

0.09

9.17

0.02

1.29

31.65

0.10

11.83

0.38

5.25

12.86

Ba

Nb

Cr

0.04
0.64

0.09

41.39

0.33
16.16
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Sn

1.09

0.08
0.51

AIV. δ18O and δ13C of calcite measured during clumped isotope analyses (Δ47)

Sample

LSC 11
LSC 13.9
LSC-18.9
LSC-21
LSC 38
LSC 40.4
LSC 44
LSC 45.8
LSC 49.9
LSC 53.2
LSC 56.7
LSC 57.5
LSC 24
LSC 63.2
LSC 68.8
LSC 71.8
LSC 73.9
LSC 74.4
LSC 75.9
LSC 5
LSC 91.6
LSC 107A
LSC 107B
LSC 107C
LSC 98.5
LSC 4
LSC 114-4
LSC 119
LSC 144-4
LSC 189
LSC 195
LSC 240
LSC 451

δ18O ‰
V-PDB
(final)

δ18O
δ13C ‰
standard V-PDB
deviation (final)

-4.08
-3.27
-3.20
-4.05
-3.21
-7.32
-3.32
-3.75
-3.31
-4.02
-4.01
-2.96
-3.81
-3.98
-3.76
-3.26
-3.53
-3.56
-3.55
-2.72
-2.70
-3.35
-4.24
-3.75
-4.20
-4.32
-2.34
-2.75
-2.28
-2.47
-2.86
-4.36
-1.91

0.41
0.10
0.38
0.00
0.00
0.17
0.04
0.20
0.26
0.14
0.19
0.02
0.01
0.08
0.62
0.14
0.15
0.18
0.08
0.37
0.23
0.15
0.14
0.13
0.16
0.11
0.09
0.16
0.03
0.15
0.11
0.03
0.00
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-7.53
-8.75
-8.65
-7.28
-11.25
-12.41
-8.26
-9.33
-8.28
-7.74
-7.17
-7.67
-7.68
-7.52
-9.09
-9.26
-7.72
-7.21
-7.73
-8.20
-9.83
-1.62
-2.69
-8.10
-8.33
-8.65
-8.00
-8.90
-8.10
-8.75
-9.71
-8.42
-7.84

δ13C
standard
deviation

0.42
0.64
0.81
0.01
0.00
0.18
0.34
0.14
0.34
0.04
0.03
0.02
0.03
0.06
0.17
0.03
0.10
0.04
0.02
1.10
0.10
0.02
0.25
0.66
0.02
0.04
0.02
0.16
0.16
0.03
0.08
0.02
0.00

ELY 57
ELY 83

-2.73
-5.32

0.00
0.01

-9.26
-7.36

0.00
0.01

MAC 8
MAC 46

-3.44
-2.70

0.00
0.00

-7.23
-8.19

0.00
0.00

VERM 8
VERM 4

-2.12
-4.03

0.00
0.06

-8.82
-8.36

0.08
0.04

CHA 19
-2.72
0.01
CHA 20
-4.12
0.00
V-PDB = Vienna Peedee belemnite

-9.12
-8.17

0.00
0.00

AV. MSD and WESD for the ADM core
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AVI. MSD and WESD for the VERM core

AVII. MSD and WESD for the HAM core
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AVIII. MSD and WESD for the CHA core
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AIX. Silicon isotopes of phyllosilicates from Illinois Basin paleosols

Sample
ID

MAC-21
δ29Sia

LSC-62
δ30Sia

δ29Si

LSC-12
δ30Si

Run 1
-0.3927 -0.7607 -0.6715 -1.3216
Run 2
-0.3058 -0.6027 -0.6345 -1.2535
Run 3
-0.3932 -0.7611 -0.7133 -1.3851
Run 4
-0.3809 -0.7319 -0.6909 -1.3425
Run 5
-0.4337 -0.8319 -0.6854 -1.3381
Run 6
-0.3818 -0.7336 -0.7155 -1.3653
Run 7
-0.3636 -0.7116 -0.6812 -1.3506
a
delta values in ‰ relative to NBS-28 quartz standard
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ADM-25

δ29Si

δ30Si

δ29Si

δ30Si

-0.2678
-0.2177
-0.3824
-0.3164
-0.3109
-0.3467
-0.347

-0.5122
-0.4518
-0.7425
-0.6191
-0.6018
-0.6676
-0.6643

-0.4804
-0.4775
-0.4723
-0.4855
-0.4625
-0.4687

-0.9448
-0.9383
-0.9188
-0.9517
-0.9083
-0.9111

B. Antarctica Appendices
BI. Paleosols of the Fremouw Fm.
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BII. Paleosols of the Buckley Fm.
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C. Colorado Appendices
CI. Field Areas in Colorado
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CII. Lykins Formation (Front Range, Denver-Julesburg Basin)

A. Geologic Map of Horsetooth Reservoir (near Fort Collins, Colorado)
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B. Paleosols of the Lykins Formation
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C. XRD patterns of paleosol matrices from cores from Horsetooth Reservoir

HT19-11
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CIII. Chinle Formation (Eagle Basin)

A. Derby Junction Stratigraphic Column
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B. Derby Junction Paleosols
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C. South Canyon Creek Stratigraphic Column
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E. Main Elk Creek Paleosols
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D. Zambia Appendices
DI. Geologic Maps of Zambia
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DII. Paleosols of Zambia
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